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Abstract

One of the most recognised measures of climate change, global warming, is still subject

to significant uncertainty. Even with the best tools available in the form of climate

models, wide-ranging estimates are given of the increase in surface temperature for a given

emissions scenario. This thesis investigates various mechanisms by which temperature

change occurs as driven by energy imbalances introduced into the Earth system.

The focus of this work lies on atmospheric stability, a measure of vertical temperature

gradients that is well related to convection and thus in turn clouds. Greater stability

suppresses convection and encourages low cloud formation which provides a cooling effect

on the planet as these low clouds reflect incoming solar radiation. The structure of energy

imbalances induced by forcing agents is found to be significant for stability in many

ways, from the vertical structure of atmospheric heating, to the horizontal distribution

of radiative flux that affects the pattern of sea surface temperature (SST) change, to the

time-evolution of the forcing agents themselves. The result of analysing the impact of

these structures through stability is that stability is found to explain much in terms of

differences between forcing agents, as well as how temperatures evolve in the historical

period.

This thesis incorporates analysis of publicly available data from Climate Model Inter-

comparison Project 6 (CMIP6) historical experiments in order to compare and contrast

feedbacks from time-evolving aerosol, greenhouse gas (GHG), and natural forcings. Work

here shows that historical aerosols cause more amplifying feedbacks (higher effective cli-

mate sensitivity) than GHGs. Data from idealised computational experiments run for this

project demonstrate that this is due to the extra-tropical skew of aerosol forcing. Fur-

thermore, the time-evolving feedbacks of the historical period are found to be explained

by the time-evolving feedbacks for the components of historical forcing.
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Glossary

AA: Anthropogenic Aerosol
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DAMIP: Detection and Attribution Model Intercomparison Project

ECS: Equilbrium climate sensitivity

EIS: Estimated Inversion Strength

ERF: Effective Radiative Forcing

GHG: GreenHouse Gas

LW: LongWave

NH: Northern Hemisphere

RFMIP: Radiative Forcing Model Intercomparison Project

SH: Southern Hemisphere

SST: Sea Surface Temperature

SW: ShortWave

TOA: Top Of Atmosphere
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Chapter 1

INTRODUCTION

1.1 Introduction

Long-term future global warming is driven by forcing agents, primarily anthropogenic

greenhouse gases, that break the balance of incoming and outgoing radiation at the top-

of-atmosphere (TOA), causing an increase in net downwards radiative flux in the earth

system (Cook et al., 2016; Forster et al., 2021). Unfortunately, there is still signifi-

cant uncertainty in the estimates of global warming under even highly idealised scenarios

(Andrews, Gregory, Webb, & Taylor, 2012). This fact complicates climate change mitiga-

tion efforts due to the large range of potential consequences (Watkiss et al., 2018). The

uncertainty arises both from rapid radiative adjustments, which modify forcing whilst

unrelated to surface warming, as well as radiative feedbacks, which modify the earth’s

energy imbalance as driven by surface temperature change.

The radiative effects of cloud changes have been highlighted as important for understand-

ing the uncertainty in both rapid adjustments (Colman & McAvaney, 2011; Zelinka et al.,

2013; Smith et al., 2020) and radiative feedbacks (Andrews, Gregory, Webb, & Taylor,

2012; Webb et al., 2017). With uncertainties for future climate change not only in the

intermodel spread in response to CO2 forcing, but also on a forcing agent basis for both

radiative feedbacks (Marvel et al., 2016; Shindell, 2014; Smith & Forster, 2021) and radia-

tive adjustments (Smith et al., 2018), it appears therefore of interest to gain a currently

lacking general understanding of the forcing agent dependence on cloud adjustments and
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feedbacks. Recent work points to the SST pattern effect (Stevens et al., 2016) being im-

portant in determining radiative feedbacks. The effect of different warming patterns has

been described in terms of different stability changes which are then tied back to cloud

formation and thus radiative effects, particularly in feedbacks (Ceppi & Gregory, 2019;

Kamae et al., 2019; Mackie et al., 2021). A process understanding, of cloud radiative

changes as related to stability changes, would allow for better evaluation of future warm-

ing, not just by ascertaining how different forcing agents impact warming, but also by

providing a way of evaluating model inaccuracies so as to reduce the intermodel spread.

1.2 Objectives

This project aims to improve our understanding of what aspects of radiative forcing lead

to differences between forcing agents, and how this results in historical surface tempera-

ture change. From this, the main questions addressed by this PhD research are:

1. How and why do different rapid radiative adjustments occur for differ-

ent forcing agents? What mechanisms unrelated to surface warming explain

differences between forcing agents?

2. Are feedbacks different between forcing agents, and if so what forcing

features explain different feedbacks? Do long-term surface warming-driven

feedbacks differ as a result of differences in the pattern of forcing?

3. Can the evolution of historical surface temperatures be understood by

understanding the contributions of individual forcing agents? Does the

time-evolution of historical forcing agents explain the time-evolution of feedbacks

in the historical case?

We seek to answer these questions through chapters 2–5. Following this introduction,

chapter 2 serves as a literature review that details the background physical theory that

is required to understand the methods and physics used in this thesis. It then goes on to

review relevant work that has been done using established physical models, and provides
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an overview of open questions in the field. Chapters 3–5 deal directly with the main

questions presented above, in the same order. Chapter 3 assesses the impact of vertical

structure on rapid cloud-radiative adjustments using the Community Atmosphere Model

4 (CAM4). Chapter 4 makes use of historical experiments from phase 6 of the Climate

Model Intercomparison Project (CMIP6) to explain differences in radiative feedbacks as

related to stability changes for the two most prevalent historical forcing agents (aerosols

and greenhouse gases) over the full (1850-2014) historical period. Chapter 5 also uses

data from CMIP6 historical experiments, this time to explain the historical time-evolution

of radiative feedbacks using the most prevalent historical forcing agents. Two of these

chapters (3 and 4) have been adapted from published peer-reviewed journal articles (Salvi

et al., 2021, 2022).
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Chapter 2

A REVIEW OF THE

FORCING-FEEDBACKS-ADJUSTMENTS FRAMEWORK

To begin, this chapter provides an overview of key concepts that form the forcing-

feedbacks-adjustments framework for understanding future surface warming. Following

this, we review past works that reveal unresolved problems relating to different aspects

of this framework, in particular relating to adjustments and feedbacks. This serves as a

literature review, meaning that it does not contain original results. Instead, it forms a

basis for the questions answered later on in this thesis.

2.1 Introduction

Predictions of future global warming are uncertain given the large model spread. Even

when looking at basic scenarios such as a doubling of CO2, the IPCC 5th assessment

report put the likely range of equilibrium warming at 1.5–4.5 ◦C (Myhre et al., 2014). The

model spread has persisted over the years (Charney et al., 1979), despite extra computing

power and model complexity. In the recent 6th assessment report, a narrower likely

warming range of 2.5–4.0◦C was only provided by a Bayesian combination of multiple

lines of evidence, including paleo records and observations (Forster et al., 2021). The

reduced 2.5–4.0◦C range still allows for a wide range of climate impacts, e.g. high risk

of extinction for up to 18% of terrestrial animals at 2◦C warming versus up to 39% at

4◦C (Portner et al., 2022), and highlights that different factors are at play in determining
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climate outcomes even after extra-model evidence is considered and even when simple

climate forcing scenarios are considered. That additional lines of evidence are required to

reduce the large spread in model predictions, suggests that there is an important question

as to which are the key physical errors in climate models. A better understanding of

the mechanisms through which models simulate warming is thus desirable, so that the

accuracy of models can be better assessed.

For actual future climate change, predictions of global warming involve more complex

forcing scenarios of evolving mixtures of different forcing agents. As such, it is vital

to understand forcing agent dependence on the various factors that affect future global

warming. Doing so allows for both a better understanding of how given agents affect the

climate, useful for deciding on future emissions policy, whilst also informing on differences

in models by revealing differences in how they handle distinct forcing agents.

The questions we seek to answer in this chapter include:

• How do we describe future temperature change and its relationship to the global

energy budget?

• What is our current understanding of radiative adjustments and feedbacks?

• How can we explain adjustment and feedback differences among forcing agents?

Sections 2.2–2.7 of this chapter address these questions in the same order, with the final

section 2.8 discussing the open questions of work analysed in its preceding sections.

2.2 The global energy balance

In order to fully grasp global warming, the energetics of the Earth system must be

first understood. These are also necessary to understand how there can be patterns

and structure to the energetics of Earth that ultimately depend upon the balance of

energy flux of the system. From the first law of thermodynamics, the heat added to
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a closed system is equivalent to the change in internal energy of the system minus the

work done by the system (Mandl, 2013). The Earth is an approximately closed system

with negligible mass exchange (solar wind and emissions to space) but significant energy

exchange (incoming and outgoing radiation). There is also little work done by the Earth

on its surroundings. Hence, the balance of energy coming and going into the Earth should

translate principally into a change in its internal energy. This balance of energy is what

is called Earth’s “energy budget” (Hartmann, 2016).

There are various effects that impact this budget, which is shown visually in Fig. 2.1.

Different fractions of incoming solar shortwave (SW) radiation are absorbed by the at-

mosphere, reflected back into space from the atmosphere and clouds or by the surface, or

absorbed by the Earth’s surface which causes surface warming (and some minor changes

in chemistry e.g. from photosynthesis). The Earth emits longwave (LW) radiation due

to its temperature. Some of this is absorbed and re-emitted back downwards by the

atmosphere as various GHGs such as water vapour and CO2 provide good absorption of

LW, to result in reabsorption by the surface. A portion of the LW that is absorbed by

the atmosphere is emitted to space after being absorbed and re-emitted upwards by the

atmosphere. There is also an exchange of heat from the surface to the atmosphere in the

form of sensible heat, with convective and conductive heat transfer vertically, and latent

heat, in the form of melting snow and ice, evaporation, and precipitation (Hartmann,

2016).

Cloud interactions with radiation are complex. Formed of liquid water droplets, ice

crystals or a mixture of the two, clouds are efficient absorbers of LW radiation. Dependent

on their optical thickness and altitude they can substantially reduce the amount of surface

LW emission escaping to space (Peixoto & Oort, 1992; G. A. Schmidt et al., 2010). Clouds

also often have higher albedo than the surface below them, meaning that they contribute

to increased reflection of incoming solar radiation. As such, they provide an upwards

SW flux (Hartmann, 2016). This results in different clouds having different radiative

effects, depending on how they interact with SW vs. LW. For example, low clouds can
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Figure 2.1: An overview of the fluxes that make up Earth’s energy budget. Taken from
Wild et al. (2015) (CC BY)

provide significant upward flux, for a net cooling effect. This is because they are at similar

temperatures to the surface and thus have little effect on LW, whilst they reflect incoming

SW. High clouds, on the other hand, can provide little net or even a net downward flux

for a warming effect. This is because they have much lower temperatures than the surface

and thus effectively absorb LW without emitting much to the top of atmosphere (TOA)

(P. C. Taylor, 2012).

Aside from their height, various other aspects affect the impact of clouds on the radiative

budget, including cloud fraction, the clear-sky state, microphysics, and optical depth.

Cloud fraction, in isolation, affects CRE in a straightforward way, with greater cloud

amount related to a stronger cloud effect. Similarly, the clear-sky state is relevant: high

clouds will trap less LW if there is less underlying LW emission from the surface. Cloud

microphysics are complex, affected by aerosol-cloud interactions which can see albedo

changes from changing water droplet size and/or formation of ice in mixed-phase clouds

(Boucher et al., 2013). Cloud optical depth is especially important for high clouds as
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the amount of SW reflectivity and LW trapping change at different rates with optical

depth (Roeckner et al., 1987; Schlesinger, 1988). In effect, this means that reductions in

optical depth of high clouds lead to a net downward radiative change as there is a greater

reduction in SW reflection than LW trapping (Zelinka et al., 2012b).

In order to measure the impacts of clouds on the radiative budget, we discuss the cloud-

radiative effect (CRE). This is measured as the difference between clearsky and allsky

radiative fluxes at the TOA:

CRE = N −Nclearsky (2.1)

for net downward radiative flux N (W m−2) and without clouds present Nclearsky (W m−2)

i.e. the CRE is a measure of how much the radiative budget is changed by the presence of

clouds. The interactions of clouds with LW and SW mentioned in the previous paragraphs

do not necessarily translate into the same effects on the CRE. An example of this is that

clouds have high albedo, which causes high SW reflection. However, if clouds lie above

ground that has a high albedo then the CRE from these is minimal since the ground

would effectively reflect SW radiation anyway, so there is little change in SW reflection

with or without clouds in this case. Cloud overlap also complicates CRE (Collins, 2001),

for example with higher clouds obscuring lower clouds for little effect on overall SW

reflection.

2.3 The forcing–adjustment–feedback framework

A formulation of global average surface temperature change T (K), as a response to some

imposed anomalous radiative flux across the top of the atmosphere which we denote

“forcing” F (W m−2), is given by:

N = F − αT (2.2)
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for climate feedback parameter α (W m−2 K−1). This equation uses a negative sign

placed in front of a generally positive α. This convention is chosen so that the αT term

can be understood as the the radiative response of the Earth system to a change in

incoming energy F . Earth temperatures increase in response to positive F , resulting in

increased outgoing energy flux that acts to cancel out this radiative imbalance (Gregory

et al., 2004). A positive F is required for surface warming, whilst a negative F results in

cooling.

With the application of forcing, the resultant change in temperatures is referred to as

the “response”. For comparison between models, the “Equilibrium Climate Sensitivity”

(ECS) is defined as the response at global-mean surface temperature equilibrium following

a doubling in the atmospheric concentration of CO2 from levels prior to the industrial

revolution at around 280 ppm (Etheridge & Steele, 1996; Forster et al., 2021; Knutti et

al., 2017; Myhre et al., 2014). We refer to “forcing agents” throughout this thesis as any

change to the system that results in forcing. These changes can be anthropogenic, such

as an increase in GHGs from emissions, or natural, such as a change in solar irradiance.

Because changes to the Earth’s climate are not generally instantaneous, but rather occur

over different timescales and at different points in the process of climate change, it is

helpful to break these down by timescale. When trying to establish how the final state of

a simulation arose, it is vital to understand how the simulated system evolved over time

to reach its end point.

Before any changes are allowed to occur within the system, the presence of an introduced

forcing agent induces an immediate change in radiative fluxes. This is referred to as

instantaneous radiative forcing (Hansen et al., 1997). While the instantaneous forcing

is straightforward to assess, there are additional changes that occur to the climate upon

the introduction of a forcing agent, without being tied to changes in global surface tem-

perature. These so-called “adjustments” can have a significant effect on total downward

flux.

Because they are not responses to global mean surface warming, these adjustments are
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Figure 2.2: A visual comparison, through temperature profiles, of two version of forcing.
(a) instantaneous radiative forcing (IRF) immediately following the introduction of a
forcing agent, (b) effective radiative forcing (ERF), where surface temperatures are fixed
whilst atmospheric adjustments are allowed to happen.

generally treated as part of the forcing, with the sum of instantaneous forcing and adjust-

ment called “effective radiative forcing” (ERF; Myhre et al., 2014). The adjustments can

happen on different timescales, with cloud adjustments often believed to occur within a

few days or weeks (Kamae et al., 2015) while adjustments such as changes in atmospheric

circulation can take longer than a month (Wu et al., 2011). To distinguish these changes

from relatively slow responses to SST warming, the term “rapid adjustment” is used,

although there is as of yet no formally agreed definition for the cutoff timescale in this

distinction (Sherwood et al., 2015).

Feedbacks, by contrast, are responses to the forcing, mediated by surface warming, that

in turn affect the energy budget (Forster et al., 2021; Myhre et al., 2014). These therefore

happen over longer timescales as the system approaches equilibrium. An example of this

would be: as forcing occurs the Earth warms, which results in atmospheric warming that

causes an increase in saturation water vapour as determined by the Clausius-Clapeyron

relationship. Given that relative humidity is approximately constant, this leads to in-

creased actual humidity and further heating as the water vapour acts as a GHG. One way

of defining a feedback is as one that “changes the sensitivity of the response” (Hartmann,

2016), with positive and negative feedbacks increasing and decreasing the magnitude of

24



the response respectively.

From the concept of ECS, given that α may vary among forcing agents, we refer to the

concept of “effective climate sensitivity” (Murphy, 1995) which is the temperature change

T = F2×/α that would be reached at equilibrium with the ERF from a doubling of CO2

(F2×) for a given constant feedback parameter α. Although it is formally defined for

CO2 only, when applied to other forcing agents this metric serves as an indication of the

efficiency of this forcing agent at changing surface temperatures, relative to the amount

of forcing exerted. We see from this that forcing agents with a lower α than we see for

a doubling of CO2 will cause relatively amplified temperature change, and conversely for

those with higher α.

2.4 Calculating forcing, adjustments, and feedbacks

In order to establish the impact of forcing agents on the Earth’s climate, to determine how

these affect the forcing patterns that dictate the overall warming, computational models

are used to simulate the effects without requiring global real-world experiments. The

measures used to calculate radiative forcings from a given agent are inherently idealised,

by computational necessity. However, idealised simulations can still provide answers to

important physical questions.

Throughout this thesis, global climate models are used to calculate forcings. For cal-

culating instantaneous forcings (Fig. 2.2a), offline radiative transfer transfer codes can

be used e.g. the Parallel Offline Radiative Transfer (PORT) tool for CAM4 (Conley et

al., 2013). For ERF (Fig. 2.2b), Atmosphere General Circulation Models (AGCMs) are

used to allow for atmospheric adjustments to occur. Though ideally all surface tempera-

tures should be held fixed, in practice this is difficult to do (G. A. Schmidt et al., 2006)

and hence SSTs and sea ice are held constant whilst land temperatures are allowed to

adjust. Hence, these are referred to as “fixed SST” experiments. The land temperature

adjustments can be accounted for using radiative kernels, but this has little impact on
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Figure 2.3: An example of a Gregory plot (for a 4xCO2 with the coupled atmosphere-
ocean climate model HadGEM3-GC31-LL, single ensemble member r1i1p1f3). A linear
regression is applied to annually-averaged values of surface temperature change and net
downward flux.

estimates of effective forcing (Richardson et al., 2019). With a scenario set up, with some

forcing agent introduced to a reference state, a simulation is run by a model generally

until equilibrium has been reached. For further accuracy, an average over time of the

climate around equilibrium is taken in order to remove the noise of natural climate vari-

ation. Though an ensemble average of model runs is still ideal, variability from SSTs is

not present since these are prescribed such that significant internal variability is removed.

The forcing is then the total downward flux at equilibrium, compared to the reference

climate state without the forcing agent (Hansen et al., 2002; Rotstayn & Penner, 2001).

In order to calculate radiative feedbacks, we can look at equation 2.2. From this equation,

it is easy to see that if F is held constant, and assuming a roughly constant α, then

there should be (at least approximately) a linear relationship between N and T . With

a scenario where a suddenly introduced forcing agent is held fixed, a model can be run

with the simulated climate allowed to freely respond to the forcing. Taking monthly-

averaged model outputs allows for a series of global temperature change values alongside

the contemporary downward flux. These values must be relative to a control simulation

of the same setup except without the application of the forcing agent. A linear regression

of this series with N against T then gives the negative of α as the gradient, as shown
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in figure 2.3. This is referred to as the “Gregory” method, which gives an estimate of

equilibrium surface temperature change, as the x-intercept, without the need for running

experiments to equilibrium (Gregory et al., 2004). This relies on approximately constant

gradients/feedbacks, however, which is not necessarily valid (Andrews et al., 2015; Dong

et al., 2020; Proistosescu & Huybers, 2017; M. A. A. Rugenstein & Armour, 2021). For

evolving feedbacks, the same principle of linear regressions can be used by performing

regressions over smaller time windows, instead of the full time series (Gregory et al.,

2020).

In order to apply this method, most previous studies have used a fully coupled atmosphere-

ocean model with yearly-averaged output, with slowly warming oceans and annually

averaged snapshots of radiative fluxes (Knutti & Rugenstein, 2015; Stouffer, 2004). If

experiments are performed with relatively small forcings, i.e. ones that cause a response

that is similar or smaller in magnitude than natural variability, then an ensemble average

is essential to separate the response from such natural variability and/or noise.

2.5 The forcing agent dependence of radiative adjust-

ments

The first consideration with regards to understanding model and forcing agent differences

in warming predictions is the forcing itself. The intermodel spread of instantaneous

forcing generally does not explain the spread in ERF (Richardson et al., 2019), which

really means that adjustments are large enough to dominate model disagreements in

ERF. One of the main sources of model discrepancy in measuring the ECS of Earth is

cloud effects (Andrews, Gregory, Forster, & Webb, 2012; Myhre et al., 2014). With a

rapid tropospheric adjustment that occurs for a doubling of CO2, significant changes to

clouds occur in most models, which leads to a non-negligible cloud adjustment (Andrews

& Forster, 2008; Gregory & Webb, 2008). Smith et al. (2020) have further highlighted

a forcing agent dependence of radiative adjustments, with much of this also driven by
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cloud radiative adjustments.

Many past works have focused on adjustments to CO2, finding consistently positive (am-

plifying) adjustments. CO2 forcing heats the lower troposphere, which results in local

drying and stabilisation of the boundary layer, causing a lowering in height of the cloud

layer and reduction of low cloud (Kamae & Watanabe, 2013; Kamae et al., 2015; Zelinka

et al., 2013). This results in a positive SW cloud adjustment as less incoming solar radi-

ation is reflected back, which means that the overall cloud adjustment is positive as LW

effects are small relative to SW effects (Zelinka et al., 2013).

Many other studies have investigated adjustments to black carbon (BC) forcing. Studies

looking at multiples of pre-industrial amounts highlight a negative adjustment driven by

increases in low cloud and reductions in high and mid-level cloud (Stjern et al., 2017).

Several others, however, highlight the impact of injection height of BC aerosol. Cloud

reductions occur near injection level, from warming and cloud burnoff. Conversely, cloud

increases can occur above the injection height as this promotes convection upward, whilst

cloud cover can increase below the injection height as convection below is suppressed.

These effects result in increasingly negative adjustments with injection height (Ban-Weiss

et al., 2012; Koch & Del Genio, 2010; Samset & Myhre, 2015; Sand et al., 2020). This

understanding comes from analysis of aerosol–radiative and semi-direct effects without

in-depth analysis of aerosol–cloud interactions i.e. “indirect effects” which occur via al-

tered cloud microphysics such as changes in cloud condensation nuclei (Hansen et al.,

1997; Charlson et al., 1992). As noted by Bellouin et al. (2020), these aerosol–cloud

interactions can be substantial for rapid adjustments and depend strongly on model

configurations. However, although our understanding of aerosol-cloud indirect effects is

limited, the highlighted works demonstrate the impact of changing energy input within

the atmosphere even in the absence of indirect aerosol effects.

The limited further work that has looked into adjustments in response to a variety of

forcing agents shows that the forcing agent dependence on adjustments is not limited

to CO2 and BC. Smith et al. (2018) have highlighted that adjustments from different
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Figure 2.4: Cloud radiative adjustments in shortwave (SW), longwave (LW), and in the
net across a variety of CMIP5 models and forcing agents. Taken from Smith et al. (2018)
(CC BY 4.0)

agents not only have different magnitudes but are also different in their underlying phys-

ical mechanisms. Here we focus on the cloud-radiative adjustments (Fig. 2.4) and their

dependence on forcing agent. Models generally show that CO2 adjustments enhance SW

warming through a reduction in low clouds. BC, on the other hand, shows consistent

LW cloud adjustments between models, but not SW ones. Cloud adjustments from so-

lar forcing lead to diminished warming, whilst they are similar to but weaker than CO2

adjustments for methane (provided methane’s SW absorption is accounted for in the

models), and sulphate adjustments vary significantly owing to aerosol-cloud interactions.

Volcanic forcing has also been analysed, with rapid adjustments that counteract such

forcing through cloud effects (Gregory et al., 2016; A. Schmidt et al., 2018). Largely

lacking, though, has been a general explanation for how different forcing agents result in

their respective adjustments.

2.6 The agent dependence of radiative feedbacks

The second key component of future warming is the feedbacks. These have been shown

to vary significantly across models (Andrews, Gregory, Webb, & Taylor, 2012; Caldwell
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et al., 2016; Colman & Hanson, 2017; Vial et al., 2013; Zelinka et al., 2020), driving most

of the inter-model spread in ECS. Of interest to predictions of the future is whether there

is also a dependence of feedbacks on forcing agent. Some work has highlighted differences

in feedbacks between historically significant forcing agents (Marvel et al., 2016; Shindell,

2014; Smith & Forster, 2021), though other work has suggested that such differences

might be negligible (Richardson et al., 2019). If there are differences, then evolving ratios

of different forcing agents will result in evolving feedbacks that result from a forcing

signal instead of just from natural variability. Analysis of feedbacks over time in model

historical experiments suggests that this is indeed the case, with important effects from

GHGs, anthropogenic aerosols (AAs), and natural (mostly volcanic) forcings changing

over time (Gregory et al., 2020).

Even in cases where forcing agents do not vary in time, feedbacks show time-evolution

(Andrews et al., 2015; Dong et al., 2020; Proistosescu & Huybers, 2017; M. A. A. Ru-

genstein & Armour, 2021). Reasons given for this have included the SST “pattern effect”

whereby the radiative response of the planet depends not just on global mean tempera-

ture change, but also on the pattern of SST change (Stevens et al., 2016). This effect is

based off of different regions causing different radiative responses for the same amount of

local warming. Per unit of warming, regions such as the western equatorial Pacific cause

larger feedbacks (lower climate sensitivity), whilst regions like the eastern Pacific and

Southern Ocean cause smaller feedbacks (higher climate sensitivity). As such, the same

global mean mean warming can result in greater/lesser feedbacks depending on which

areas are warmed more. Owing to timescales of ocean heat uptake, as well as evolving

forcings (in relevant cases), the pattern of warming evolves over time such that global

radiative feedbacks do as well.

Another potential reason for the variation of radiative feedbacks is temperature depen-

dence. Under CO2 warming, feedbacks have been found to become more amplifying as

the planet warms (Bloch-Johnson et al., 2021; Meraner et al., 2013). However, this effect

has not been focused on due to time and scope limitations of this thesis.
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2.7 The role of stability in radiative adjustments and

feedbacks

Though much work has been done on trying to understand adjustments and feedbacks in

the context of CO2 forcing, we desire a general understanding that contributes towards

explaining the effects of any given forcing. Given the importance of cloud effects for both

radiative adjustments (Kamae & Watanabe, 2013; Zelinka et al., 2013) and feedbacks

(Forster et al., 2021), we seek a physical mechanism that may effectively explain the cloud

radiative adjustments and feedbacks for different forcing agents. Tropospheric stability

is found to be a useful measure for understanding low cloud amount changes (Klein &

Hartmann, 1993; Wood & Bretherton, 2006). Although not the only important cloud

metric, low cloud cover is an important one for understanding changes to the energy

budget as discussed above. Broadly speaking, tropospheric stability is a reframing of

lapse rates, which are vertical temperature gradients, into vertical potential temperature

gradients. These describe whether air parcels are more or less encouraged from travelling

vertically, and as such are descriptive of convection (Hartmann, 2016). In this way, though

a simplification, stability is useful for understanding cloud cover changes as changes to

stability are expected to have clear effects: a stable troposphere suppresses convection,

which encourages low clouds, whilst an unstable troposphere encourages convection and

thus has the opposite effect.

Radiation is affected in a few clear ways by stability changes. The first way is tied to cloud

changes, whereby increased low cloud cover from increased stability leads to more SW

reflection from low clouds with little effect on LW. As such, increased stability contributes

to SW cooling of the planet. There is also a LW cooling effect of increased stability,

unrelated to clouds. Since stability is tied to lapse rates, increasing stability means more

efficient LW cooling as temperatures increase more higher up in the atmosphere than

near the surface.
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Atmospheric stability can be measured in a few ways. One way of doing this is through

“lower tropospheric stability” (LTS), which is simply the difference in potential temper-

atures at 700 hPa (θ700) and the surface (θsfc) (Klein & Hartmann, 1993):

LTS = θ700 − θsfc (2.3)

This measure gives a sense of the planetary boundary layer inversion strength, and has

been shown to be related to low-cloud formation (Wood & Hartmann, 2006). LTS has

since been refined, however, to provide an improved measure of inversion strength in

the planetary boundary layer and low cloud formation. This refinement is known as the

estimated inversion strength (EIS), and contains a correction that accounts for convection

within clouds being moist rather than dry:

EIS = LTS− Γ850
m (z700 − LCL) (2.4)

where Γ850
m is the moist adiabat at 850 hPa, z700 the height of the 700hPa surface, and

the LCL is the “surface-based lifting condensation level” (Wood & Bretherton, 2006).

Since stability relates to atmospheric temperature gradients, it may describe radiative

adjustments as these are rapid atmospheric changes. For radiative feedbacks, the link to

stability is more established by prior work. A suggested mechanism of the SST “pattern

effect” resulting in different radiative feedbacks is tied to stability change, with tem-

peratures changing by different amounts in high and low convective regions such that

atmospheric stability is affected (Andrews et al., 2015; Zhou et al., 2017), itself resulting

in cloud, water vapour, and lapse rate changes (Ceppi & Gregory, 2017, 2019; Kamae et

al., 2019; Mackie et al., 2021).

Indices of the SST distribution have been introduced as proxies for stability, by com-

paring temperature change within the Indo-Pacific warm pool (deep convective regions)

with average tropical temperatures (which includes less convective regions) (Fueglistaler,

2019). Such measures have provided insight into how different warming patterns affect
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stability and convection. Further studies have looked into stability changes for different

forcing agents (Ceppi & Gregory, 2019). By understanding how stability affects cloud

formation, and thus cloud radiative feedbacks, this stability dependence provides an ex-

planation of the forcing agent dependence of feedbacks. By understanding how different

agents force the climate, a qualitative explanation can then be made for how different

agents cause different forcing patterns, resulting in different surface warming patterns,

which results in different stability changes, in turn explaining different radiative feed-

backs. For example, such work lets us point to extratropical versus tropical contrasts

to explain stability change differences, since positive tropical forcing tends to causes a

greater stability increase than extratropical forcing does (Ceppi & Gregory, 2019). Such

tropical forcing then is likely to suppress convection, increasing low cloud cover, and thus

have a stronger (deamplifying) radiative feedback as SW reflection occurs from increased

low cloud.

2.8 Discussion and conclusions

The forcing–feedbacks–adjustments framework provides a way of understanding future

global warming. Key aspects of this framework remain unresolved even in the model

world, with intermodel spread in forcing and feedback presenting a limiting factor in

the consistency of warming predictions. Key to improving our understanding of these

processes is the question of how different forcing agents, i.e. different energy inputs into

the earth system, affect energy imbalances in the Earth system at timescales ranging

from rapid atmospheric adjustments to long-term radiative feedbacks.

Past simply going through various forcing scenarios to establish what occurs in each

case, a general conceptual understanding is desired that can be applied to a variety of

scenarios by understanding features of their climate forcings. Past work suggests that

atmospheric stability may be a useful physical mechanism for describing multiple aspects

of the forcing–feedbacks–adjustments framework, and testing this idea forms the basis of
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the present thesis.

With differences in rapid radiative adjustments among forcing agents being largely de-

pendent on clouds (Smith et al., 2018), stability is a natural fit for explaining differences

among agents as it is strongly linked to cloud formation (Ceppi & Gregory, 2017, 2019;

Kamae et al., 2019; Mackie et al., 2021). For radiative feedbacks, stability has already

been established as a good explanation for the SST “pattern effect”, which itself has been

described as a driver of non-constant feedbacks. Questions remain regarding to what

extent radiative feedbacks differ among forcing agents, but if such differences do exist,

then stability may provide a useful mechanism, given its role in feedback inconstancy.

With regards to historical climate change, and future predictions, time-evolving amounts

of different forcing agents may be important. If feedbacks do depend on forcing agent,

and this can be explained through how these agents affect stability, then it remains to be

seen whether the effects of overlapping forcings can be understood through the effects of

each component.
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Chapter 3

THE ROLE OF STABILITY IN RAPID CLOUD RADIATIVE

ADJUSTMENTS1

As highlighted in our review, cloud adjustments play a particular role in determining

agent-dependent rapid radiative adjustments, which in turn strongly modify the effective

forcings that drive future temperature change. In this chapter, we perform idealised

atmospheric heating experiments to demonstrate a relationship between cloud adjustment

and the vertical profile of imposed radiative heating: boundary-layer heating causes a

positive cloud adjustment (a net downward radiative anomaly), while free-tropospheric

heating yields a negative adjustment. This dependence is dominated by the shortwave

effect of changes in low clouds. Much of the variation in cloud adjustment among common

forcing agents such as CO2, CH4, solar forcing, and black carbon is explained by the

“characteristic altitude” (i.e. the vertical center-of-mass) of their heating profiles, through

its effect on tropospheric stability.

3.1 Introduction

Radiative forcing quantifies the perturbation to the Earth’s energy budget associated

with a particular climatic factor, such as greenhouse gases, aerosols or solar irradiance.

Forcing was originally defined as the instantaneous perturbation to the Earth’s radiative

budget due to the forcing agent. Later, the concept was refined to include the effect
1This chapter is largely a recreation of published work (doi.org/10.1029/2021gl093616)
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on the tropospheric heat budget of stratospheric adjustment due to radiative changes,

which are particularly important for carbon dioxide (Shine et al., 1995). More recently,

“effective radiative forcing” (ERF) has become the usual metric (Myhre et al., 2014),

which additionally accounts for relatively short-timescale tropospheric adjustments in

temperature, moisture and clouds that are direct responses to the forcing, rather than

being mediated by surface warming (Andrews & Forster, 2008; Gregory & Webb, 2008;

Sherwood et al., 2015). This approach is justified by the fact that ERF is a better

predictor of the surface temperature response than instantaneous radiative forcing (IRF)

(Richardson et al., 2019) or stratosphere-adjusted forcing (Shine et al., 2003).

The rapid adjustments to radiative forcing have been found to make a substantial contri-

bution to model uncertainty in ERF for a variety of forcing agents including anthropogenic

greenhouse gases, aerosols and solar irradiance (Chung & Soden, 2015; Smith et al., 2018,

2020). Cloud adjustments account for a large part of these differences (Andrews, Gregory,

Forster, & Webb, 2012; Colman & McAvaney, 2011; Smith et al., 2018; Zelinka et al.,

2013), consistent with clouds being an important source of uncertainty in the response

to forcing among climate models (Ceppi et al., 2017), especially in the case of aerosols.

Aerosol–radiation interactions lead to cloud adjustments (known as semi-direct effects)

by modifying local atmospheric conditions. Aerosol–cloud interactions lead to further

cloud adjustments via microphysical changes (known as indirect effects; Bellouin et al.,

2020). Only the cloud adjustments due to semi-direct effects will be considered in this

chapter since, although indirect effects can be large for aerosols (up to 63% of SW ERF

for a fivefold increase in sulphate aerosol, depending on the model) (Smith et al., 2018),

the impacts of aerosol–cloud interactions on cloud adjustments are outside the scope of

this work.

Several past papers have investigated the mechanisms of cloud adjustments in response

to CO2 forcing (e.g., Dinh & Fueglistaler, 2017; Kamae & Watanabe, 2012, 2013; Kamae

et al., 2015, 2019; Zelinka et al., 2013) and to absorbing aerosols such as black carbon

(BC) (Ban-Weiss et al., 2012; Bellouin et al., 2020; Koch & Del Genio, 2010; Samset &
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Myhre, 2015; Stjern et al., 2020; Sand et al., 2020) or dust (Amiri-Farahani et al., 2017),

but there is a lack of process studies involving other forcing agents. Smith et al. (2018)

demonstrated a striking forcing agent dependence of cloud adjustments across Coupled

Model Intercomparison Project phase 5 (CMIP5) models, with consistently positive ad-

justments to CO2 and negative adjustments to solar and BC forcing (we define downward

radiative anomalies at the top of atmosphere as positive). However, there is currently

limited understanding of how different cloud adjustments arise in response to various

instantaneous forcings.

In this chapter we address this knowledge gap by interpreting the forcing agent depen-

dence of cloud adjustment in terms of the spatial structure of instantaneous atmospheric

forcing. Specifically, we propose here that the vertical profile of atmospheric heating is a

key factor for this forcing agent dependence. For absorbing aerosols, previous studies have

identified a dependence of semi-direct cloud adjustments upon forcing altitude: typically

positive for boundary-layer forcing, negative for free-tropospheric forcing (Amiri-Farahani

et al., 2017; Ban-Weiss et al., 2012; Bellouin et al., 2020; Koch & Del Genio, 2010; Samset

& Myhre, 2015; Stjern et al., 2020). Here we expand on these previous works to show

that the vertical heating profile explains much of the cloud adjustment in response to a

diverse range of forcing agents. This is demonstrated through comparison of idealised

and common forcing experiments with a CMIP5-class climate model.

3.2 Data and methods

The simulations used for this chapter were run with the CAM4 model (Neale et al., 2010)

in an atmosphere-only configuration with prescribed sea surface temperatures (SSTs)

and sea ice concentrations. Prescribed SSTs and sea icea were obtained from the mean of

the control climatology. A 1.9◦ × 2.5◦ latitude/longitude grid was used with 26 vertical

levels. Simulations were run for 20 years with the climatology calculated as the average

of monthly-mean data output from the model for all but the first simulated year, during
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Table 3.1: Experiment names and details for the experiments using common forcing
agents in this chapter. All experiments use the same control SSTs and sea ice.

Experiment name Description

control Pre-industrial climate (year 1850)

10×CH4
10 times concentrations of methane compared to pre-industrial
levels

2×CO2
Doubling of CO2 from pre-industrial level (284.7 ppm) to 569.4
ppm

10×BC 10 times concentrations of black carbon compared to pre-
industrial levels

3%Sol 3% increase in the solar constant

which the atmosphere was adjusting to reach a steady state in the presence of the forcing.

The vertical profiles shown in this chapter were linearly interpolated from the model’s 26

hybrid sigma–pressure levels to a 100-level pure pressure grid so as to allow for averaging

along pressure levels. This was done using evenly spaced levels between 0 and 1000 hPa.

Instantaneous and effective radiative forcings were calculated for four forcing agents: a 10-

fold increase in methane (10×CH4), doubled carbon dioxide (2×CO2), a 10-fold increase

in black carbon (10×BC), and a 3% increase to incoming solar radiation (3%Sol) (see

Table 3.1). These are among the forcing agents as used in the Precipitation Driver

Response Model Intercomparison Project (PDRMIP) set of experiments (Myhre et al.,

2017), although not all with the same magnitudes as in the PDRMIP experiments. IRF

was calculated using the Parallel Offline Radiative Transfer (PORT) tool for CAM4,

by taking the difference between perturbed and control instantaneous radiative fluxes

(Conley et al., 2013). For these fluxes, simulations were run for 18 months starting

on January 1st with outputs every 73 time steps (roughly 1.5 days) as recommended

by Conley et al. (2013). The fluxes used were the averages over the last 12 months

of these simulations. To obtain the ERF, the difference in mean TOA imbalance was

taken between perturbed and control CAM4 experiments with SSTs and sea ice fixed to

the control state (Hansen et al., 1997). Note that the CO2 concentration was doubled

only in the radiation scheme in the 2×CO2 experiment, so the model did not simulate
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Table 3.2: Experiment names and details for the simplified experiments used in this
chapter. All experiments use the same control SSTs and sea ice. The heating rates were
prescribed as extra terms in the heating rate equations within CAM4’s radiation scheme.

Experiment name Description

atm_4 Homogeneous heating throughout the atmosphere for a hori-
zontally homogeneous vertically-integrated forcing of 4 W m−2

sfc_4 Homogeneous 4 W m−2 downwards flux at the surface

vloc_ϕhPa Atmospheric heating defined through Eq. 3.1

a plant physiological response to CO2, which has been found to cause significant cloud-

radiative adjustments (Doutriaux-Boucher et al., 2009). Furthermore, CAM4 does not

simulate aerosol–cloud interactions for black carbon, whose atmospheric concentrations

are prescribed.

In addition to the common forcing cases (Table 3.1), experiments were also performed

with idealised, horizontally homogeneous forcings (Table 3.2), prescribed as an extra

heating rate in CAM4’s radiation scheme. This includes a uniform surface heating (sfc_4)

of 4 W m−2, and a vertically and horizontally uniform atmospheric heating (atm_4)

whose vertical integral is 4 W m−2. Furthermore, we also apply vertically localised

heating anomalies at specific atmospheric levels ϕ (vloc_ϕhPa; Fig. 3.1). The applied

heating rate anomalies for the vloc_ϕhPa forcing experiments were defined as follows:

Q(p) = A cos2
(

(p−ϕ)π
2a

)
for (ϕ− a) ≤ p ≤ (ϕ+ a)

Q(p) = 0 otherwise (3.1)

for pressure p and heating centred at ϕ, where A = ±0.135 K day−1, a = 125 hPa, and

Q is the instantaneous atmospheric heating anomaly from the control. This provides a

vertically integrated heating of 2 W m−2, except for the topmost and lowermost vertically

localised experiments which are truncated at the pressure limits (Fig. 3.1) and thus

provide around half the vertically integrated forcing. The whole atmosphere was covered

by nine of these bounded cos2 heating profiles centred on multiples of 125 hPa between

0 and 1000 hPa (inclusive). The cos2 shape combined with the 2a heating profile widths
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Figure 3.1: Heating profiles of all of the vertically-localized heating experiments in this
chapter. Dashed lines show the heating rates defined in Eq. 3.1 of the main text, while
the solid lines show the profiles interpolated from the model grid.

mean that the sum of these profiles is uniform in pressure. The width a was chosen

such that the forcings are sufficiently localised in the vertical, while still being adequately

resolved by CAM4’s vertical grid. To test the linearity of the responses, both positive

and negative vertically localised heating tendencies were applied.

Similar approaches of attempting to understand responses to complex spatial forcing by

looking at linear combinations of individual localised forcings have appeared several times

in the literature (Kuang, 2010; Zhou et al., 2017; Beucler et al., 2018; Dong et al., 2019).

Past studies have also investigated energy input at different vertical layers by insertion

of aerosol (e.g., Samset & Myhre, 2015; Sand et al., 2020). We use our experiments with

various horizontally uniform heating rates to study the effect of the vertical profile of

forcing.

Rather than calculating cloud adjustments as differences in cloud-radiative effect, which

is the difference between allsky and clearsky radiative fluxes at the TOA, we use cloud

kernels from Zelinka et al. (2012a). These are shown in Fig. 3.2a,b, and can be understood

as partial derivatives of global TOA radiation (divided into LW and SW) per change in

cloud fraction, as functions of cloud top pressure (CTP) and optical depth (τ). Model
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Figure 3.2: (a–b) Globally- (weighted by clear-sky surface albedo) and time-averaged
histograms of the cloud kernels obtained from Zelinka et al. (2012a). (c) Globally- and
time-averaged histogram of the changes in satellite-observed cloud fraction between the
2×CO2 and control cases.

differences between the model we use here and those used by Zelinka et al. (2012a) to

calculate the kernels could cause discrepancies, but we do not expect issues since Zelinka

et al. (2012a) tested other models than those used for calculating the kernels and did

not find such. Unlike CRE differences, which are affected by non-cloud adjustments (in

temperature, water vapour or surface albedo), the kernels quantify the radiative impact

of cloud adjustment in isolation.

The kernels allow the radiative adjustments to be broken down into contributions from

high (CTP < 440 hPa), mid (440 < CTP < 680 hPa), and low (CTP > 680 hPa) clouds.

To use the cloud kernels, the International Satellite Cloud Climatology Project (ISCCP)

satellite simulator (Swales et al., 2018) was enabled in CAM4 to output the required

cloud fraction histograms. The ISCCP simulator has known limitations including: low

resolution in CTP and τ , diagnosis of cloud property changes only in sunlit conditions

(which can affect LW changes), and potential to misdiagnose cloud changes as being

caused by higher clouds by assigning CTP to the highest clouds in a column. Nevertheless,

Zelinka et al. (2012a) did not find that these issues were likely to negate findings from

their kernels analysis.

Using the 2×CO2 case as an example, we can take the ISCCP simulated cloud changes

as a function of CTP and τ (Fig. 3.2c), multiply these by the relevant radiative kernels

(Fig. 3.2a,b), and take the sum of products to obtain the global mean LW and SW changes
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due to cloud changes.

We introduce two measures in this chapter to help understand the relationship between

the vertical profile of atmospheric forcing, tropospheric stability, and cloud-radiative ad-

justment. Firstly, to characterise the vertical distribution of forcing Q(p) we define a

“heating-weighted pressure centroid”:

∫ 1000 hPa

p=200 hPa
p ·Q(p) dp∫ 1000 hPa

p=200 hPa
Q(p) dp

(3.2)

This is understood as the “centre of mass” of the forcing, defined such that larger values

here denote a bottom-heavier atmospheric forcing profile. Note that the pressure centroid

is positive for the vertically localised heating tendencies of either sign. In general, the

pressure centroid is positive and readily interpreted for atmospheric forcings which are

entirely or mostly of the same sign at all pressures, as is the case for all those we consider.

Secondly, for tropospheric stability we define the “bulk tropospheric stability” (BTS)

as the difference between the average potential temperature (Θ) for the 200–800 hPa

layer (Θ200−800), taken as representative of the free troposphere, and Θ800−1000, taken as

representative of the boundary layer:

BTS = Θ200−800 −Θ800−1000. (3.3)

We use this measure of atmospheric stability throughout this chapter, instead of lower

tropospheric stability measures such as LTS and EIS (equations 2.3 and 2.4), in order to

capture stability changes higher up in the free troposphere.

3.3 Vertically localised atmospheric heating experiments

To gain insight into the dependence of cloud adjustments on forcing altitude, we begin

with the results from the vertically localised forcing experiments. Focusing on the ver-
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Figure 3.3: Profiles for (a) applied heating rates Q, as well as (b) temperature, (c)
relative humidity, and (d) cloud fraction (CLD) change profiles for vertically localised
heating experiments with ϕ = 875 hPa (blue), ϕ = 625 hPa (orange), and ϕ = 375 hPa
(green). Profiles shown in solid lines are the average of the positive and negative of the
negative vertically localised heating tendencies set at the same heights and magnitudes.
The profiles for the heating experiments are shown separately as dashed lines. Heating
profiles are interpolated from model input, rather than those defined in Eq. 3.1. All
values shown are global means. The grey horizontal lines demarcate bounds between
high, mid, and low levels according to the ISCCP simulator. Changes to temperature,
relative humidity, and cloud are obtained as the difference between the equilibrium fixed
SST state and a control state.

tical structure, Fig. 3.3 shows the global-mean adjustments of temperature (T ), relative

humidity (RH) and cloud fraction for three of the vertically localised forcings (chosen as

examples). A close correspondence is found between the peak of applied heating and the

peaks of changes to T and RH, as well as cloud fraction. Furthermore, there is a striking

similarity between the profiles of changes to RH and cloud fraction, as expected.

Increased temperature without significant specific humidity changes results in RH re-

ductions that are associated with cloud reductions. Additionally, however, the vertically

localised forcings also cause non-local changes via changes in stratification and their im-

pacts on vertical heat and moisture fluxes. Heating at lower levels (in the boundary

layer) destabilises the overlying free troposphere, leading to enhanced convection and

vertical mixing and resulting in warming at higher levels, but little change in RH or

cloud (Fig. 3.3, blue curves). By contrast, free-tropospheric heating causes suppressed

convection at lower levels through increased tropospheric stability (Fig. 3.4a, open sym-

43



bols indicate greater positive ∆BTS for vertically localised heating at lower pressure,

which means higher altitude), leading to increases to RH and cloud fraction at lower

levels (Fig. 3.3, orange and green curves).

In the tropics, low cloud changes occur predominantly in subsidence regions with only

small changes in regions of ascent such as the Indo-Pacific warm pool (Fig. 3.5a–b),

whereas changes to high cloud are more evenly distributed (panels c–d). Despite locally

substantial high cloud changes (Fig. 3.5c), there is no global-average change in high cloud

in the low tropospheric forcing scenario (Fig. 3.4d, blue curve). This may be because slight

dynamical shifts in the regions of ascent and descent cause local changes which cancel

out spatially.

In summary, local cloud fraction decreases in response to localised heating at all levels

and associated drying, but low-level cloud increases in response to heating at higher

levels. The latter is consistent with the known dependence of low clouds on tropospheric

stability (Klein & Hartmann, 1993). Generally, these results are consistent with those

from Samset and Myhre (2015, their Fig. 5) and Sand et al. (2020, their Fig. 6) involving

application of localised BC at different atmospheric levels.

There is a strong dependence of the cloud-radiative adjustments on the altitude of applied

forcing and the associated stability changes. The net cloud adjustments in Fig. 3.4d are

of substantial magnitude relative to the imposed vertically localised heating anomalies

of 2 W m−2 – ranging from about −50% to +20% of these. This illustrates how cloud

adjustments can substantially enhance or offset the instantaneous forcing, depending on

the vertical distribution of anomalous heating. The cloud-radiative adjustment becomes

monotonically more negative with the height of the applied heating (Fig. 3.4c–d). This

trend is driven by both LW and SW changes, with the latter dominating, qualitatively

consistent with previous findings for BC forcing applied at different altitudes (Samset &

Myhre, 2015, their Fig. 1; Sand et al., 2020, their Fig. 2). SW cloud adjustments flip

sign from positive to negative as forcing altitude increases, while LW cloud adjustments

become strongly negative (Fig. 3.4d). The dependence of LW cloud adjustment on forcing
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Figure 3.4: (a) Changes to bulk tropospheric stability (BTS, see Eq. 3.3), normalised
by the vertically integrated tropospheric (200–1000 hPa) heating anomalies, versus the
vertical centre of mass of tropospheric heating (Eq. 3.2) for each experiment performed in
this study. (b) Normalised cloud-radiative adjustments against normalised BTS changes.
(c) Normalised cloud-radiative adjustments versus heating centre of mass. Least-squares
linear fits are shown by the dashed lines. Only experiments with significant tropospheric
forcing are shown, which excludes the 0 hPa and 125 hPa forcing experiments. (d) Cloud-
radiative adjustments from the six vertically localised forcings centered between 875 and
250 hPa, in 125-hPa increments, broken down into contributions from low (e), mid-level
(f), and high (g) cloud changes. The lowest altitude forcing at 1000 hPa is excluded be-
cause it is truncated; furthermore, the two highest altitude forcings are excluded because
they are mainly in the stratosphere, and have little impact on clouds. Crosses represent
the averages between the responses to heating anomalies and the negative of the responses
to cooling anomalies at the same altitudes and of the same magnitudes, with the thin
horizontal lines around the crosses representing the results from the heating experiments.
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Figure 3.5: Maps of adjustments to low cloud (a–b), high cloud (c–d), and total cloud
(e–f) fractions, and kernel-derived longwave (g–h) and shortwave (i–j) cloud radiative
adjustments for the experiments involving localised atmospheric heating at 875 hPa (left)
and 375 hPa (right).
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altitude is consistent with the understanding that LW cloud-radiative effect increases with

cloud altitude (Hartmann, 2016), due to increased temperature differences between higher

clouds and the surface.

That mid-level cloud-radiative adjustments are the main contribution to total cloud-

radiative adjustments for the lowest level of localised atmospheric heating is surprising,

and seems to disagree with the cloud changes being focused below the mid cloud threshold

(Fig. 3.3). This could be a sign of the limitations of the ISCCP simulator, with low-

level cloud changes assigned to mid-level cloud changes as part of the issue mentioned

previously where cloud changes are assigned to higher levels as only the top CTP in the

column is considered (Zelinka et al., 2012a).

To interpret the dependence of SW cloud adjustment on forcing altitude (Fig. 3.4d), it is

helpful to consider the breakdown of the adjustments into contributions by high-, mid- and

low-level clouds (Fig. 3.4e,f,g). Low- and medium-cloud radiative adjustments tend to be

negative below the level of the heating, and positive above, whilst the high-cloud radiative

adjustment is negative for the highest altitude heating. All levels tend to give a negative

cloud radiative adjustment below the level of heating, while mid-level cloud contributes

positively above the level of heating as well. This is consistent with the findings from

Fig. 3.3: localised heating causes a cloud fraction reduction locally, but a cloud fraction

increase below (particularly in the boundary layer), associated with stabilisation (Fig. 3.4,

open symbols) and suppressed vertical mixing. There is an additional factor contributing

to the negative SW cloud adjustment below the vertically localised heating: when cloud

fraction decreases at the heating level, the reduced overlap reveals and hence increases

SW reflection from lower-level clouds.

Geographically, the radiative changes mirror the high cloud changes in the LW (Fig. 3.5g–

h), spatially cancelling out for the boundary layer forcing case. By contrast, the SW

changes (Fig. 3.5i–j) are more closely related to the changes in total cloud amount

(Fig. 3.5e–f) and cannot be easily attributed to a particular region or cloud regime.

We note that in Fig. 3.3b-d, the corresponding dashed and solid lines are similar, and
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in Fig. 3.4d-g the corresponding crosses and vertical lines are close together. Differences

are minor even in the upper troposphere, where the differences are largest. Both thus

provide evidence that positive and negative heating tendencies of the same magnitude

produce responses of the same magnitude and opposite sign.

Cloud adjustments are caused also by heating at the surface, but the sfc_4 experiment

shows that they are very small, at all altitudes and in both LW and SW (not shown),

with a net CRE adjustment of −0.03 W m−2. This is negligible in comparison to the

adjustments for the localised atmospheric heating experiments, especially per unit of

forcing. This result is expected given the fixed-SST lower boundary, where surface forcing

can impact the atmosphere only over land and ice regions. Note that although the rapid

climate response to land warming under fixed SSTs is typically included in the ERF as

part of the rapid adjustment (Forster et al., 2016; Sherwood et al., 2015), conceptually

this can also be treated as a surface warming–driven radiative response (Chung & Soden,

2015; Shine et al., 2003).

3.4 Interpreting cloud-radiative adjustments to com-

mon forcing agents

This section seeks to explain adjustments to some common forcing agents (Table 3.1) in

light of the findings of Section 3.3 concerning vertically localised heating. For each of

the common forcings (as well as the idealised atm_4 case) we express the vertical profile

of global-mean heating as a linear combination of idealised vertically localised heating

perturbations:

Qfit(p) =
9∑

i=1

(ai ·Qi(p)) , (3.4)

where Qi and ai are the anomalous heating rates and fitting coefficients respectively for

each of the nine vertically localised forcings i. The ai coefficients were calculated so as

to minimise the least-squares difference between Qfit and the global-mean heating profile
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of a chosen case, Qcase (Fig. 3.6, left column). Best-fits are expected to be unique given

that the profiles of the vertically localised forcings are mostly non-overlapping and hence

mostly orthogonal.

The heating profiles for the common forcings (and atm_4) are very closely approximated

by linearly combining the nine idealised vertically localised cases (Fig. 3.6, left column).

The only deviations occur above the tropopause for the 2×CO2 and 3%Sol cases where

there is insufficient vertical resolution in the localised forcing experiments.

Using the same ai coefficients obtained in equation 3.4, we then estimate the globally-

averaged vertical profiles of change in temperature, relative humidity, and cloud fraction

(each denoted by X) in response to each vertically distributed forcing, whose instanta-

neous surface forcing is Fsfc thus:

Xfit(p) =

(
Fsfc

4 W m−2 ·Xsfc_4

)
+
∑
i

(ai ·Xi(p)) . (3.5)

The first term on the right-hand side accounts for contributions from surface forcing,

using the results from a 4 W m−2 uniform surface heating experiment (sfc_4, see Table

3.2), appropriately weighted.

The linear combination of idealised vertically localised heating anomalies closely approx-

imates the adjustments of temperature, RH and cloud fraction diagnosed from the model

(Fig. 3.6). This suggests that the global-average vertical structure of these adjustments

is primarily determined by the vertical profile of instantaneous heating anomalies.

The contributions to these profiles from the surface components of the forcings were

found to be minor in general, consistent with our finding that the cloud adjustment

to uniform surface-only forcing is very small. The notable exception to this was in

the solar forcing case, where the majority of instantaneous forcing is from the surface

component (4.88 W m−2, compared to a 2.19 W m−2 atmospheric component), such that

the surface component makes a non-negligible contribution to the cloud fraction change

profile (Fig. 3.7).
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Figure 3.6: Global-mean vertical heating anomaly profiles (Q) and rapid adjustments
of temperature (T ), relative humidity (RH) and cloud fraction. Shown are the results
from the original cases (blue) and linear combinations of the results from the vertically
localised forcing experiments (orange) including an appropriate surface term (Eq. 3.5).
Fitted heating rates are best fits to the original heating rates (Eq. 3.4) in all cases (except
for 2×CO2 where we set the stratospheric heating anomalies to zero before fitting). The
orange lines for other variables are created from the fits of heating rates (Eq. 3.5).
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Figure 3.7: The same as Fig. 3.6, but excluding contributions from surface forcings. Note
that only the 3%Sol case changes significantly.
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Figure 3.8: A comparison of the cloud-radiative adjustments predicted from linearly
combining vertically localised forcing experiments (empty bars) versus the radiative ad-
justments calculated from the relevant experiments themselves (solid bars).

Considering the global average top-of-atmosphere cloud-radiative adjustments to forcings,

we find that the linear combinations of vertically localised heating experiments generally

predict the correct sign, and roughly the magnitude, of the vertically distributed forcings

(Fig. 3.8). The cloud radiative adjustments to 10×BC are surprisingly well predicted, de-

spite the cloud responses here being the least accurately predicted (although still captured

to first order, Fig. 3.6). This is possibly due to errors in the predicted cloud response

fortuitously cancelling out in some way (e.g., errors in the vertical may compensate for

errors in the horizontal distribution). The largest errors are for CO2 and CH4, where

the positive SW adjustments are considerably underestimated. Inspection of the cloud

fraction profiles in Fig. 3.6 suggests this may partly result from an underestimation of the

lower-tropospheric cloud fraction decrease by the simple linear combination method, and

potentially from differences in estimation of cloud changes near the tropopause. That

the predicted net adjustments are more accurate than the individual SW and LW adjust-

ments can be explained by compensating errors in SW and LW. Errors in this approach

may also result from the linear combination of cloud-radiative adjustments being unable

to account for the non-linear effects of cloud overlap.
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The results in Figs. 3.6 and 3.8 account for the finding of Fig. 3.4c (filled symbols) that the

sign and magnitude of cloud-radiative adjustments are mostly explained by the vertical

structure of the instantaneous atmospheric forcing, as measured by the heating-weighted

pressure centroid. Positive CRE adjustments result from the “bottom-heaviest” instanta-

neous atmospheric heating profiles of 2×CO2 and 10×CH4, negative CRE adjustments

from 3%Sol and atm_4, whose instantaneous heating profiles are fairly uniform with

altitude, while 10×BC is intermediate.

Although our interpretation is based on a single climate model, we note that the cloud-

radiative adjustments in Fig. 3.8 are reasonably representative of those simulated by a

range of CMIP5 models (Fig. 4 of Smith et al., 2018). In particular, models consis-

tently simulate positive cloud-radiative adjustments to CO2, and negative adjustments

to solar forcing, in agreement with our results. Note that the results of Smith et al.

(2018) use different magnitudes of the CH4 and solar forcings, and include the stomatal

conductance effect of 2×CO2. Increases to CO2 lead to reduced to evapotranspiration

and thus reduced low cloud over many highly forested areas for a positive effect on the

cloud-radiative adjustment (Doutriaux-Boucher et al., 2009). We found that including

this effect approximately doubles the cloud adjustment to 2×CO2 forcing in CAM4 (0.76

vs 0.37 W m−2; not shown).

3.5 Summary and conclusions

We have demonstrated through a series of idealised experiments with vertically localised

atmospheric heating that cloud-radiative adjustments are sensitive principally to the

altitude of atmospheric heating caused instantaneously by the forcing agent (Fig. 3.4c).

At levels where there is an instantaneous positive heating tendency, the air becomes

warmer and drier and the cloud fraction decreases. However, heating at any level above

the boundary layer stabilises the troposphere below and suppresses vertical mixing, thus

causing moistening and increased cloud fraction at lower levels. As the net result of
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these two effects, lower-tropospheric heating results in positive cloud-radiative adjustment

(dominated by the SW effect of reduced low cloud fraction), while mid- and upper-

tropospheric heating causes negative adjustment (due to the combined LW and SW effects

of increased low cloud and reduced free-tropospheric cloud). For negative forcings, the

signs of all effects are reversed and the magnitudes are similar.

We find that the global-mean net cloud-radiative adjustments to common forcings can

be partially explained by linearly combining the idealised vertically localised forcings so

as to fit the vertical heating profiles caused by the various forcing agents. In particular,

our results suggest that positive cloud adjustment commonly found in GCMs to the

greenhouse gas forcing agents CO2 and CH4 is explained by their relatively bottom-heavy

atmospheric heating profiles; by contrast, the negative cloud adjustment to solar forcing

is caused by its relatively larger free-tropospheric heating. Our findings are consistent

also with previous evidence that cloud-radiative adjustments depend on the altitude of

absorbing aerosols such as black carbon (Samset & Myhre, 2015; Allen et al., 2019).

Although successful in explaining the sign and relative magnitude of adjustments for dif-

ferent agents, our method using global-mean vertical profiles does not give quantitatively

accurate estimates. This may be for instance because of neglecting the geographical pat-

tern and the seasonal cycle of the instantaneous heating, perhaps especially the contrast

between its effects in cloudy and cloud-free air. Further investigation is needed of these

aspects. With such refinement, we expect that this approach will provide a useful basis to

interpret inter-model differences in cloud adjustments, to the extent that such differences

result from uncertainties in the distribution of instantaneous radiative forcing.

The data used in this chapter can be found at https://doi.org/10.6084/m9.figshare

.14386799
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Chapter 4

THE DEPENDENCE OF RADIATIVE FEEDBACKS ON

FORCING AGENT1

From looking at rapid radiative adjustments, we move onto radiative feedbacks i.e. the ra-

diative response driven by surface warming/cooling. In this chapter, we use experiments

from seven CMIP6 models to assess the climate feedback parameter for net historical,

historical GHG and AA forcings. The net radiative feedback is found to be more ampli-

fying (higher effective climate sensitivity) for AA than GHG forcing. Owing to opposite

forcing signs of GHG (positive) and AA (negative), feedbacks are thus less amplifying

for net historical (GHG + AA) than GHG only. We demonstrate that this difference

is consistent with their different latitudinal distributions. Historical AA forcing is most

pronounced in northern extratropics, where the boundary layer is decoupled from the free

troposphere, so the consequent temperature change is confined to low altitude and causes

low-level cloud changes. Thus overall shortwave feedbacks are affected, through change

in stability which also affects upper-tropospheric clearsky emission, affecting longwave

radiative feedbacks also. This response is a feature of extratropical forcing generally,

regardless of its sign or hemisphere.

1This chapter is largely a recreation of published work (doi.org/10.1029/2022gl097766)
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4.1 Introduction

Global warming due to future emissions of greenhouse gases and other climate forcing

agents has been understood in recent years in terms of the energy imbalance that these

forcings cause in the Earth system, to which this system responds through changing sur-

face temperatures. The usual interpretive model is N = F − αT , where α is the climate

feedback parameter, N top-of-atmosphere energy imbalance, T global mean surface tem-

perature change and F effective radiative forcing (Ramaswamy et al., 2001). (Note: we

have chosen the sign convention where a positive α implies an increased positive-upwards

radiative response for increasing surface temperatures.) Although this is helpful and in-

tuitive as a simple model, there are several complications when using it (Andrews et al.,

2015; Knutti & Rugenstein, 2015; Sherwood et al., 2015).

While there are generally confirmed differences in the feedback parameter across models

(Andrews, Gregory, Webb, & Taylor, 2012; Becker & Wing, 2020; Zelinka et al., 2020),

there is not a consensus on whether α depends on the different forcing agents that are

relevant to past and future temperature changes. Comparing AAs and GHGs, the two

dominant historical forcing agents (Smith et al., 2020), several studies have found differ-

ences in feedbacks (Marvel et al., 2016; Shindell, 2014; Smith & Forster, 2021). Gregory et

al. (2020) presented evidence for a difference in α between anthropogenic forcing (GHGs

and AAs) and natural forcing by volcanic aerosol. By contrast, Richardson et al. (2019)

did not find significant differences among forcing agents, considering several models in

the Precipitation Driver Model Intercomparison Project (PDRMIP) experiments. The

focus of this study is the dependence of α on the nature of the forcing agent.

In the recently released data of the Coupled Model Intercomparison Project phase 6

(CMIP6), historical single-forcing experiments across several models have become avail-

able for analysis. These new experiments allow us to obtain the effective forcings for

different agents, allowing us to accurately calculate the corresponding radiative feedbacks

over the historical period. Previous work has found a dependence of these feedbacks on
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SST patterns (Andrews et al., 2015; Ceppi & Gregory, 2019; Zhou et al., 2017), which

affect the radiation budget via changes in stability and clouds (Andrews et al., 2018).

Following this reasoning, this work considers how historical GHG and AA forcing affect

SSTs and stability, and how these in turn modulate the radiative responses.

4.2 Data and methods

Data for several historical forcing experiments was obtained from the ESGF CEDA

archive (esgf-index1.ceda.ac.uk) for seven models: CanESM5, CNRM-CM6-1, GISS-E2-1-G,

HadGEM3-GC31-LL, IPSL-CM6A-LR, MIROC6, and NorESM2-LM. These models

cover a range of climate sensitivities (2.56-5.64 K) with a mean of 4.07K that is close

to the average of 3.86K across CMIP6 models (Zelinka et al., 2020). Furthermore,

these models have been found to be relatively independent based on climatology biases

(Brunner et al., 2020). These experiments include a control (piControl) with constant

pre-industrial forcing agents, as well as experiments both with coupled atmosphere-ocean

models (AOGCMs) and with atmosphere models (AGCMs) given prescribed sea surface

conditions, for historical GHGs, AAs, and all historical forcings together.

The experiments, models and variants used are detailed in Table 4.1. The historical single-

forcing AOGCM experiments hist-aer and hist-GHG were performed for the Detection

and Attribution Model Intercomparison Project (DAMIP; Gillett et al., 2016), while

the AGCM piClim simulations are part of the Radiative Forcing Model Intercomparison

Project (RFMIP; Pincus et al., 2016). On a model by model basis, for each experiment,

we sought multiple ensemble members where only the realisation indices (r labels) were

different, which indicates only differences in initial conditions. Where possible, we chose

variants with the same initialisation method (i1 variant label) such that initialisation

procedures were generally consistent. Model physics (p label) were chosen to be consistent

with piControl so as to avoid differences in parameterisations. Similarly, the forcing

indices (f labels) were chosen to be consistent with piControl to avoid using different
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Table 4.1: Experiment names and details for the CMIP6 experiments used in this chap-
ter. The “piClim” prefix denotes fixed-SST experiments, while the rest are coupled
atmosphere-ocean experiments. piClim-control is an AGCM experiment with SSTs and
sea ice climatologies taken from piControl. The fourth column includes three prescribed-
SST experiments: piClim-histall, piClim-histGHG and piClim-histaer.

piClim-
control

hist-GHG &
hist-aer

historical piClim-
histxxx

CanESM5 r1i1p2f1 r[1-10]i1p2f1 r[1-10]i1p2f1 r1i1p2f1
CNRM-
CM6-1

r1i1p1f2 r[1-10]i1p1f2 r[1-10]i1p1f2 r1i1p1f2

GISS-E2-1-G r1i1p1f1 r[1-5]i1p1f1 r[1-10]i1p1f1 r1i1p1f1
HadGEM3-
GC31-LL

r1i1p1f3 r[1-4]i1p1f3 r[1-5]i1p1f3 r[1-3]i1p1f3

IPSL-
CM6A-LR

r1i1p1f1 r[1-10]i1p1f1 r[1-10]i1p1f1 r1i1p1f1

MIROC6 r1i1p1f1 r[1-3]i1p1f1 r[1-10]i1p1f1 r[1-3]i1p1f1
NorESM2-
LM

r1i1p1f1 r[1-3]i1p1f1 r[1-3]i1p1f1 r[1-3]i1p1f1

forcing datasets per model (K. E. Taylor et al., 2018). We included all realisations that

contained all of the required variables, and our results from each experiment of each

model are ensemble averages. We calculated multi-model mean (MMM) values from the

individual model ensemble averages, with equal weighting for each model.

We analyse the upward TOA radiative response R, the stability response S as measured by

the estimated inversion strength (EIS; Wood & Bretherton, 2006), and the cloud-radiative

effect (CRE) measured as the difference between allsky and clearsky downward fluxes at

the TOA. We choose EIS as our measure of atmospheric stability in this chapter following

related work (Ceppi & Gregory, 2019). Prior to analysis, all fields were regridded to a

common T42 grid (corresponding to a grid resolution of approximately 2.8◦ in longitude

and latitude), using conservative remapping for radiative fluxes, and bilinear interpolation

for other fields. Monthly fields were aggregated into annual averages.

In order to separate out the surface warming (or cooling) driven feedbacks from the

forcing and associated rapid adjustments (Hansen et al., 1997; Sherwood et al., 2015), we

use the results from the AGCM experiments with fixed sea surface temperatures through

the following equation:

Xresponse = XAOGCM −XAGCM, (4.1)
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where Xresponse represents the response of the variable of interest X. Radiative feedbacks

and other responses per unit global warming, such as dS/dT , were calculated through

linear least-squares regression of the desired variable against globally-averaged surface

air temperature. The regressions are performed across the full length of the historical

period (years 1850–2015) for all experiments, despite the possible time-dependence of α

(Gregory & Andrews, 2016; Gregory et al., 2020) which we do not study in this chapter.

Such time variations may be important for the evolution of historical climate change,

and evolving historical feedbacks may vary significantly from the value calculated across

the period, but we limit ourselves here to analysing the overall effect of different forcing

agents across the historical period. Note that the impact of short-lived volcanic forcing

should be minimal on the historical feedbacks calculated over this long time period.

Global averages in this chapter refer to area-weighted averages of the variables of interest,

except for stability S where the average is taken over ocean regions 50◦S–50◦N. This

choice follows Ceppi and Gregory (2019), who found EIS equatorward of 50◦ to be well-

correlated with the global radiative response R in observations and in two GCMs. We

expect stability to be related to low cloud cover over oceans, from previous work that has

found such (Wood & Bretherton, 2006), but we omit polar regions since icy regions can

have significant stability changes that are not reflected by cloud changes. Since stability

correlates with low cloud cover, and hence leads to a more negative shortwave (SW)

cloud response from enhanced low cloud amount and SW reflection, we expect that this

near-global measure of stability over oceans should relate to the radiative response.

The confidence intervals for results derived from regressions combine two aspects of un-

certainty. The first is the variability among different ensemble members, which we have

calculated for each model as the variance across members of the historical experiment.

This experiment was chosen since it generally had the most ensemble members, with the

assumption that the magnitude of unforced variability is representative of other forcing

scenarios. The second is the estimated error in the regression slope of the ensemble-

averaged data. The combined error is calculated as the square root of the sum of variances
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from these two aspects of uncertainty, and given as ±1σ of the probability distribution.

Two idealised extratropical forcing experiments were run to investigate the impact of

forcing localised away from the regions of deep convection on radiative feedbacks and

tropospheric stability. These experiments are denoted as nh_extrop and sh_extrop for

northern (30◦N–90◦N) and southern (30◦S–90◦S) hemisphere forcing respectively. A uni-

form “ghost” radiative forcing of −4.5 W m−2 was imposed as an extra term in the surface

energy budget in the relevant regions for each experiment. The imposed instantaneous

radiative flux values were chosen so that the global average forcing would be comparable

to that of hist-aer over years 1995–2015 (around −1.13 W m−2). Though the nh_extrop

forcing is zonally uniform unlike the forcing for hist-GHG and hist-aer (Fig. 4.1a-b), the

nh_extrop setup was chosen to capture the skew of the northern extratropical forcing

that is seen in hist-aer relative to the more homogeneous hist-GHG (Fig. 4.1c). The ide-

alised experiments were performed with the Hadley Centre Atmospheric Model version 3

(Pope et al., 2000) in both atmosphere-only (HadAM3) and slab ocean (HadSM3) con-

figurations. The horizontal resolution is 2.5◦×3.75◦; there are 19 levels in the atmosphere

and the slab ocean has a thickness of 50 m. This model is one of the two used by Ceppi

and Gregory (2019), and these experiments are the same as their −UNIFET experiment

for a single hemisphere at a time, except with a different forcing magnitude.

We also make use of tropical-only forcing experiments in HadSM3 and HadAM3 denoted

as “tropical” in later figures. This is the same as the +UNIFT experiment in Ceppi and

Gregory (2019), which involves a uniform forcing of 7 W m−2 over the tropics (30◦S-30◦N).

Model outputs from these experiments can be found at https://doi.org/10.6084/

m9.figshare.17197748 and https://doi.org/10.6084/m9.figshare.17182907
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Figure 4.1: Top-of-atmosphere radiative forcing patterns over years 1995–2015 for hist-
GHG (a) and hist-aer (b). The zonal-mean profiles of forcing are shown in (c), where
values for hist-GHG (orange) and hist-aer (blue) are the average effective forcings of
the relevant AGCM experiments (piClim-histghg and piClim-histaer, respectively) minus
control. For nh_extrop (grey) the dashed line shows the prescribed instantaneous forcing
whilst the solid line shows the effective forcing calculated from the HadAM3 (atmosphere-
only) simulation. Note that the x-axis is scaled by geographical area.

4.3 Investigating radiative feedback differences in terms

of stability differences

The radiative feedbacks for historical AA and all historical forcings, relative to those

from GHGs, are shown in Fig. 4.2a, for each model analysed and for the MMM. Coloured

bars show the allsky net feedback parameter α, whilst markers show the CRE feedback

parameter αCRE (minuses) and clearsky feedback parameter αCS (pluses). αCRE and

αCS are obtained as regressions in the same way as α but, where α = dR/dT , αCRE =

dCRE/dT and αCS = dRCS/dT . In the same way as R = RCS + CRE, then, α =

αCS+αCRE. In all cases, positive numbers mean less amplifying feedbacks, i.e. a relatively

larger upward radiative flux perturbation for positive T , which leads to lower climate

sensitivity. The findings here show more amplifying feedbacks for hist-aer than hist-

GHG in the MMM. On a model-by-model basis, hist-aer shows either significantly more
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amplifying or very similar feedbacks to hist-GHG (except for CNRM-CM6-1 which, for

unknown reasons, is the only model with a substantially less amplifying feedback for

hist-aer).

Neither αCS (correlation of 0.80 with allsky α, Fig. 4.3b) nor αCRE (correlation of 0.85

with allsky α, Fig. 4.3d) entirely explains the differences of allsky α for AA (or the net

historical forcing) compared to GHG forcing. Both correlations are highly significant

(p<0.001), which might indicate that both clearsky and CRE feedbacks are important

in explaining the spread in α as neither αCS nor αCRE dominates the spread. However,

the NorESM2-LM model seems to be responsible for much of the correlation seen here.

Ignoring this model (not shown) preserves good correlation (0.79 for allsky α with αCS)

at high significance (p<0.001), but greatly diminishes the correlation of allsky α with

αCRE (0.15, with low significance of p=0.527). As such, clearsky differences in feedbacks

seem to be dominating feedback differences between AA and GHG forcing.

We propose that differences in radiative feedback across forcing agents may be explained

in terms of different tropospheric stability responses and their impact on cloud and lapse-

rate feedbacks. Lapse-rate feedbacks result as decreases/increases in the lapse rate give

a weaker/stronger greenhouse effect. This is tied to temperature change being different

at the surface than higher up in the atmosphere, with a smaller ratio for decreased lapse

rates (hence weaker greenhouse effect) and larger ratio for increased lapse rates (hence

stronger greenhouse effect). This feedback can largely be cancelled out by water vapour

feedbacks, which involves greater greenhouse effects from the warming of air as saturation

water vapour increases, but the difference between lapse rate and water vapour feedbacks

can still have a significant net effect on feedbacks (Andrews & Webb, 2018; Armour et

al., 2013; Ceppi & Gregory, 2019; Po-Chedley et al., 2018).

Looking at Fig. 4.2b, we see that hist-aer causes smaller changes in stability per unit

surface temperature change (dS/dT ) than hist-GHG across all models (except for CNRM-

CM6-1). That is, we see greater stability change per unit of GHG forcing than per unit

of AA forcing. With EIS (equation 2.4), which measures the difference between potential
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Figure 4.2: (a) allsky radiative feedback parameter (α, bars) alongside CRE (αCRE,
minuses) and clearsky radiative feedback parameters (αCS, pluses) for each model and
the multi-model mean, as the difference from hist-GHG values. (b) Difference of dS/dT
from hist-GHG values. (c,e,g) Net (c) clearsky, (e) CRE, and (g) allsky radiative feedback
parameters against net dS/dT . (d,f,h) as row above, except with values relative to hist-
GHG. Confidence intervals in (c-h) denote ± one standard deviation based off combined
regression and ensemble member uncertainties. The Pearson correlation ρ is shown in
(c-h), across models and both excluding (black) and including (grey) the data points from
the HadSM3 experiments. The tropical-only forcing experiment is included in (c,e,g), as
part of the inter-model trend, but excluded (both in plotting and ρ) in (d,f,h) for clarity
and to focus on the HadSM3 experiments that are more similar to hist-aer and hist-GHG.
Also shown are p-values for the statistical significance of the correlations.
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Figure 4.3: A similar plot as Fig. 4.2, comparing the all-sky radiative feedback parameter
(α) to CRE (αCRE) and clear-sky radiative feedback parameters (αCS) for each model
and the multi-model mean. Values are shown as absolutes (top row) and as the difference
from hist-GHG values (bottom row). All panels contain a 1:1 line (solid grey)

temperatures at the surface and at 700hPa (with a moist adiabatic correction), as our

metric of stability: a greater increase in stability (as in GHG compared with AA) suggests

more warming in the troposphere than at the surface. Hence this suggests a positive (less

amplifying) lapse-rate feedback (Andrews & Webb, 2018; Armour et al., 2013; Ceppi

& Gregory, 2019), and an additional minor contribution from relative humidity changes

(Fig. 6 in Ceppi & Gregory, 2019). Furthermore, the correlation of low cloud amount with

stability (Zhou et al., 2016; Ceppi et al., 2017; Andrews & Webb, 2018; Ceppi & Gregory,

2019) and corresponding SW reflection (Hartmann, 2016) suggests that increased stability

counteracts forcing. The feedbacks from increased low cloud, combined with clearsky

feedbacks, are why we expect a positive correlation between net α and dS/dT , i.e. less

amplifying feedbacks and smaller climate sensitivity for greater dS/dT .

Figure 4.2 (through its parts c–g) supports this. Considering all models and experiments
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together, there is a positive correlation between net α and dS/dT (0.59 for the AOGCM

experiments, Fig. 4.2c). This suggests that stability may explain much of the spread in

α among this set of models, despite the implication of previous work that inter-model

differences in climate feedback are dominated by cloud responses to mean SST warming

(Ringer et al., 2014). This is still the case when feedbacks are broken down into αCS

(Fig. 4.2e) and, though to a lesser extent, αCRE (Fig. 4.2g). We interpret the correlation

in Fig. 4.2e, which involves only clearsky feedbacks, as being primarily driven by the

linkage between stability and lapse-rate feedbacks since these are what has been found in

previous work to be relevant amongst clearsky components, even when cancellation with

water vapour feedbacks is accounted for (i.e. under a fixed relative humidity framework)

(Andrews & Webb, 2018; Ceppi & Gregory, 2019).

By considering the difference in α between hist-aer and hist-GHG for each model, we

remove part of the model spread in α which affects both forcing agents equally, revealing

the positive correlation (Fig. 4.2d) between α and stability change in response to different

forcing agents. Although the correlation across models is only moderate (0.52), it is

nevertheless significant (p=0.010), and the difference is also significant in the MMM

according to estimated error bars. The lack of correlation in Fig. 4.2h, both across

models and in the MMM, despite such correlation in Fig. 4.2f, suggests that the impacts

of stability on clearsky feedbacks are more robust than the impacts on αCRE for explaining

differences in α between historical AAs and GHGs. This may be because the relationship

between S and CRE is not consistently simulated among climate models. Alternatively,

it is possible that, contrary to the findings of Ceppi and Gregory (2019), global stability

changes are not strongly physically linked to CRE in some of the models, and that regional

changes in S would be a better explanatory factor. This disagreement could be related to

Ceppi and Gregory (2019) diagnosing cloud-radiative changes through radiative kernels

instead of using CRE. Alternatively, the findings of Ceppi and Gregory (2019) that SW

cloud feedbacks drive forcing agent feedback differences could be model specific, and not

be reflected across all models.
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feedback parameter.

The historical all-forcing case is dominated by responses to GHGs and AAs (Smith

et al., 2020). Therefore, differences between historical and hist-GHG experiments are

mostly due to differences between hist-aer and hist-GHG. Both the feedback parameter

(Fig. 4.2a) and the stability response (Fig. 4.2b) are greater for historical than for hist-

GHG in the MMM. This results from combining hist-GHG and hist-aer responses, given

that AAs and GHGs forcing are of opposite sign (Appendix B in the online supporting

information of Gregory and Andrews, 2016). A visual explanation of it can be found in

Fig. 4.4.

The results here are in agreement with findings from previous studies of a greater tran-

sient climate response (indicative of a less positive α) from aerosols (Marvel et al., 2016)

and extratropical forcing (Rose et al., 2014; Rose & Rayborn, 2016; Shindell, 2014) com-

pared to forcing from well-mixed GHGs. By contrast, Richardson et al. (2019) found

no significant differences in feedback between two kinds of aerosol (SO4 and BC) and

GHGs, regardless of whether they calculated ERF as in the present chapter, or addi-

tionally corrected for the impact of land surface temperature adjustments (Andrews et

al., 2021). There are several possible explanations for our disagreement, including the
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following. (1) Despite its statistical significance, the difference we find between feedbacks

to AA and GHG forcing may be specific to our selection of models, which is smaller than

theirs (7, versus 11 in PDRMIP models). (2) Historical AA and the 5xSO4 forcing in

PDRMIP might have important differences in feedback, both because of different SO4

concentrations and because of contributions of aerosols other than SO4 (Myhre et al.,

2014). (3) The step forcing experiments analysed by Richardson et al. (2019) will be

more representative of equilibrium responses than the historical simulations used here,

which may affect the extent to which the feedbacks depend on forcing agent.

4.4 Explaining stability differences in hist-aer in terms

of extratropical forcing

Next, we interpret the distinct radiative and stability responses to AAs and GHGs in

terms of the latitudinal distribution of forcing. Ceppi and Gregory (2019) demonstrated

that positive tropical forcing tends to increase global stability per unit global surface

warming, while positive extratropical forcing has the opposite impact (and vice versa for

negative forcing). To understand why, we recall that the tropics contain the warm pool

which is well-coupled to the free troposphere, with the lapse rate closely following a moist

adiabat due to moist convection (Flannaghan et al., 2014; Sobel, 2002). Consequently,

homogeneous tropical warming has a relatively large impact on free-tropospheric tem-

peratures since warming occurs in these deep convective regions. Mixing by atmospheric

motions propagates the warming signal to the extratropical free troposphere, stabilising

the atmosphere there (Fig. 4.5b,d). Conversely, positive forcing in the extratropics is

expected to decrease stability, since surface temperatures in the extratropics are more

weakly coupled to the free troposphere throughout, with deep convective regions absent.

The effects of extratropical surface forcing tend to be more confined near to the surface

(Fig. 4.5a,c), and since this forcing acts on a region that is (on average) climatologically

stable, the stability response is similar to that found for warming in other stable regions
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Figure 4.5: MMM zonal-mean profiles of local air temperature regressed onto global-
mean surface air temperature. Values shown are absolute (a–b), and relative to hist-
GHG (e–f). Also shown are the results from the HadSM3 Northern hemisphere (NH)
extratropical forcing (c) and tropical-only forcing (d), and these relative to the HadSM3
2xco2 experiment (g–h). Note that the x-axis is scaled by geographical area.

such as in the tropical South-East Pacific (Andrews & Webb, 2018). This effect can be

seen by comparing air temperature changes in the hist-aer and hist-GHG cases (Fig. 4.5e).

(Note that aerosol forcing is negative and causes a surface cooling, but the patterns in

Fig. 4.5 are normalised by regression against global mean surface temperature change.)

This reasoning could explain why the hist-aer case gives a less positive stability response

per unit surface warming than the hist-GHG case. The skew of forcing towards the

extratropics in the hist-aer case (blue line in Fig. 4.1c) means that a relatively larger

fraction of the surface temperature response is in vertically decoupled regions, leading

to the smaller dS/dT than in hist-GHG. In support of this hypothesis, we note that

the pattern of tropospheric temperature change in the HadSM3 nh_extrop experiment

compared to the 2xco2 experiment (Fig. 4.5g) is similar to the difference between hist-

aer and hist-GHG (Fig. 4.5e). The pattern from tropical-only forcing (Fig. 4.5d) shows

the propagation of warming to both the tropical and extratropical free tropospheres in

accordance with an increase to stability as seen in Fig. 4.2c–g, although stability is further

increased over the tropics than in the more homogeneous 2xco2 case (Fig. 4.5h). Fig. 4.2e

shows that global-mean dS/dT is negative for both nh_extrop and sh_extrop, whereas

it is positive in nearly every historical forcing experiment. This difference is probably
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Figure 4.6: MMM zonal-mean values regressed onto global-mean surface air temperature
for the historical cases (top row) and differenced relative to hist-GHG (bottom row) in
terms of (a,f) temperature, (b,g) estimated inversion strength, (c,h) net upwards radiative
response, (d,i) upwards radiative response in clearsky and (e,j) upwards radiative response
from CRE. Note that the x-axis is scaled by geographical area.

related to the absence of tropical forcing in the idealised cases. That the negative dS/dT

occurs for forcing in both hemispheres suggests that the essential characteristic is that the

forcing is extratropical, rather than hemispheric. The historical all-forcing case shows the

opposite pattern to hist-aer when compared to hist-GHG (Fig. 4.5e–f), indicating that

AA has a similar effect on stability whether applied independently or jointly with GHGs.

To corroborate this reasoning, we consider the MMM zonal means of feedbacks and

climate responses in Fig. 4.6. There is less meridional contrast in response to hist-GHG

than hist-aer (top row). Subtracting the responses from hist-GHG (bottom row), we see

a positive NH temperature response per unit global warming in hist-aer relative to hist-

GHG, and the opposite in the Southern hemisphere (SH). This anti-correlates with the

stability response per unit surface warming, which in turn correlates (in low latitudes)

with the radiative response. The radiative response is then finally well explained, in terms

of pattern, by the combination of clearsky and CRE feedbacks.

Just as the global average feedbacks for the historical case are more positive than those

for hist-GHG, the zonal-mean curves for hist-GHG generally lie between those for the

net historical and hist-aer cases (top row of Fig. 4.6), again consistent with the expected

effect of AA. Likewise, the difference between historical and hist-GHG responses (bottom

row of Fig. 4.6) can be interpreted as representing the effect of AA, but with the sign
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reversed (see Appendix A).

4.5 Summary and conclusions

Our analysis of AOGCM historical experiments from CMIP6 (including new experiments

which allow forcing to be diagnosed) reveals that climate feedback is more strongly ampli-

fying (greater climate sensitivity) in response to AA forcing than GHG forcing. This dif-

ference is shown and is statistically significant in the MMM, though only seven AOGCMs

have so far provided the required historical experiments and variables for this analysis, so

it would be useful to repeat it with more. Our finding is consistent with those from past

studies that also found greater climate sensitivity to AA than GHGs (Marvel et al., 2016;

Shindell, 2014; Smith & Forster, 2021), but appears inconsistent with the recent study

of Richardson et al. (2019). Further work is needed to explain the disagreement, which

may relate to differences in the details of the prescribed aerosol forcing or the timescales

of calculated feedbacks.

Furthermore, we find that the difference in net top-of-atmosphere radiative feedback

parameter for AA and GHG forcing is positively correlated across AOGCMs with a

difference in the response of tropospheric stability to the two kinds of forcing. We propose

that the difference arises from the different latitudinal distributions of the forcing. An

idealised slab model experiment with uniform surface forcing confined to the Northern

extratropics qualitatively reproduces the near-surface extratropical temperature change

that differentiates the historical AA experiment from the historical GHG experiment.

The change in extratropical air temperatures in the former, in the boundary layer but not

higher up, is explained by the lower proportion of forcing in the tropics, where the surface

is relatively strongly coupled to the free troposphere by deep convection (Flannaghan et

al., 2014; Sobel, 2002), compared to the higher proportion of forcing in the extratropics,

where the coupling is weaker and the effect of forcing more confined to the surface.

Thus a positive extratropical forcing causes a near-surface warming, which reduces tro-
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pospheric stability, whereas a positive forcing that is relatively homogeneous over the

tropics contributes to a more positive change in stability per unit surface temperature

change. A reduction in stability tends to reduce low-level cloudiness, which gives an

anomalously negative (more amplifying) shortwave cloud feedback, whilst it also induces

an anomalously negative clearsky feedback. Reasons for this anomalous clearsky feed-

back are unclear, but could be related to lapse rate and water vapour feedbacks (Ceppi

& Gregory, 2019; Po-Chedley et al., 2018). In this way, the latitude of forcing is linked

to the radiative feedback it produces. Historical AA forcing is negative, so the signs of

temperature and stability change are reversed, but the feedback parameter, sensitivity

of stability (change per unit warming), and hence the correlation with the feedback pa-

rameter have the same sign for either sign of forcing: extratropical forcing tends to give

higher climate sensitivity. This link accords with previous works that have highlighted

the impact of forcing patterns on radiative feedbacks (Ceppi & Gregory, 2019; Rose et

al., 2014; Rose & Rayborn, 2016; Winton et al., 2010).

Overall, considering the historical period of 1850–2015, historical climate change is dom-

inated by GHG forcing. Hence the net feedback simulated in the historical experiments

with all forcings is nearer to that for GHG than for AA. The effective climate sensitivity

for historical forcing is slightly smaller than for historical GHG forcing (the magnitude of

α is larger), because combining negative hist-aer forcing with positive hist-GHG forcing

reduces the warming by more as a proportion than it reduces the net forcing, due to the

greater sensitivity to AA forcing. We find also that some of the spread across AOGCMs

in the climate sensitivity to GHG forcing is correlated with the response of tropospheric

stability to forcing (Fig. 4.2c), especially in clearsky (Fig. 4.2e); this aspect is intriguing

and requires further investigation.
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Chapter 5

TIME-EVOLUTION OF FEEDBACKS IN THE HISTORICAL

PERIOD

The preceding chapter has established that stability serves as a basis for explaining dif-

ferent radiative feedbacks between AAs and GHGs, when calculating feedbacks over the

full historical period. In this chapter, we investigate the time-dependence of radiative

feedbacks in the historical case, and assess to what extent this time-dependence results

from the time-varying mix of historical forcing agents. To do this, we use the individual

historical GHG and AA forcing experiments, as in the previous chapter, but we also

introduce the historical natural forcing experiment which involves strongly time-varying

forcing. We find that the historical all-forcing experiment exhibits significantly time-

evolving feedbacks, which can be explained through contributions of component forcings.

We also highlight that volcanic forcing is especially important for understanding evolving

historical feedbacks, as it exhibits particularly strong feedbacks that we relate to large

stability changes due to enhanced surface temperature responses in the warm pool.

5.1 Introduction

The standard surface temperature change model of

N = F −R = F − αT (5.1)
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was formerly assumed to have a constant α parameter i.e. one that does not vary in time.

It is surprising a priori that a constant α could adequately describe the combination of

non-linear feedbacks in the climate system, but much previous work has found this to

be a good first approximation. However, analysis of experiments with general circulation

models (GCMs) suggests that α is not truly constant, but time-dependent, both during

historical climate change (Gregory & Andrews, 2016; Andrews et al., 2018; Gregory

et al., 2020; Dong et al., 2020; Andrews et al., 2022) and climate change produced

by assumed forcing scenarios, even in cases of fixed forcings such as quadrupled CO2

(Andrews et al., 2015; Ceppi et al., 2017; Proistosescu & Huybers, 2017; M. Rugenstein

et al., 2019; M. A. A. Rugenstein & Armour, 2021). The SST “pattern effect” (Stevens

et al., 2016) has been identified as responsible for evolving feedbacks as different areas

of the Earth’s surface warm at different rates (Andrews et al., 2015; Zhou et al., 2017).

The physical mechanism driving this has been explained in previous work as tied to

atmospheric stability changes, with this affecting the radiative response primarily through

changes in low cloud amount, lapse rate, and water vapour (Ceppi & Gregory, 2017,

2019; Kamae et al., 2019; Mackie et al., 2021). Hence, as in chapter 4, it is desirable to

understand the role of tropospheric stability for the radiative feedbacks and their time

evolution in the historical period.

Over this period, we expect radiative feedbacks to evolve not only as they do under

constant forcing scenarios, but also due to the evolving combination of forcing agents

responsible for historical climate change, as long as there is a forcing-agent dependence

on feedbacks as suggested by chapter 4. By looking at experiments that involve only one

historical forcing agent, it may be possible to understand the contributions of different

agents to the evolution of historical feedbacks. Such work has already been done by

Gregory et al. (2020) using CMIP5 data, who found that GHG feedbacks do not vary

significantly in time (outside of unforced variability). They also identified natural forcing

as important for determining the time-evolution of radiative feedbacks in the historical

case, and found feedbacks from volcanic eruptions to be less amplifying than those from

GHGs. Since this, CMIP6 data has become available containing the single-forcing DAMIP
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(AOGCM; Gillett et al., 2016) and RFMIP (AGCM; Pincus et al., 2016) experiments.

The latter involve fixed-SST simulations with time-evolving forcings, which allows for

model-specific calculation of historical effective radiative forcings over time. This provides

an advantage over Gregory et al. (2020) who had to estimate forcings over time, and used

the same forcing per agent across models. Dong et al. (2021) have already used this new

data to show that feedbacks in historical experiments feedbacks are mainly driven by

GHG forcing from around 1940 onwards.

CMIP5 and CMIP6 AOGCMs generally fail to reproduce the observed historical SST

pattern of recent decades, especially in the Pacific, and the consequent large positive

α (Gregory & Andrews, 2016; Andrews et al., 2018; Dong et al., 2019; Gregory et al.,

2020; Dong et al., 2021; Wills et al., 2022; Andrews et al., 2022). Since AOGCMs

are essential for producing physically based estimates of future warming, we need to

know why they do not reproduce the past in this respect. Not having a multi-centennial

observational SST record for comparison, we cannot tell whether the relevant SST pattern

is an unusual unforced variation, or a response to recent forcing. In either case, improved

understanding of simulated historical feedbacks will be useful in explaining the difference

from the observed record.

From this, there are a few questions that this chapter seeks to answer. The first considers

how feedbacks vary over time in the historical case. With new data allowing for a better

understanding of these time-evolving feedbacks, the second question becomes: can this

time-evolution be understood by analysing component forcings of the historical period

and their individual time-evolving feedbacks? Such insight is desired, in the hope that

this will help determine what feedbacks will act in future climate change, as noted by

the range of past works that have raised this question (Andrews et al., 2018; Dong et al.,

2019; Gregory & Andrews, 2016). Finally, if a time-varying mix of forcing agents explains

the time-evolving feedbacks of the historical case, then what are the relevant features of

these independent forcings and how, through the relevant physical mechanisms, can their

feedbacks be explained?
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Table 5.1: Names and details of the CMIP6 experiments specific to this chapter. Data
from experiments described in Table 4.1 are also used, with the same models as before
for the piClim-histnat and hist-nat experiments. Unavailable data is marked by an x.

piControl piClim-histnat hist-nat amip-piForcing
CanESM5 r1i1p1f1 r1i1p2f1 r[1-9]i1p2f1 r1i1p2f1
CESM r1i1p1f1 x x r1i1p1f1
CNRM-CM6-1 r1i1p1f2 r1i1p1f2 r[1-9]i1p1f2 r1i1p1f2
GISS-E2-1-G r1i1p1f1 r1i1p1f1 r[1-9]i1p1f3 x
HadGEM3-GC31-LL r1i1p1f1 r[1-3]i1p1f3 r[1-4]i1p1f3 r1i1p1f3
IPSL-CM6A-LR r1i1p1f1 r1i1p1f1 r[1-9]i1p1f1 r1i1p1f1
MIROC6 r1i1p1f1 r[1-3]i1p1f1 r[1-3]i1p1f1 r1i1p1f1
MRI-ESM2-0 r1i1p1f1 x x r1i1p1f1
NorESM2-LM r1i1p1f1 r[1-3]i1p1f1 r[1-3]i1p1f1 x

5.2 Data and methods

Most of the data referred to in this chapter is the same as that used in chapter 4, i.e. data

from the ESGF CEDA archive for seven CMIP6 models. The same model output variables

were required for this analysis (cf. Table 4.1). Some extra data is used here, which

includes the historical natural forcing experiments for both coupled atmosphere-ocean

(hist-nat, from DAMIP; Gillett et al., 2016) and fixed-SST experiments (piClim-histnat,

from RFMIP; Pincus et al., 2016). Variants were chosen with the same criteria as for

the data used in chapter 4. See section 4.2 for an explanation of variant labels (i,r,p,f).

Where possible, variants were taken with the same initialisation (i1 variant label), physics

and forcing definition as in piControl. Note that, for GISS-E2-1-G, the variant chosen

for hist-nat was f3 since f1 was unavailable and f2 does not include solar nor volcanic

forcings whereas f3 does. The difference between f1 and f3 for hist-nat is that f3 forcings

include a correction to ozone-related heterogeneous reactions. We included all realisations

that contained all of the required variables, and our results from each experiment of each

model are ensemble averages. Available ensemble members for the new data are listed in

Table 5.1.

Also included is data from the amip-piForcing experiments which prescribe SSTs accord-

ing to the Atmosphere Model Intercomparison Project (AMIP) II data set (Gregory &

Andrews, 2016; Webb et al., 2017; Andrews et al., 2018), which is based on historical
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Figure 5.1: Annual-means of effective TOA radiative forcing over time (top) and global
average surface temperature change (bottom) in hist-nat over the 1850–2015 historical
period. The seven largest peaks of negative forcing of the period (corresponding to the
seven most climatologically significant volcanic eruptions) are marked by red dots, whilst
years of measured negative forcing (i.e. volcanic forcing, which makes up “hist-nat-volc”)
are shaded in grey. Instantaneous radiative forcing (IRF) from changes in downwelling
shortwave at the TOA is shown in blue.

observations. Only single ensemble members were included for each model for these ex-

periments, but this is not expected to be a limiting factor as the noise in amip-piForcing

results comes mostly from variation in prescribed SSTs which is not reduced by ensemble

size (Gregory & Andrews, 2016). Note that models with amip-piForcing experiment out-

puts are not the same as those for individual agent historical forcing experiments, though

this is unlikely important for the results discussed below.

Although there are lists of historically significant volcanic eruptions (Mass & Portman,

1989; Stenchikov et al., 1998), we chose to identify radiatively significant volcanic forcing

events by looking at the time series of effective forcing in piClim-histnat. We used SciPy’s

peak finding algorithm, which uses a simple comparison of neighbouring values, to find

negative peaks of greater than 0.3 W m−2 magnitude in effective forcing. Identified peaks

of negative forcing are shown in red in Fig. 5.1. The first identified eruption through this

method is in 1861. This is unidentified in the dataset (Durack & Taylor, 2022), which

was based on ice core data (Arfeuille et al., 2014), though this lines up roughly with

the Dubbi (Wiart & Oppenheimer, 2000) and Makian (Picas & Grab, 2020) eruptions of
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that year. As such, we simply call this the "Early" eruption. Later eruptions are also

identified: Krakatoa (1883), Santa María/Mount Pelée/Soufrière which we refer to as

“Santa María” (1902), Katmai/Novarupta which we refer to as “Novarupta” (1912), Agung

(1963), El Chichón (1982), and Pinatubo (1991) (Mass & Portman, 1989; Stenchikov et

al., 1998). There are many other eruptions that occurred over the 1850–2015 historical

period, including some highly explosive ones (high VEI Newhall & Self, 1982) such as

Mt. St. Helens and Cerro Hudson (A. Schmidt et al., 2018), but these have relatively

little global average radiative impact.

With the most radiatively significant volcanic events identified, which demonstrates the

accuracy of this method, we also look at all years involving radiatively significant volcanic

forcing. To do this, we define volcanic forcing years as any years where effective forcing is

below zero, which gives us the years highlighted by grey bars in Fig. 5.1. This is justified

by the presence of weak background volcanic aerosol (equivalent to the historical average

over 1850–2015) within piControl (Eyring et al., 2016), which imposes a positive forcing

relative to control when this background is not present in the forced experiments (Gregory

et al., 2013). This can be seen from the 1920–1960 period, free of significant eruptions,

during which warming occurs. With solar forcing being evidently very small (blue in

Fig. 5.1a), negative forcing values in hist-nat forcing relative to piControl are thus likely

to be years where volcanic forcing is greater than the average over the 1850–2015 period.

As in chapter 4, global averages here refer to area-weighted global averages of the variables

of interest, except for stability S which refers to the average EIS over oceans equatorwards

of 50◦S and 50◦N. Again, we choose EIS as our measure of atmospheric stability in this

chapter following related work (Ceppi & Gregory, 2019).
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5.3 Dependence of climate feedback on forcing agent

In order to understand the dependence of α on historical forcing agents, we use the refined

model of Ceppi and Gregory (2019). The Earth energy budget model of equation 5.1 gives

R = αT = F −N =⇒ dR

dT
= α, (5.2)

if α is constant. To account for the variation of α shown by GCM experiments, Ceppi and

Gregory (2019) proposed a refined model, wherein R is described as a combined response

to both T and global average atmospheric stability change S:

R = τT + σS =⇒ α =
dR

dT
= τ + σ

dS

dT
, (5.3)

where

τ =
∂R

∂T
(5.4)

and

σ =
∂R

∂S
. (5.5)

Through uniform warming experiments in two models, Ceppi and Gregory (2019) found

that τ and σ are approximately constant, i.e. the radiative response and stability change

are both roughly linear with uniform global surface temperature change. Therefore, a

change in α = dR/dT may be explained by a change in dS/dT (Eq. 5.3).

Before looking at time variations within historical feedbacks, we analyse overall radiative

feedbacks of the 1850–2015 period. These best-fit constant feedbacks are not a sugges-

tion that α is unchanging over the historical period, but an indication of the radiative

changes caused overall across the historical period. We introduce two new experiments

to the analysis done in chapter 4. The linear fits in Fig. 5.2a show that the positive

relationship of α and dS/dT , found when comparing hist-aer and hist-GHG (Fig. 4.2), is

maintained when both natural (hist-nat) and historical observed SST (amip-piForcing)
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Figure 5.2: MMM radiative feedbacks α against dS/dT , with values calculated from
regression over the full historical period (1850–2015) for hist-GHG, hist-aer, and hist-
nat. Also shown are values for amip-piForcing over available years (1870–2015), and
regression over hist-nat using only volcanic years of hist-nat (“hist-nat-volc”, see Fig. 5.1
for selection). Gradients m of least-squares fits are shown in each panel. Error bars
denote estimated regression errors only.

forcings are considered. This suggests that feedbacks from historical natural forcings can

be understood in terms of their effect on stability. We thus further investigate how stabil-

ity changes affect LW, SW, clearsky, and CRE contributions to radiative feedbacks. CRE,

which is just the difference between clearsky and allsky fluxes, is used here to understand

feedbacks from cloud changes.

Similar to what was found in Fig. 4.2, clearsky (Fig. 5.2b) and CRE (Fig. 5.2c) radiative

changes are both found to be required for explaining the overall feedback differences

between forcing agents when these further cases are considered. Breaking things down

instead into SW (Fig. 5.2d) and LW (Fig. 5.2g) contributions, SW appears to be dominant

in explaining α differences, with both higher spread in and correlation between SW α
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and dS/dT than LW α and dS/dT .

Although the accuracy of convection within models is limited by necessary parameterisa-

tions (Jones & Randall, 2011), in this case we seem to capture the relationship between

stability and cloud as we expect. The weak relationship between LW CRE feedbacks and

stability (Fig. 5.2i) is expected, given that stability should mainly affect low clouds (Zhou

et al., 2016; Ceppi et al., 2017; Andrews & Webb, 2018; Ceppi & Gregory, 2019) that

have little LW effect (Hartmann, 2016). Changing low cloud formation with stability is

well related to SW reflection changes, and thus SW CRE feedbacks (Fig. 5.2f).

The substantial contribution of clearsky to overall feedback differences is less clear.

Clearsky feedbacks are expected to be due to albedo, water vapour, and lapse rate

changes, with the latter the most clearly tied to stability changes as lapse rate and

stability are similar measures of vertical temperature gradients in the atmosphere. How-

ever, despite the lapse rate effect being a LW feedback, most of the relationship between

clearsky feedbacks and stability originates from the SW component (Fig. 5.2e). Both

water vapour and albedo feedbacks may contribute to the forcing agent spread in SW

feedbacks. Since albedo feedbacks have no obvious relationship with atmospheric sta-

bility, it is possible that differences in albedo feedbacks are not caused by, but instead

co-vary with, different stability changes, as noted by Ceppi and Gregory (2019).

Interestingly, the breakdown fails to reveal any component that dominates in explaining

the overall good positive agreement between α and dS/dT . SW is more important than

LW, but SW feedback differences are dominated by neither clearsky nor CRE. There are

two possibilities: either this relationship works coincidentally well for the forcing agents

analysed here, or there is some unexplained co-dependence between clearsky and CRE

feedbacks in relation to stability change. We note here that more easily interpretable

relationships might be obtained if feedbacks were broken down into non-cloud and cloud

feedbacks instead of CRE, which aliases in some clearsky effects.

Having looked at overall feedbacks from the 1850–2015 period, we seek to justify trying

to understand the time-evolution of feedbacks. Figure 5.3 highlights the evolving contri-
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Figure 5.3: Forcing over time in the historical case and for simulations of component
historical forcing agents. Values were calculated from RFMIP piClim-histxxx experiments
with piClim-control as the control. Vertical grey lines demarcate the three different
periods of different forcing flavours.

butions of different forcing agents to the historical case over the 1850–2015 period. For

this analysis, we point out that the historical period can be roughly divided into three:

an early one where both AA and GHG forcings are small but several significant erup-

tions occur (1850–1914), a middle period where both AA and GHG forcing are significant

but no significant volcanic eruptions occur (1915–1959), and a late period which contains

strong forcing from both AAs and GHGs alongside multiple significant volcanic eruptions

(1960-2015).

Natural forcing exhibits a complex temporal structure compared to hist-GHG forcing.

This is highlighted by the variability of natural forcing (pink in Fig. 5.3), as well as in

Fig. 5.2 when comparing the values obtained by regression over the full period (pink)

versus only significant volcanic forcing years (red). This complexity stems from natural

forcing being composed of both volcanic and solar forcings, while the volcanic eruptions

themselves are diverse in terms of forcing magnitude and spatial structure (cf. section

5.6). By contrast to highly homogeneous hist-GHG forcing, and the slowly evolving

pattern of hist-aer forcing (Wang & Wen, 2021), natural forcing varies over very brief

timescales as forcing from volcanic eruptions decays rapidly over a few years and many

years can pass between significant volcanic eruptions (Ammann et al., 2003). Given such
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variability in natural forcing, it is important to understand its evolution and the effects

of volcanic eruptions on radiative feedbacks.

5.4 Time-evolution of radiative feedbacks on a forcing

agent basis

Figure 5.4 shows the corresponding time-evolving feedbacks and dS/dT for regressions

over 30-year sliding windows, following the approach of Gregory and Andrews (2016) and

Gregory et al. (2020). Both α and dS/dT vary significantly over time in all cases except

hist-GHG. In order to test the correlation between α and dS/dT we use consecutive non-

overlapping 30-year windows from of 1855–2015. We ignore the 1915–1945 window for

hist-nat since no significant volcanic forcing occurs then (see Fig. 5.1). Doing this, we find

a high correlation (ρ > 0.75) between α and dS/dT for each forcing, excepting hist-GHG.

This suggests that stability variations explain time-variations in radiative feedbacks.

Historical AA forcing (Fig. 5.4a) causes a relatively large α between around 1920–1930,

in contrast to the lower α (compared to under GHG forcing) that was calculated over the

full historical period (Fig. 5.2). This feature is not obviously related to the evolving pat-

terns of aerosol forcing, which are known to have shifted from being mainly over Europe

and north America to their increasing prominence in east and south Asia (Lamarque et

al., 2010; Wang & Wen, 2021), despite shifting forcing patterns being tied to different

efficacies (Persad & Caldeira, 2018). The reason for the change in feedbacks for hist-aer

could be related to changing relative concentrations of different AAs, as highlighted by

an increase in radiative forcing from sulphates relative to black carbon over the historical

period (Myhre et al., 2014, their Fig. 8.8). A shift from high α when BC dominates

(around 1925) to low α as sulphates become more important (1950 onwards) would be

consistent with the finding by Ceppi and Gregory (2019) of larger α (lower sensitivity)

from BC than sulphate forcing. This is an uncertain explanation, however, as other works

found opposite results (Nordling et al., 2021; Richardson et al., 2019).
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Figure 5.4: Top and middle rows: Time-evolving feedback parameter α (top row) and
dS/dT (middle row) for various historical experiments as calculated using 30-year sliding
windows. Coloured shaded regions denote regression errors. Dashed time-series in the
top row show best linear fits of dS/dT to α using the non-overlapping windows from
1855–2015. Pearson correlation coefficients of these fits to α (ρ), as well as regression
significance (p), are shown. In brackets, we show ρ and p for fits using overlapping win-
dows. For hist-nat, both regressions ignore periods free from significant eruptions. Peaks
of volcanic forcing are shown by red crosses for the hist-nat and historical cases.
Bottom row: year-by-year scatter of α and dS/dT from 30-year windows. Circles with
black edges show non-overlapping windows, whilst dots show windows that overlap with
these. Linear fit coefficients for the gradient σ and intercept τ are shown, across inde-
pendent windows (black, solid line fit) and all available windows (grey, dotted line fit).
The window free of significant volcanic eruptions is ignored for hist-nat as above, and is
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For hist-GHG (Fig. 5.4b,g), the low correlation (ρ = −0.35) across time between dS/dT

and α is due to the lack of forced variations in these two parameters. With the hist-

GHG forcing pattern remaining homogeneous throughout the historical period, only its

magnitude slowly increasing, the inter-annual evolution of dS/dT and α is dominated by

unforced variability, unlike the other cases where the forcing patterns and/or magnitudes

vary more rapidly in time. This is highlighted by the good correlation of R with T over

a larger T range than for the other experiments (Fig. 5.5), such that for hist-GHG both

dR/dT and dS/dT are nearly constant, and their correlation is negligible in time. The

lack of dS/dT and α variability in hist-GHG can be seen clearly from the tight scatter of

points compared to the greater spread seen in other cases (Fig. 5.4l compared with other

panels of the bottom row).

The hist-nat case is dominated by volcanic forcing (Fig. 5.4c,h). Low correlation between

dS/dT and α in the middle period lines up with a lack of significant eruptions, which

means there is no forced signal then. This suggests that stability is a good explanation

of feedbacks as long as there is enough of a signal, i.e. enough variation in the forcing

and thus response over time. In other periods, the hist-nat experiment shows significant

variations in α and dS/dT which are possibly related to different eruptions causing dif-

ferent feedbacks, for example via differences in the spatial distributions of stratospheric

aerosol and hence radiative forcing. For the full historical period, volcanic forcing gives

less amplifying feedbacks (Fig. 5.2), and for the two eruptions with the strongest signal

(Krakatoa in 1883 and Pinatubo in 1991) α tends to larger values than for hist-GHG.

We explain high correlation (ρ = 1 to 2 s.f., Fig. 5.4n) between α and dS/dT throughout

the historical all-forcing case through significant forcing being present across the whole

period. Before 1900 (Fig. 5.4d,i), variations in α and dS/dT very closely mirror those

found in hist-nat, because AA and GHG forcing are relatively small. After 1980, α tends

towards similar values as in hist-GHG. This could be due to a combination of factors,

namely that hist-GHG forcing dominates towards the end of this historical period, whilst

the strong Pinatubo eruption, with higher α, and aerosol forcing, with lower α, likely
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cancel out in their effects on radiative feedbacks.

The reason for the large variations in α and dS/dT in the middle period in the historical

all-forcing case is less clear. One possible explanation is that AA and GHG forcing

tendencies roughly cancel out (Fig. 5.3), such that regressions in temperature over this

period are sensitive to unforced variations in T . Alternatively, variations in α for hist-aer

may explain it as follows: high α from hist-aer during 1910–1930 results in α being less

positive in the historical all-forcing case than for hist-GHG over the same period, whilst

low α for hist-aer during 1935–1955 results in more positive α for the historical all-forcing

case (refer to Fig. 4.4).

The amip-piForcing experiment (Fig. 5.4e,j) shows a different time-evolution to the histor-

ical all-forcing case. While we do not expect the coupled multi-model mean to reproduce

the variability found in the observed single realisation of historical climate, the disagree-

ment may also reflect a failure of models to recreate historical SST patterns, whether

forced or unforced (Gregory et al., 2020; Dong et al., 2021; Wills et al., 2022). Obser-

vational errors in the AMIP-II SST boundary condition dataset may also play a role

(Fueglistaler & Silvers, 2021; Andrews et al., 2022).

The correlation is high (ρ > 0.75) between α and dS/dT in all cases except for hist-GHG

forcing. This is true whether we use α and dS/dT values from overlapping windows or

not. The p-value for the ordinary linear regressions is highly significant when using over-

lapping windows (always p < 0.01), but this may be a misrepresentation of significance.

Conservatively, using only independent/non-overlapping 30-year windows to estimate the

relationship between α and dS/dT , the regression slopes are significantly different from

zero (p < 0.05) for hist-aer and hist-all. Importantly, though, we find a correlation be-

tween α and dS/dT across experiments, which is very unlikely to be fortuitous (p < 0.01,

from multiplying p-values across experiments).
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5.5 Reconstructing the historical case from individual

historical forcing experiments

In order to quantify the contributions of different forcing agents to the historical radiative

feedbacks, we attempt to reconstruct the historical values from the results of historical

single-forcing experiments. The reconstruction is made thus: for the hist-aer and hist-

GHG contributions to the historical, the temperature changes predicted by the relevant

single forcing experiments are taken. These are multiplied by fixed α and dS/dT values

calculated from the full 1850–2015 period from those experiments. This provides con-

tributions to the historical R and S changes. The use of a fixed feedback parameter

for the hist-GHG contribution is justified by little variability in radiative feedbacks from

hist-GHG forcing over the historical period. For hist-aer, although radiative feedbacks do

vary considerably over time, they vary more strongly earlier on when the AA forcing is

relatively weak, so these large variations should not contribute strongly to the historical

evolution of feedbacks. For the contribution from hist-nat, the model-diagnosed R and

S are taken directly, since volcanic forcing is so variable that fixed α and dS/dT do not

accurately apply.

Such a reconstruction of the historical case is shown in Fig. 5.6 (red), contrasted with the

model output for the historical case (black) and the straightforward sum of changes from

individual historical forcing cases (grey). The contributions to R, S, and T are summed,

giving the left column of Fig. 5.6 after taking a 3-year running mean in order to remove

short-term noise (for easier comparison). This process is summarised by the following

equations, for the straightforward sums of model outputs:

Rsum(t) = RGHG(t) +RAA(t) +Rnat(t) (5.6)

Ssum(t) = SGHG(t) + SAA(t) + Snat(t) (5.7)

Tsum(t) = TGHG(t) + TAA(t) + Tnat(t) (5.8)
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Figure 5.6: Model results from the historical (black) compared to the sum of model results
from hist-nat, hist-GHG, and hist-aer cases (grey), along with the reconstruction using
fixed α for AA and GHG forcings but time-varying α for natural forcing (red, detailed
in the text). (a-c) 3-year running means of (a) the radiative response, (b) 50S-50N EIS
changes over ocean, (c) surface air temperature change. (d-f) 30-year regressions of same
variables as to their left (d-e) over surface temperature and (f) over time. Note that for T
and dT/dt, the reconstruction and sum are identical as the reconstruction uses the sum
of model output temperatures.

and the reconstructions:

Rrec(t) = αGHGTGHG(t) + αAATAA(t) +Rnat(t) (5.9)

Srec(t) =

(
dS

dT

)
GHG

TGHG(t) +

(
dS

dT

)
AA

TAA(t) + Snat(t) (5.10)

Trec(t) = Tsum(t) (5.11)

where all of R, S, and T are changes from the control state. The reconstructed R and S

changes are then regressed against the reconstructed T changes (i.e. the sum of model-

diagnosed T contributions) over 30-year sliding windows to produce (d-e), whilst (f) is

produced as a regression of T changes against time over 30-year windows.

The left column (a-c) shows that the reconstruction explains the overall R, S, and

T changes well, with correlations of ρ(Rrec, Rhist) = 0.90, ρ(Srec, Shist) = 0.79, and

ρ(Tsum, Thist) = 0.96. These are higher correlations than between the summed single-
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forcing results and the all-historical forcing results (ρ(Rsum, Rhist) = 0.83, ρ(Ssum, Shist) =

0.67), and significantly so (p < 0.002 matching correlations, in both cases). This is likely

fortuitous, as the reconstruction should at best closely match the sum of single-forcing

outputs. Mismatches between the reconstruction and the model-diagnosed values can be

attributed to missing forcings (ozone, land-use change) or non-linearities in responses to

different forcings, though the high correlations suggest these factors are minor.

The right column of Fig. 5.6 shows that α and dS/dT are also well-represented by the

reconstruction. Correlations are lower for the sliding regressions than for the raw values

(ρ(αrec, αhist) = 0.53, ρ(dS/dTrec, dS/dThist) = 0.62, ρ(αsum, αhist) = 0.56, ρ(dS/dTsum, dS/dThist) =

0.72) but always significant (p < 10−10). Looking at the plots qualitatively, the recon-

struction fails in a few places. These include the early period where the reconstruction

actually matches the diagnosed historical results well but not the sum of single-forcing

results, indicating a match for the wrong reasons, and around 1940 where the α and

dS/dT are underestimated. These periods also line up with periods of little T evolu-

tion (Fig. 5.6f), which suggests this could be a signal-to-noise issue as the regressions

become sensitive to very small changes in the denominator. Overall, however, the recon-

struction still captures the shape of how α evolves in the historical case. This supports

the reasoning that AOGCM-derived historical feedbacks can be interpreted in terms of a

time-varying mix of GHG, AA and volcanic forcings. Hence, any non-linearities that arise

from the combination of these agents do not play a first-order role for the time-variation

in historical feedbacks.

5.6 Explaining a stronger pattern effect from volcanic

forcing

Some insight into the impact of volcanic forcing on time-evolving feedbacks might be

gained by looking at particular eruptions, given that they exhibit very different forcing

patterns (Fig. 5.7). For example, Novarupta (1912) is a high latitude eruption that
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Figure 5.7: Zonal mean radiative forcing by latitude for various volcanic eruptions. Values
are time-averages using year preceding, the year of, and the three years following the
eruption.

causes NH extra-tropical forcing, unlike the larger Krakatoa (1883) and Pinatubo (1991)

eruptions which display more homogeneous forcing with a slight focus near the equator.

Given the effect of extra-tropical forcing found in chapter 4, we thus expect forcing

from Novarupta to result in a very small α. Unfortunately, the small signal (relative to

unforced variability) for all eruptions except for Krakatoa (1883) and Pinatubo (1991)

means that analysing individual eruptions is unreliable, with values highly dependent on

measurement specifics such as regression period (Fig. 5.8).

As highlighted by Fig. 5.2, the overall effect of volcanic forcing is to produce significantly

stronger (less amplifying) radiative feedbacks than GHGs. This can be seen when looking

at the overall α for hist-nat (pink) and is emphasised by regressions over only volcanic

forcing years (hist-nat-volc, red). In order to understand this, we look at the two most

significant volcanic eruptions of this period: Krakatoa (1883) and Pinatubo (1991). These

eruptions have clear signal in all of the models analysed here, with correspondingly the

largest responses in the MMM (Fig. 5.1).

In the analysis that follows, the “main volcanic” years that are discussed are years 1882–

1886 (for Krakatoa) and 1990–1994 (for Pinatubo), i.e. for each of the two main eruptions
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Figure 5.8: Radiative feedback parameter α against dS/dT , both calculated using re-
gressions centred on various volcanic eruptions, using 15-year windows (left) and 30-year
windows (right). Also shown are values calculated across the full 1850–2015 time series
for hist-GHG. All values are for the MMM.

we have taken the year before the eruption, the year of the eruption, and the three years

afterwards. These ranges were chosen to ensure that the full eruptions were captured,

with the year before included since the eruption dates are defined from yearly peaks in

forcing which can occur in the year after the actual eruption year (i.e. if the eruption

happened late in the year). The three years following the peak forcing year are included

to allow the volcanic forcing signal to decay to below noise (which happens within around

2–3 years). The Krakatoa and Pinatubo eruptions themselves are qualitatively similar in

terms of radiative forcing, as they are equatorial and occurred over NH summer months

(Mass & Portman, 1989; Stenchikov et al., 1998).

Unlike AA forcing (chapter 4), volcanic forcing from the two main eruptions of the

1850–2014 period does not show a noticeable tropical–extratropical contrast (Fig. 5.9a).

The significantly greater dS/dT for volcanic forcing is instead tied to warm pool temper-

ature change.

We make use of the SST# measure laid out by Fueglistaler (2019) to understand the

relevance of the SST change pattern to stability. We refer to the warm pool as the 30%

warmest tropical SSTs, as is done for the SST# index. This SST# measure is related to

stability, with warming in the warm pool (a deep convective region) tied to warming in the

troposphere as warming propagates easily from the surface to the atmosphere. Warming
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Figure 5.9: (a) Zonal patterns of forcing, normalised by global average forcing as in
Fig. 4.1 but including forcing from the two main volcanic events in the 1850–2015 period.
(b-c) Patterns of global average TOA effective forcing (b) and surface temperature change
(c) in climatological tropical SST space. y-axis values are normalised for each experiment
by the mean value over tropical SSTs i.e. such that all values would be unity for uni-
form tropical forcing/temperature change. Vertical grey dashed lines delimit the 30th
percentile bounds as used in the SST# measure, whilst horizontal dashed lines denote
average values on each side of the delimitation.

in less convective regions, by contrast, causes little change in tropospheric temperatures.

Thus the difference between warming between the warm pool and elsewhere is indicative

of tropospheric stability. Using SST# here therefore provides insight into why dS/dT is

larger under selected volcanic forcing by showing that warm pool warming is significantly

enhanced relative to average tropical SST warming. This is consistent with other work

that has found similarly enhanced warm pool SST warming when looking at Pinatubo-

style eruptions (Günther et al., 2022). Panel (d) seems to suggest that we should also see

greater warm pool warming for AA than GHG forcing, but the lack of this may be down

to the relative weakness of AA forcing over the tropics.

Apart from the forcing pattern, we propose another mechanism that may contribute to

the significantly larger dS/dT for volcanic forcing than for GHG forcing. This mechanism

is based on the short timescales on which volcanic forcing occurs, generally over only a few

years. Such short timescales suggest that upper ocean heat capacity cannot be ignored

as the upper ocean warms more quickly than if it has more time to transfer heat to the

deeper ocean (Gregory et al., 2015). This is not likely an issue for historical AA and

GHG forcings, since these evolve slowly over time, but in the volcanic case the forcings

appear and disappear abruptly, lasting only a few years at most. Given varying effective
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Figure 5.10: Map of climatological SSTs within the tropics, calculated from piControl
experiments.

ocean depths across the globe, which implies varying ocean heat capacities, it is expected

that forcing over very short timescales may result in a particular pattern of SST change.

Depending on this pattern (i.e. if it correlates with climatological SSTs), stability changes

per unit of temperature change may be larger on short timescales before substantial heat

transfer occurs from the upper ocean downwards.

M. A. A. Rugenstein et al. (2016) provide some insight into what this pattern might look

like (see their Fig. 4). For abrupt 4×CO2 forcing using CMIP5 data, they find an SST

change pattern that positively projects onto the climatological SST distribution within

the tropics (see Fig. 5.10), with greater warming in the warm pool and less warming

outside of deep convective regions. If the short timescale warming pattern found by

M. A. A. Rugenstein et al. (2016) is mostly due to the abrupt nature of the forcing, then

this could provide further explanation as to why strong short-lived volcanic events show

greater dS/dT (and hence larger α) than other historical forcing agents.

5.7 Summary and conclusions

The findings of this chapter can be summarised as follows:

• In the MMM, historical radiative feedbacks vary significantly over time, driven by

volcanic forcing and changing ratios of AA and GHG forcing.

• The amip-piForcing experiments show different α evolution than the historical ex-

periments, possibly as coupled GCMs fail to recreate observed SST patterns.

• dS/dT explains variations in α, outside of unforced variability, in each experiment
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as long as the forcing signal is sufficient and variations in dS/dT and α are above

noise (natural variability).

• SW feedbacks, both in CRE and clearsky, play a significant role for net feedback

differences among forcing agents. SW clearsky feedbacks differences are possibly

due to water vapour and albedo feedbacks.

• Experiments with individual historical forcing agents explain the evolution of his-

torical radiative feedbacks. Volcanic forcing dominates early on, while AA and

GHGs both contribute in the middle period. All three forcings contribute in more

recent years.

• Analysis of the strongest two eruptions of the 1850–2015 period (Pinatubo and

Krakatoa) highlight very large dS/dT for volcanic eruptions, which results in lower

climate sensitivity from their forcing.

• Large dS/dT for volcanic eruptions is tied to strong warm pool SST responses.

This is linked to volcanic forcing being stronger over the warm pool. The short-

term ocean response to forcing may also project more strongly onto the warm pool

SST, compared to the longer-term response.

Findings here using CMIP6 data are broadly consistent with those found by Gregory

et al. (2020) using CMIP5 data, with some exceptions. Significant time-variations in

MMM historical feedbacks are reaffirmed, and GHG forcing is similarly shown to have

little effect on decadal variations in feedbacks. That the time-evolution of feedbacks from

historical forcing can be explained through its component forcings also reaffirms that the

evolution of historical feedbacks is to some extent a result of evolving forcings, at least in

the MMM. A main difference in findings is in the variations in the hist-nat case, which

shows significantly more variation early on in CMIP6 than in CMIP5 data. Stronger

measured variation may be tied to the knowledge of evolving effective forcing, from the

CMIP6 piClim experiments, where Gregory et al. (2020) had to estimate this from aerosol

optical depth data. Knowledge of the strong forcing from Pinatubo (1991) also leads to

a different explanation of the final years of the historical simulation. Whereas Gregory et

al. (2020) posited that GHG forcing purely dominated towards the end of the period, we

93



suggest that the less positive α for AA forcing and more positive α for volcanic forcing

(both relative to GHG α) counteract each other such that the historical feedbacks are

similar to GHG feedbacks for the final years of the simulation.

Our results are mostly consistent with Dong et al. (2021), who also used CMIP6 data,

though we find more significant time-variation in feedbacks for the historical experiment,

especially during the period of slowly varying T around 1940. This is likely related to

our use of regressions on the MMM as opposed to Dong et al. taking the mean of model

regressions, which we expect to result in regression dilution (Gregory et al., 2020), giving

more amplifying feedbacks in Dong et al.’s method. We do not expect the inclusion/ab-

sence of data from GFDL-CM4’s historical experiment, which Dong et al. (2021) included

but we did not, to explain the difference.

The results from our work augment the body of research that points to the SST pattern

effect (Stevens et al., 2016), through stability and SW cloud feedbacks (Ceppi & Gregory,

2017, 2019; Kamae et al., 2019; Mackie et al., 2021), being related to radiative feedbacks.

We further confirm the work of Ceppi and Gregory (2019) and Salvi et al. (2022) that

points to a forcing agent dependence on radiative feedbacks, explained through this sta-

bility mechanism. We also affirm that the evolution of historical feedbacks, as well as

the evolution of feedbacks for historical single-forcing agents, is explained by stability

changes. This is a similar result to what has been found in works that highlight an evolu-

tion of feedbacks after the introduction of forcing, related to the pattern effect (Gregory

& Andrews, 2016; Paynter et al., 2018; Rohrschneider et al., 2019; M. Rugenstein et al.,

2020).

In determining the contributions of clouds, clearsky, SW, and LW to the feedback depen-

dence between forcing agents, we find that SW cloud feedbacks are significant similar to

the findings of Ceppi and Gregory (2019). Our findings disagree moderately with Ceppi

and Gregory (2019), however, by suggesting that SW clearsky is also important for ex-

plaining the agent feedback dependence as tied to stability changes. This disagreement

could be related to our simplistic breakdown into clearsky and CRE, as opposed to the
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breakdown into cloud and non-cloud components that Ceppi and Gregory (2019) used via

radiative kernels. Our analysis should also ideally be done with radiative kernels (Soden

et al., 2008; Pendergrass et al., 2018) for better comparison. If the disagreement persists,

this could indicate that the MMM behaviour is not the same as was found in the two

models used by Ceppi and Gregory (2019).

More experiments would be helpful in confirming this, alongside analysis using other

abrupt experiments such as abrupt-4xCO2. These experiments could include brief step-

forcing experiments in various patterns in order to identify how climatological SSTs cor-

relate with SST changes under such forcings. This would inform on whether differences in

forcing timescale are the main driver of differences in dS/dT between GHG and volcanic

forcings, by disentangling the contributions of forcing patterns and forcing timescales

from SST pattern changes.

The limited availability of volcanic forcing events in the historical period makes it unclear

whether strong volcanic eruptions would generally cause high dS/dT or whether this is a

quirk of the large events that have been observed. Further insight could be gained from

prescribed forcing experiments that mimic volcanic eruptions, but for example with these

eruptions set at different latitudes or times of the year (as done in Zhuo et al., 2021),

or by simulating stronger versions, or larger ensembles, of historically weaker volcanic

eruptions.

Further experiments involving historical forcing agents could also be useful. These could

involve experiments that only include historical volcanic, solar, land use, or ozone forc-

ings, which would fill in gaps of forcing contributions to the historical all-forcing case.

Other experiments could be performed to provide a breakdown of AA forcing into differ-

ent components such as historical BC and sulphate aerosols, since shifts in their relative

contributions to historical forcings may be important for the historical evolution of feed-

backs. For some of these, corresponding coupled AOGCM experiments already exist (e.g.

hist-volc and hist-sol; Gillett et al., 2016) and as such only fixed-SST AGCM experiments

would be needed in order to get the evolving adjustments required to calculate feedbacks.
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Other agents may require both AOGCM and AGCM experiments.
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Chapter 6

CONCLUSION

6.1 Summary of Thesis Achievements

The main goal of this project has been to improve our understanding of how radiative

forcing drives climate change, through improved physical process understanding which

can inform radiative forcing both within models. This work has demonstrated vari-

ous mechanisms, all tied to atmospheric stability, that contribute to each aspect of the

forcing–feedback–adjustment framework for understanding climate change. The key re-

sults from the analysis done here are as follows:

1. Tropospheric stability is an important factor in determining radiative

adjustments and radiative feedbacks due to forcing in the model world.

Stability describes rapid cloud fraction changes unrelated to surface warming, with

increasing stability tied to suppressed vertical mixing and thus increased low cloud

formation. Conversely, decreased stability encourages convection and thus encour-

ages formation of higher clouds whilst removing low clouds. Although models are

limited in their representation of convection, they seem to capture this expected re-

lationship between stability and clouds. This relates stability increases to negative

(cooling) adjustments as increased low clouds reflect incoming SW, whilst stability

decreases result in positive (warming) adjustments as some low cloud SW reflection

is removed whilst increased high cloud increases LW trapping. Stability changes

97



are also tied to radiative feedbacks, driven by surface temperature change. For

feedbacks, the pattern of surface warming drives stability changes that are related

to changes in low cloud amount and thus mainly SW instead of LW CRE. Positive

stability trends with surface temperature are tied to increased SW cooling from

increased low cloud reflection of incoming solar radiation. We find that stability

changes are not only linked to cloud feedbacks, but also clearsky feedbacks. This

could be due to lapse rate feedbacks, which occur as increased stability leads to

reduced lapse rates such that the greenhouse effect becomes weaker. Relative hu-

midity and albedo feedbacks may also play a role here, though for unclear reasons

as tied to stability changes.

2. Stability explains a forcing agent dependence on adjustments. Different

forcing agents cause different radiative adjustments, tied to differences in how they

affect atmospheric stability. Stability thus works as a way of explaining radia-

tive adjustment differences between forcing agents. This is related to the vertical

profile of atmospheric heating caused by given forcing agents, particularly the pres-

sure centroid (i.e. average height) of where heating is applied. Forcing agents

that cause heating focused at higher altitudes increase stability and thus positive

cloud-radiative adjustments, whilst heating at lower altitudes causes negative cloud-

radiative adjustments.

3. Stability explains a forcing agent dependence on feedbacks. This is tied

to the warming patterns caused by different agents, related back to their forcing

patterns and perhaps timescales of their forcing. We point to forcing patterns,

with increased stability change and thus lower effective climate sensitivity resulting

from agents that force more, and thus cause more warming, over convective regions

whilst higher effective climate sensitivity results from agents that force more in

non-convective regions.
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6.2 Future Work

It is our hope that the findings in this thesis will be expanded upon, with future research

to deal with the open questions raised here. The first of these questions relates to energy

input in the earth system, as discussed in chapter 3. We have looked at vertical heating

profiles within one model, but it would be interesting to see such an analysis using

a variety of models. Furthermore, it is of interest to understand the contribution to

radiative adjustments from the horizontal patterns of forcing. The analysis done here

used horizontally uniform atmospheric heating, but stability is not globally uniform,

and neither are the distributions of realistic forcing agents. Horizontally inhomogeneous

atmospheric forcing may therefore reveal regions where forcing contributes more or less

strongly to radiative adjustments.

Experiments with cos2 heating profiles centred at different levels in the atmosphere may

be useful when done in AOGCMs, to provide insight into how the vertical structure of

atmospheric heating contributes to radiative feedbacks instead of just adjustments. Given

that our analysis of radiative feedbacks was centred on atmospheric stability as related

to surface temperature change, such analysis of atmospheric heating may provide insight

into contributions to stability change that have not been covered here. This work was

originally intended, but was not performed due to a lack of access to the CESM model

shortly after the experiments from chapter 4 had been completed.

Our approach of using prescribed forcing patterns (section 4.4) has shown its merits

for understanding differences between tropical and extratropical forcing, and may be

applicable to other forcing agents. Volcanic forcing, for example, remains difficult to

analyse owing to significant forcing differences between eruptions. A prescribed forcing

approach might be taken whereby an idealised forcing pattern is used that mimics forcing

from different eruptions. This may elucidate surface warming pattern differences, and in

turn radiative feedback differences, between eruptions. Such experiments, alongside other

abrupt forcing experiments, may also provide insight into whether short forcing timescales
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are a driver of warming patterns that lead to higher effective climate sensitivity.

While stability provides much physical insight into radiative feedbacks and adjustments,

there does remain a potential issue in how stability is defined so that it accounts for the

effects we wish to explain. Throughout this work we referred to several measures, from

“bulk tropospheric stability” to near-global EIS, and also made use of indices that are

related to stability such as SST#. Each of these measures accounts for stability in slightly

different ways, and has been used in this thesis according to relevance, but a unified

measure would be ideal. New works have looked at other measures of stability such

as the “Estimated Cloud-Top Entrainment Index” (ECTEI) which may provide better

insight into low cloud changes (Koshiro et al., 2022). Such an analysis of indices for

stability remains as future work. Depending on how much these measures relate to

cloud and clearsky radiative effects, such work may also provide better insight into which

components are most important for describing the forcing agent dependence on radiative

feedbacks. A kernel decomposition of radiative feedbacks, which would allow for radiative

components to be broken down into contributions from clouds and clearsky components

such as lapse rate, relative humidity, and albedo changes (Soden et al., 2008; Pendergrass

et al., 2018), was absent here but would also likely be useful for this.

Though we have been successful in explaining much of the historical evolution of radia-

tive feedbacks within models, using the main forcing agents of the period, additional

accuracy could be afforded if the remaining forcing agents (land use change and ozone)

could be accounted for. Hence, our hope is that future modelling efforts may include

experiments with these individual historical forcing agents, so that the contribution from

these can be accounted for in our analysis. Ideally, solar and volcanic forcing would also

be disentangled with separate fixed SST experiments to be used with the pre-existing

hist-volc and hist-sol coupled experiments (Gillett et al., 2016). Obtaining these will

likely involve making proposals to CMIP for the next phase. Such experiments are likely

to be helpful for dealing with the failure of models to recreate observed historical SSTs

and feedbacks, by improving our understanding of the model world. Models still give us
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our best (only) estimates of future warming, and the limited observation record may be

unhelpful as an incomplete constraint on future warming. As such, pending many more

years of observations which can help better constrain models, the future work outlined

here should improve our understanding of the components that drive the evolution of

historical climate change within models so that these can be more accurately corrected

in the future as needed.
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Appendix A: Why Xhist

Thist
−XGHG

TGHG
anti-correlates well with Xaer

T aer
−XGHG

TGHG

Historical forcing over the years 1850–2015 was mainly comprised of AA and GHG forcing

(Forster et al., 2021). Though other forcings are significant at times within this historical

period, they contribute little on average to the overall period. As such, we expect that the

results from the historical case can be approximated as a sum of hist-GHG and hist-aer

cases:

Xhist ≈ XGHG +Xaer (A.1)

T hist ≈ TGHG + T aer (A.2)

Given that the global average surface air temperature changes T are, by definition, con-

stants in latitude and longitude, we can relate TGHG and T aer by some function of time

a:

T aer = a · TGHG (A.3)

This allows us to rewrite the expression, for the difference between feedbacks in the

historical case and the GHG case, in the following way:
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)

We expect that a < 0 for all points in time, since we expect aerosol to reduce surface air

temperatures where GHGs increase surface air temperatures. We also generally expect

that |a| < 1 since the historical case gives rising temperatures i.e. the aerosol forcing does

not outweigh the GHG forcing. As such, we expect that a
a+1

< 0 to provide the observed

anti-correlation.
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