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Abstract 46 

Here, we compare the ocean overturning circulation of the Early Eocene (47-56 Ma) in eight 47 

coupled climate model simulations from the Deep-Time Model Intercomparison Project 48 

(DeepMIP), and investigate the causes of the observed inter-model spread. The most common 49 

global meridional overturning circulation (MOC) feature of these simulations is the 50 

anticlockwise bottom cell, fed by sinking in the Southern Ocean. In the North Pacific, one model 51 

(GFDL) displays strong deepwater formation and one model (CESM) shows weak deepwater 52 

formation, while in the Atlantic two models show signs of weak intermediate water formation 53 

(MIROC and NorESM). The location of the Southern Ocean deepwater formation sites varies 54 

among models and relates to small differences in model geometry of the Southern Ocean 55 

gateways. Globally, convection occurs in the basins with smallest local freshwater gain from the 56 

atmosphere. The global MOC is insensitive to atmospheric CO2 concentrations from 1x (i.e. 280 57 

ppm) to 3x (840ppm) pre-industrial levels. Only two models have simulations with higher CO2 58 

(i.e. CESM and GFDL) and these show divergent responses, with a collapsed and active MOC, 59 

respectively, possibly due to differences in spin-up conditions. Combining the multiple model 60 

results with available proxy data on abyssal ocean circulation highlights that strong Southern 61 

Hemisphere-driven overturning is the most likely feature of the Early Eocene. In the North 62 

Atlantic, unlike the present day, neither model results nor proxy data suggest deepwater 63 

formation in the open ocean during the Early Eocene, while the evidence for deepwater 64 

formation in the North Pacific remains inconclusive.  65 

1 Introduction 66 

Large-scale ocean circulation is an important component of the Earth’s climate and is coupled 67 

with geochemical and biogeochemical processes in the ocean. As a key element of ocean circulation, the 68 

global meridional overturning circulation (MOC) affects the global climate by redistributing heat and 69 
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influencing air-sea interactions (e.g. Msadek et al., 2013; Rose & Ferreira, 2013; Trenberth & Caron, 70 

2001). MOC facilitates poleward meridional heat transport (e.g. up to 1.3 PW in the North Atlantic at 71 

26.5°N; Johns et al., 2011), making polar regions warmer than they would be otherwise. Over geological 72 

time, the variation in ocean circulation intertwines with the evolution of Earth’s climate system through 73 

direct and indirect processes (e.g. as summarized in Ferreira et al., 2018). As an example of direct 74 

processes, a changing MOC perturbs the pattern of heat transport, which in turn modifies large-scale 75 

climate features. Different MOC modes in the abyss can also indirectly influence the Earth system by 76 

partitioning carbon between different reservoirs through a multitude of geochemical and biogeochemical 77 

processes (e.g. Elsworth et al., 2017). For instance, dust-borne iron fertilization interacting with weakened 78 

Southern Ocean overturning has been proposed as the main cause of atmospheric CO2 drawdown during 79 

the latter stages of Pleistocene glacial periods (Chalk et al., 2017).  80 

Although the geological past is an imperfect analogue for the present and future, it remains the 81 

unique avenue for understanding large-scale Earth system behavior and sensitivity under changing 82 

climate states (Sherwood et al., 2020; Tierney et al., 2020). Across the spectrum of different climate states 83 

(Hothouse, Warmhouse, Coolhouse, Icehouse) during the past 66 million years (Westerhold et al., 2020), 84 

the Early Eocene (47-56 million years ago) was the last Hothouse interval (Bijl et al., 2009; Cramer et al., 85 

2011; Cramwinckel et al., 2018; Harrington et al., 2012; Hollis et al., 2009; Markwick, 1998; Pross et al., 86 

2012; Utescher & Mosbrugger, 2007). The Eocene thus offers a valuable opportunity to explore the 87 

response of ocean circulation under acute warmth, when higher temperatures led to enhanced global 88 

hydrological cycle and flattened latitudinal temperature gradients that had a stronger impact on density 89 

gradients (via the non-linear equation of state), and thus stratification and convection (e.g. de Boer et al., 90 

2007).  91 

The question of the operation and geometry of the global MOC during the Early Eocene is of 92 

great interest given the analogous hothouse climate of current global change. The paleogeography had a 93 

near modern-day configuration by the Early Eocene particularly with respect to polar continental 94 
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distribution, with Antarctica sitting centrally over the southern pole, and continent circling the Arctic 95 

Ocean at the North Pole. There were however, significant differences with respect to tectonically active 96 

regions. For example, in the Early Eocene, the Tibetan plateau was much lower than today, whereas the 97 

Rocky Mountains had almost reached their present day height (Herold et al., 2014). At low latitudes, open 98 

Panama and Tethys Seaways provided tropical ocean connections. In the Southern Hemisphere, closed or 99 

very narrow Drake Passage and Tasman Seaway connections separated different parts of the Southern 100 

Ocean from each other, although much uncertainty remains in the precise chronology of widening and 101 

deepening (Toumoulin et al. 2021: Bijl et al., 2013). At high northern latitudes the Arctic Ocean was only 102 

barely connected to the North Atlantic and was isolated from the Pacific Ocean (O’Regan et al., 2011). 103 

The effects of Eocene paleogeography on ocean circulation and climate have been widely investigated 104 

(Baatsen et al., 2020; Huber & Sloan, 2001; Hutchinson et al., 2019; Nong et al., 2000). Studies  105 

specifically exploring the effects of ocean gateways suggest that the opening of key gateways in both 106 

hemispheres may cause significant re-organization of the ocean circulation in climate models under 107 

Eocene condition (England et al., 2017; Nong et al., 2000; Roberts et al., 2009; Toggweiler & Bjornsson, 108 

2000). Furthermore, the interplay of different gateways’ effects on ocean circulation may have been 109 

significant (Ladant et al., 2018; Yang et al., 2014). For example, Yang et al. (2014) found that closing the 110 

Drake Passage tends to suppress North Atlantic deep water sinking and promote the emergence of a 111 

strong Southern Ocean overturning circulation, only when the Panama Seaway is open, such as during the 112 

Eocene; whereas the Atlantic MOC may remain intense when the Panama Seaway is closed.    113 

Given a much higher but uncertain atmospheric CO2 during the Eocene (Foster et al., 2017), 114 

several paleoclimate studies have explored the global MOC responses to changing atmospheric CO2 115 

concentrations in climate models ranging from idealized to coupled models. However, there is no 116 

consensus on the global MOC response among these studies yet, because modelling results suggest 117 

diverse responses depending on the model used (e.g. Hutchinson et al., 2018; Lunt et al., 2010; Monteiro 118 

et al., 2012). On the one hand, MOC strength weakens under high CO2 conditions in some models 119 
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(Hutchinson et al., 2018; Lunt et al., 2010). On the other hand, Monteiro et al. (2012) simulated an 120 

increased MOC with elevated CO2 concentrations using the GENIE model, and Thomas et al. (2014), 121 

Winguth et al. (2012) and Donnadieu et al. (2016) found insensitive MOC responses. Several factors, 122 

such as different simulation setups and durations  may partially explain these discrepancies, as discussed 123 

in Zhang et al. (2020). The divergent responses are also likely related to different bathymetry boundary 124 

conditions. For instance, due to the lack of a widely available Eocene bathymetry reconstruction, most 125 

earlier modelling studies used modern-day bathymetry with local modifications, which may be 126 

problematic because the impact of straits and other paleogeographic features on ocean circulation are 127 

coupled (e.g. Ladant et al., 2018; Yang et al., 2014). Therefore, these various model configurations make 128 

it difficult to address questions on the potential states of the Eocene overturning circulation. Inter-model 129 

comparisons of results, using the same set of paleogeographic boundary protocols, can overcome this 130 

obstacle, improve the robustness of interpretations and narrow the range of uncertainties. 131 

Within the Deep-Time Model Intercomparison Project (DeepMIP, https://www.deepmip.org/), a 132 

group of model simulations, including CESM1.2 (hereafter CESM), COSMOS, GFDL-CM2.1 (hereafter 133 

GFDL), IPSL-CM5A2 (hereafter IPSL), MIROC4m (hereafter MIROC), HadCM3B(L), NorESM1-F 134 

(hereafter NorESM) and INMCM, has been conducted with the early Eocene extreme warmth boundary 135 

conditions. The large-scale features of surface temperature in these simulations are presented in Lunt et 136 

al. (2021). The aim of this study is to explore Eocene ocean circulation, by comparing global ocean 137 

circulation in these DeepMIP simulations (except INMCM, which only carried out a simulation at 6x 138 

(1680 ppm) pre-industrial CO2 concentration). Our goal is to determine the most likely overturning 139 

circulation state from the various independent model results, and further integrate them with knowledge 140 

from proxy data. For consistency in climate forcing, we focus mainly on the 3x CO2 experiments for the 141 

intercomparison, which are available for nearly all of the DeepMIP models. 142 

Following this introduction (Section 1) the paper is divided into three additional sections. Section 143 

2 provides a brief summary of the models used and describes the simulation setup. Section 3 presents the 144 
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model results of the globally integrated MOC. This includes identifying the MOC features shared across 145 

models, discussing inter-model comparison and analyzing MOC responses to different atmospheric CO2 146 

concentrations. This section ends with a narrative that provides an integrated perspective on proxy and 147 

model evidence for early Eocene ocean circulation. The conclusions are presented in Section 4. 148 

2 Models and simulations  149 

The nine climate models in the DeepMIP and the Eocene simulations are documented in 150 

detail in Lunt et al. (2021). Here, we briefly summarize the models and simulation setups with a 151 

focus on the ocean components.  152 

2.1 DeepMIP models  153 

The DeepMIP models are all coupled Earth system models, including CESM1.2, 154 

COSMOS, GFDL-CM2.1, HadCM3B, HadCM3BL, IPSL-CM5A2, MIROC4m, NorESM1-F 155 

and INMCM. The main components of the Earth system are represented by relevant modules, as 156 

listed in Table S1. Key information on the ocean components and the associated sea ice modules 157 

is also summarized in Table S1. The ocean spatial resolution and the parameterization of 158 

diapycnal mixing varies widely across models, as summarized in Table S1 and described in SI.   159 

2.2 Simulation setup 160 

The DeepMIP simulations are designed to simulate the Early Eocene period of extreme 161 

warmth. The main changes in boundary conditions from the pre-industrial (PI) period include the 162 

specification of Eocene bathymetry, paleogeography and varied atmospheric CO2 concentrations. 163 

Following Lunt et al. (2017), simulations employed bathymetry protocols in a hotspot reference 164 

frame (Herold et al., 2014), except for the NorESM simulation, which used a paleomagnetic 165 

reference bathymetry frame (van Hinsbergen et al., 2015). These two frames differ slightly, such 166 

as in the angle of rotation of the Antarctic continent and widths of the Drake Passage and 167 
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Tasman Gateway (Fig. S1). The general bathymetries on individual model grids are comparable 168 

except for some detailed differences around straits due to multiple reasons (e.g. different 169 

bathymetry frames and various model resolutions as explained in Section 3.2.2). The bathymetry 170 

in the Southern Ocean of each model is provided in the SI (Fig. S1) with their strait geometry 171 

summarized in Figure 4A and 4B. Regarding the atmospheric CO2 concentration, the main 172 

Eocene control simulation was run at 840 ppm (three times the PI level, labelled as 3x). In 173 

addition to the main simulation, a set of CO2 sensitivity experiments are included for each model 174 

(Table S1). All models have simulations with CO2 concentrations ranging from 280 ppm (i.e. PI 175 

levels) to 840 ppm (or even higher). The GFDL and CESM simulations extended CO2 176 

concentrations to 6x and 9x, respectively. The NorESM simulations were run with 2x and 4x 177 

CO2 levels (as the main Eocene simulation). INMCM was excluded from the analysis, because 178 

only a 6x CO2 simulation was run, in which large uncertainties start to emerge. A PI simulation 179 

was run for all models, with PI bathymetry and 1x CO2.    180 

The initial ocean temperature and salinity in simulations were set approximately 181 

following Lunt et al. (2017). Briefly, the initial temperatures were latitude- and depth-dependent 182 

with a globally averaged value ranging from 5°C (MIROC) to 17°C (CESM) (Table S1 and Fig. 183 

S2). The initial salinity was homogeneously set to a value of 34.7 psu in most of the simulations, 184 

except for CESM, which uses a larger value of 35.4 psu, and NorESM, which uses a smaller 185 

value of ~34.2 psu (Table. S1). The Eocene boundary conditions, which are significantly 186 

different from those of the present day, imply that simulations will require a long time to reach 187 

an equilibrium state (Kennedy-Asser et al., 2020). The simulation lengths varied from 2000 years 188 

in CESM and NorESM to over 7000 years in COSMOS (Table S1). Examination of the changes 189 

in temperature shows that most simulations reached quasi-equilibrium states with remaining 190 
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deep-ocean temperature drifts over the last 1000 years being less than 0.5°C, except for the 191 

CESM and NorESM simulations with higher CO2 levels (e.g. 1.1℃ in CESM-3x and 0.7℃ in 192 

NorESM-4x Fig. S2). 193 

3 Results and discussion 194 

3.1 The overall pattern and strength of the global MOC 195 

3.1.1 Modern overturning circulation  196 

Before exploring the Eocene ocean circulation in the models, it is important to first 197 

evaluate the models’ performance under known modern conditions. The simulated global MOC 198 

is presented by the classical streamfunction in the (westward-facing) latitude-depth plane (Fig. 199 

1A), which was computed using the full meridional velocity fields (including separate Eulerian 200 

velocity and Bolus velocity in nearly all models). The PI global MOC in all models is composed 201 

of the traditional upper and lower cells associated with bipolar deep convection (Fig. 1). The 202 

location of deep convection is indicated by the deepest mixed layer depth (MLD) in the 203 

simulations, although the absolute MLD values are not exactly comparable across the models 204 

(e.g. an overall smaller MLD values in HadCM3B than in the other models) due to different cut-205 

off values being employed to define the MLD in different models.  206 

The upper MOC cell, as shown by positive streamfunction values, circulates clockwise 207 

(positive values) and is supplied by North Atlantic Deep Water (NADW) primarily formed in the 208 

Nordic Seas (Fig. 1B). The NADW propagates southward and forms a lower branch of the 209 

Atlantic Meridional Overturning Circulation (AMOC). There is good inter-model agreement in 210 

the general AMOC structure with the maximum flow being reached north of 40°N around 1 km 211 

depth (separated AMOC not shown here), which also fits the observed AMOC structure (e.g. 212 
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Lumpkin and Speer, 2007). The simulated AMOC strength varies from 10 Sv in HadCM3BL to 213 

24 Sv in CESM and GFDL, while the remaining models producing an AMOC intensity of 12-16 214 

Sv. The latter group is close to the range of observations, 17±3 Sv (Lumpkin and Speer, 2007), 215 

which might imply that we can perhaps have higher confidence in their simulations on AMOC 216 

intensity.  217 

The lower cell circulates anticlockwise (negative values) and is fed by the bottom waters 218 

formed around Antarctica (AABW). The maximum streamfunction value of this lower cell is 219 

reached below 3 km depth at varied latitudes ranging from 65°S to 35°S. This range probably 220 

corresponds to two cores of overturning streamfunction in density and pressure levels (Lumpkin 221 

and Speer, 2007). Three models (IPSL, COSMOS and GFDL) simulate those two-core 222 

structures, while other models simulate a dominant bottom core. This seems to imply a better 223 

performance of the first group, but the wind-driven Deacon cell issue may complicate the 224 

comparison (Döös & Webb, 1994). AABW strength varies between models (Fig. 1). This lower 225 

cell strength is relatively weak (6-8 Sv; Table S2) in CESM, COSMOS and GFDL, but the 226 

remaining two models (IPSL and MIROC) show a stronger rate of deepwater formation (16-17 227 

Sv; Table S2). With a large uncertainty range, the observation-based estimates (21±7 Sv, as 228 

summarized in Table S2) suggest a strength similar to the model of the latter group (Orsi et al., 229 

1999). When considering both structure and strength, IPSL probably is a reasonable for 230 

simulating the lower MOC cell, although the larger uncertainty ranges in the observation 231 

themselves need to be taken into account. 232 

3.1.2 Eocene overturning circulation 233 

In the Eocene simulations, the overall structure of the MOC in most models (i.e., six out of eight, 234 

with two exceptions being GFDL and NorESM) is dominated by a single inter-hemispheric overturning 235 
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cell with deep water generally forming in the Southern Ocean. This Southern Ocean cell is henceforth 236 

referred to as SO-MOC. (Fig. 2). In these six models, MLD values indicate deep water formation in the 237 

Pacific sector in the COSMOS simulation, in the Atlantic and Indian sectors in the CESM and 238 

HadCM3B(L) simulations, and in all three SO sectors (Atlantic, Indian, Pacific) for the IPSL and 239 

MIROC simulations (Fig. 2B). Deepwaters then spread northward below ~2000 m, and fill individual 240 

oceans. The SO-MOC is associated with an upwelling branch extending over the whole Northern 241 

Hemisphere, closing the anti-clockwise overturning circulation. The strength of this SO-MOC in these 242 

models varies, ranging from 33 Sv in IPSL to 28 Sv in CESM and COSMOS to 12 Sv in HadCM3B(L). 243 

The maximum SO-MOC value is reached at latitudes of 61-67°S and at depths of 1.2-2.4 km.  244 

In contrast to these six models, the two other models (GFDL and NorESM) show different global 245 

MOC results. The global MOC of the GFDL is dominated by a clockwise circulation, similar to today, 246 

but with a deep MLD in the Pacific (Fig. 2B) and a Pacific meridional overturning circulation (PMOC in 247 

Fig. 3). A maximum PMOC of 16 Sv is reached at 57°N at a depth of 0.7 km (Fig. 3). Compared to the 248 

vigorous deep convection exhibited in the other models, the abyssal ocean in the NorESM runs is almost 249 

stagnant with a weak abyssal circulation (4 Sv) at ~60°S. The main feature of the NorESM simulation is 250 

the shallow-to-intermediate waters (e.g., upper 1 km), formed in the North Atlantic with a maximum of 251 

18 Sv (Fig. 3). 252 

None of the models show deep overturning circulation (below 2000 m) in the open North Atlantic 253 

(Fig. 3). This is likely due to a combination of freshwater forcing and the basin geometry being 254 

unfavorable. The early Eocene North Atlantic has a much reduced width compared with modern day, and 255 

is restricted to mid-to-low latitudes (Herold et al., 2014). Moreover, north of approximately 40 N, the 256 

Atlantic receives a large freshwater flux input (Table 1), from both sides of the basins (Fig.S4a). . In 257 

addition, there is a substantial outflow of fresh surface waters from the Arctic, due to the geometry of the 258 

Eocene Arctic Ocean (Hutchinson et al, 2018). This outflow of freshwater greatly reduces North Atlantic 259 

salinity and thus low surface water density, probably prevents deep water from forming in the Atlantic 260 
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(Coxall et al., 2018, Hutchinson et al., 2019; Roberts et al., 2009; Stärz et al., 2017; Vahlenkamp et al., 261 

2018). 262 

MIROC and NorESM simulations show an intermediate overturning circulation (Fig. 3) with 263 

dense water forming in the Labrador Sea, specifically on the continental shelf of Baffin Bay (Fig. 2B). 264 

The continental shelf may provide a favorable basin condition for deepwater formation through so-called 265 

cascading or slip-down process (Marson et al., 2017), which is a different process to generate deep 266 

convection compared with open ocean convection. Cold and salty water formed in winter, associated with 267 

cooling, can mix with ambient water, producing a plume that overflows and slides down the slope as a 268 

gravity current. As shown in MIROC and NorESM, the high latitude (up to 75°N) of Baffin Bay can be a 269 

suitable region for deepwater formation as long as the surface forcing allows it, as will be discussed in 270 

Section 3.2.1.  Deepwater formation and export in the Labrador Sea during the Early and Middle Eocene, 271 

however, is not supported by sedimentary or geochemical data, which imply relatively restricted and 272 

stagnant conditions in the basin (Cramwinckel et al., 2020; Kaminski et al., 1989). 273 

One hypothesis emerged earlier to explain warm bottom waters during the Early Cenozoic 274 

suggesting warm saline deep water (WSDW) in low latitudes, such as in the Tethys Ocean (Brass et al., 275 

1982; Barron and Peterson 1991; Wright and Miller 1993; Huber & Sloan 2001). However, with the early 276 

Eocene bathymetry, DeepMIP models simulate no WSDW sinking in the Tethys or elsewhere in tropical 277 

regions, probably due to an unfavorable continental configuration (i.e. restricted Tethys Ocean). 278 

3.2 Explaining the inter-model spread  279 

The large spread of model results for global MOC strengths can be due to a range of 280 

factors that involve the interplay of dynamic and thermodynamic processes in the ocean and 281 

atmosphere. Below, we explain this inter-model spread by examining the main factors of the air-282 

sea interaction, strait geometry and divergent diapycnal mixing.  283 
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3.2.1 Sea-surface freshwater flux 284 

Previous studies have demonstrated the key role of local sea-surface freshwater forcing in 285 

determining the location of deepwater formation. The asymmetric deepwater formation between 286 

the North Pacific and North Atlantic under present-day conditions has been partly attributed to 287 

the differences in sea-surface freshwater forcing and the resulting ocean salinity (Craig et al., 288 

2017; Ferreira et al., 2018; Zaucker et al., 1994). Intriguingly, a recent modelling study found 289 

that the redistribution of rainfall induced by the Rocky Mountains between the two basins may 290 

be a key to this asymmetry and that the artificial removal of the mountain range transfers the 291 

deep convection from the North Atlantic to the North Pacific (Maffre et al., 2018). The Rocky 292 

Mountains have existed from ca. 80-85 Ma (English & Johnston, 2004). They may have thus 293 

been routing freshwater into the Pacific since this time, although the effect was likely reduced in 294 

the Early Eocene compared to the mid and late Eocene, when further uplift of the Central Rocky 295 

Mountains and adjacent Great Plains occurred (Fan & Carrapa, 2014). A more direct link 296 

between the freshwater flux and deepwater formation has been reported by Baatsen et al. (2018). 297 

They found that a relocation of 1 Sv freshwater flux from the South Pacific to the North Pacific 298 

can shift the deepwater formation from the North Pacific to the South Pacific under late Eocene 299 

climate conditions (38 Ma).  300 

Freshwater exchange with the atmosphere and continental river runoff is the only external 301 

forcings on the surface salinity in the Early Eocene, when the climate was too warm to allow sea 302 

ice in deepwater formation regions. Changes in sea-surface freshwater flux on the basin scale can 303 

trigger deep convection and deepwater formation via strong modification of surface ocean 304 

salinity (Zhang et al., 2020). The net air-sea freshwater flux is expressed as precipitation plus 305 

runoff minus evaporation, representing the net freshwater flux into the ocean with positive values 306 
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indicating water gain in this study. The freshwater flux map (Fig. S3A) shows that large scale 307 

patterns are dominant by various components and consistent with general modern climate 308 

patterns (e.g. equatorial rainfall and subtropical dry zone).  309 

To quantitatively link freshwater flux to deepwater formation, we calculated the FWF 310 

budget of several regions that potentially host deepwater formation (Table 1). These regions 311 

include the North Pacific, North Atlantic, South Pacific, South Atlantic and South Indian Ocean, 312 

as indicated in Figure 2B. The absolute freshwater flux budget differs between the individual 313 

simulations, which complicates the inter-model comparison. However, the relative differences 314 

between regions of each model are good indicators of deepwater formation. The smallest 315 

freshwater flux value, representing the least freshwater gain in the ocean, points to the basin 316 

hosting deepwater formation, in particular for basins with clear, closed boundaries. For GFDL, 317 

the smallest freshwater flux value is found in the North Pacific (0.51 m/yr); for both CESM and 318 

IPSL, it is found in the South Atlantic (0.59 and 0.46 m/yr); and for COSMOS, it is found in the 319 

South Pacific (0.83 m/yr). All areas with minimal freshwater flux gain exhibit deepwater 320 

formation (Fig. 2B & Table 1). The coexisting relationship between the smallest freshwater gain 321 

budget and deep convection further highlights the key role played by freshwater flux in 322 

deepwater formation. We note however that the overall freshwater flux budget can be both a 323 

forcing factor and a diagnostic indicator of ocean advection feedback, due to the presence or 324 

absence of overturning circulation (Ferreira et al., 2018). 325 

3.2.2 Strait geometry constraints on deepwater formation 326 

The role of strait geometry in regulating inter-basin exchange of water masses of 327 

different salinities (Fig. S4B) and ultimately in constraining the location of deepwater formation 328 

is clearly reflected in the results. Despite the common bathymetry protocol of Herold et al. 329 
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(2014), the actual configurations of the straits in individual simulations differ slightly due to 330 

differences in model resolution and choices made when converting the paleogeography to a 331 

model grid (Fig. 4). All of the ocean models used in DeepMIP require some manual adjustment 332 

when generating a practical paleogeography. For instance, the models require a minimum strait 333 

width of two grid cells so as to have non-zero velocity through the strait, and some degree of 334 

arbitrary choice is required to satisfy this condition, which leads to slightly different final strait 335 

configurations in each model. In general, coarser resolution models tend to have wider straits due 336 

to the requirement of at least two grid cells (Fig. 4A & 4B).  337 

The net transports through the main straits, including the Drake Passage, the Tasman 338 

Gateway, the Panama Seaway and the Strait of Gibraltar, in the DeepMIP simulations are 339 

summarized in Table S3, and are crucial for controlling the degree to which seawater in adjacent 340 

basins differ in salinity. According to their geographical locations, these straits can be divided 341 

into two groups: high-latitude straits and tropical straits. For the high latitude straits (i.e., Drake 342 

Passage and Tasman Gateway), inter-basin exchange plays an important role in setting the 343 

location of deepwater formation. Inter-basin exchange of seawater with different salinities (Fig. 344 

S4B) may modify the salinity budget in a basin, which is a key for setting up vertical 345 

stratification (e.g. Wolfe & Cessi, 2014). Inter-basin exchange in the Southern Ocean is 346 

accommodated by a shallow eastward-flowing proto-Antarctic Circumpolar Current (at bit 347 

shallow depth?). The strength of the oceanic current approximately follows the size of the strait 348 

in the models (defined as width*depth). For the Tasman Gateway, the current strength ranges 349 

from 1 Sv in CESM, IPSL, GFDL to 17 Sv in HadCM3BL (Fig. 4C). The Tasman Gateway in 350 

COSMOS is closed and thus freshwater (as shown in Fig. 4B & S4B) is prohibited from entering 351 

the South Pacific basin, which favors strong deep convection there. By contrast, the open 352 



16 
 

Tasman Gateway in other simulations allows for eastward currents that weaken or prohibit 353 

Pacific deepwater formation in the South Pacific. A wider Tasman Gateway in HadCM3B and 354 

HadCM3BL (compared with the other models) allows for stronger eastward flow of relatively 355 

fresh water that hinders active deep convection in the South Pacific sector. For the Drake 356 

Passage, all models suggest eastward transport with the highest strengths of up to 14 and 26 Sv 357 

in HadCM3B and HadCM3BL, respectively. This strong eastward transport in HadCM3B and 358 

HadCM3BL is associated with their deeper Drake Passage, despite a width similar to those of 359 

other models (Fig. 4A). Dinocyst assemblages from the early-middle Eocene suggest that the 360 

Tasman Gateway was closed prior to ~50 Ma (Bijl et al, 2013). Inter-basin thermal 361 

differentiation and geochemical proxy data suggest that Drake Passage has remained closed until 362 

the middle to late Eocene, as reviewed by Toumoulin et al., (2021). This observation, combined 363 

with the DeepMIP model results, suggests that favorable conditions for South Pacific deepwater 364 

formation existed in the Early Eocene. 365 

Compared with these high-latitude straits, the effects of tropical straits in explaining 366 

inter-model variation of deepwater formation are more indirect and less clear, due to the 367 

complexity of teleconnections between the tropics and deepwater formation regions. The models 368 

show a large variation in net volume transports across the Panama Seaway, ranging from 13 Sv 369 

eastward transport in COSMOS to 24 Sv westward transport in GFDL. Like the high-latitude 370 

straits, these differences are probably associated with differences in model configurations, as 371 

well as the alignment of straits with easterly trade winds. In addition, a previous relationship 372 

analysis (Omta & Dijkstra, 2003) showed that the transport through the Panama Seaway is also 373 

linearly related to the transport through both the Tethys Seaway and the Drake Passage. For 374 

instance, strong westward transport in NorESM and GFDL is seemingly related to strong 375 
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currents across the Gibraltar, although the different model-grid configurations make this inter-376 

model comparison difficult (Table S3). For the Strait of Gibraltar, all simulations show westward 377 

transport, with the strength ranging from 9 Sv in CESM and COSMOS to 24 Sv in NorESM. 378 

Comparing these different transports with the MOC results, we do not find any clear indication 379 

that transport through straits relates to overturning strength directly.  380 

Open tropical straits allow for considerable zonal water mass transport during the 381 

Eocene, which coexists with convection in one hemisphere. This observation contrasts with the 382 

bipolar mode of convection during the PI period, when tropical east-west transport was absent. 383 

We therefore suggest that the vigorous transport through tropical straits during the Eocene may 384 

have favored unipolar convection, although variations in the intensity of the hydrological cycle 385 

may affect this transport under different CO2 levels (see Section 3.3). Vigorous east-west 386 

currents are likely to prevent the water masses above the strait depth from crossing the equatorial 387 

region and so that convection is favored in just one polar region. The unipolar convection model 388 

implies a different closure scheme from the present-day context, for example sinking water was 389 

supplied by water mass flow from other places where deepwater come out into shallow depth, 390 

rather than from inter-hemisphere flow (Zhang et al., 2021). This hypothesis also seems 391 

compatible with previous studies on the effects of open and closed straits. For instance, Yang et 392 

al. (2014) found that an open Panama Seaway, together with a closed Drake Passage, can 393 

promote the emergence of single-cell circulation (in the latitude-depth plane) with deepwater 394 

formation in the Southern Ocean by suppressing NADW formation. Moreover, Zhang et al. 395 

(2012) proposed that the closing of tropical seaways invokes the transition of ocean circulation 396 

from a Southern Ocean deepwater-dominated mode to a modern-like ocean circulation with 397 

bipolar convection (i.e. both NADW and AABW formation). Nevertheless, there are also models, 398 
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such as the late Eocene (38 Ma) GFDL model, which found bipolar convection in Pacific basin 399 

with an open Panama Seaway (Hutchinson et al., 2019). 400 

3.2.3 The role of salt-advection in maintaining deepwater formation  401 

Once the ocean circulation differences are set by "external" factors, such as the 402 

atmospheric freshwater forcing and geometry differences discussed above, they can be 403 

maintained by heat and salt-advection feedbacks, similar to the present-day Atlantic MOC 404 

(Ferreira et al., 2018). As a result of horizontal exchange with the ambient ocean and the vertical 405 

interaction with the atmosphere, salinity is often used as an important tracer to diagnose ocean 406 

circulation patterns. Salinity also impacts density and thus stratification of the water column in 407 

cold high-latitude regions where deep water can be formed. In this sense, relatively high sea-408 

surface salinity (SSS) discloses places where salt-advection feedbacks occur. For the PI 409 

simulation, all the DeepMIP models reproduce substantially enhanced SSS in the North Atlantic 410 

(highlighted by thick lines in Fig. 5A) compared with the North Pacific, with “double saddles” 411 

latitudinal-wise peaking (up to 36 psu) at the latitudes of ~30°N/S, although absolute salinity 412 

values vary between models. For the North Atlantic basin, all models’ salinities are within 1 psu 413 

of observations at the PI. By contrast, some obvious inter-model differences are found in the 414 

Pacific basin. In particular, HadCM3BL shows a fresher North Pacific than other models and the 415 

observations by over 2 psu (up to 5 psu at 60°N). This overall low Pacific salinity in HadCM3BL 416 

has been noted in an earlier study (Valdes et al., 2017) and is mainly due to freshwater input 417 

from the surrounding continents. The freshwater input seems also related to its coarse resolution, 418 

since such salinity bias is much smaller in the higher resolution version HadCM3B. To 419 

summarize, most of the models are within 1 psu of observations at the PI and not obviously 420 

better than others, except for the HadCM3BL model which has some biases in its hydrological 421 



19 
 

cycle at high latitudes, implying its Eocene MOC values in the Pacific may have greater 422 

uncertainty than in the other models. 423 

Similar to the present day, the early Eocene SSS spatial patterns, to first order, are a 424 

“double-saddle” latitudinal variation that is primarily controlled by freshwater flux from the 425 

atmosphere. More importantly, the basin scale SSS differences are noticeable, which is 426 

indicative of whether deepwater formation is confined to a particular basin among individual 427 

models and also distinguishes the locations of deepwater formation within a model. In most 428 

cases, relatively high salinity values in the high latitudes (highlighted by thick lines in Figure 5B) 429 

reflect the presence of deepwater formation. In the North Pacific basin, the GFDL simulation 430 

shows the highest salinity and exceptional deepwater formation compared with other models. In 431 

the South Pacific, COSMOS, IPSL and MIROC show higher salinity than other models, which is 432 

consistent with deep convection occurring there. Similarly, the high salinity of the North Atlantic 433 

in NorESM and MIROC, and of the South Atlantic in CESM and IPSL indicate convection in 434 

these regions. It is worth mentioning that such a relationship between the salinity and deepwater 435 

formation is exceptionally unclear in HadCM3B, probably because of its salinity bias as 436 

discussed above. In other words, a fresh salinity bias in the North Pacific would prevent deep 437 

convection there.    438 

3.2.4 Divergent diapycnal mixing parameterization 439 

Diapycnal mixing can strongly affect the overturning circulation by reducing density and 440 

raising the buoyancy of the abyssal water near the rough bottom, providing the necessary upward 441 

motion of deep water needed to counterbalance the downward flow of cold and dense deep water 442 

at high latitudes (Munk, 1966; Munk & Wunsch, 1998) and in the interior by mixing (Ferrari et 443 

al., 2016; de Lavergne et al., 2017). Previous studies have quantitatively linked tracer diffusion, 444 
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as a parameterized process contributing to diapycnal mixing in the model, to the strength of the 445 

overturning circulation. With some simplifications, the strength of the overturning circulation is 446 

proportional to the diffusivity coefficient (Kv2/3), both in theoretical and idealized model 447 

simulations (Nikurashin & Vallis, 2011). For example, Thomas et al. (2014) used the MITGCM 448 

model to test the effect of different degrees of diffusion on ocean circulation during the Early 449 

Cenozoic and found a circulation response very sensitive to vertical diffusivity.   450 

With various parameterization schemes among the models (summarized in SI), vertical 451 

diffusion decreases along the depth of the water column with intense diffusivity at the surface 452 

mixed layer and weak diffusion below the thermocline (Fig. S4). The horizontally averaged 453 

vertical diffusion can vary by as much as two orders of magnitude across these models (Fig. 454 

S4B). The magnitudes of these upper enhancements vary among the models due to different 455 

parameterization schemes used in simulations (Table S1). The diffusion in the Richardson 456 

number-dependent parameterization scheme (known as PP scheme, see Pacanowski & Philander, 457 

1981for more details), as used in the HadCM3 and MIROC models, is generally weaker than in 458 

models with explicitly incorporated diffusion, such as CESM, COSMOS and IPSL. In particular, 459 

at depths of 500 m to 3500 m, diffusivity ranges from 10-4 m s-2 in HadCM3 and MIROC to 10-2 460 

m s-2 in CESM, COSMOS and IPSL. The geographical pattern of this tracer diffusion is depth-461 

dependent. The strong diffusion in the upper ocean is most obvious over regions of deep 462 

convection. At greater depths (e.g. 4000 m, as in Fig. S4B), diffusion is enhanced near rough 463 

bottom topography features, which is consistent with our understanding of strong vertical mixing 464 

in the deep oceans (Ferrari et al., 2016; Ledwell et al., 2000). 465 

Enhanced diapycnal mixing seems to lead to increased global MOC strength within 466 

simulations performed with models using the same parameterization schemes. For example, the 467 
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slightly stronger MOC in HadCM3B compared with that in HadCM3BL (due to removal of the 468 

Richardson number dependency; see Valdes et al., 2017) is in line with the enhanced vertical 469 

diffusion of HadCM3B (Fig. S4). Furthermore, the additional tidal mixing that was not taken 470 

into consideration in simulations contributes to 7 Sv of the Southern Ocean MOC in the IPSL 471 

simulation by enhanced abyssal diffusivity (Fig. S5). However, it is not straightforward to apply 472 

this relationship across all models, which use different mixing schemes. Models are tuned to 473 

reproduce realistic ocean circulation under PI conditions, and with many different model-grid 474 

configurations and parameterization schemes, which are not directly comparable with one 475 

another.   476 

3.3 Global MOC response to atmospheric CO2 level for the Early Eocene 477 

Results show that the structure and strength of the global MOC for most DeepMIP 478 

simulations (all except CESM and GFDL) are relatively stable over a range of atmospheric CO2 479 

concentrations, from 1x to 4x PI levels (Fig. 6). Overall, the simulated SO-MOC exhibits a 480 

similar structure across multiple CO2 levels up to 3x (at least) with minor changes in circulation 481 

strength. GFDL simulations are the exception, because they feature a very weak South Pacific 482 

sinking at 1x and 2x CO2, but not from 3x CO2 upward, whereas the PMOC remains active 483 

throughout. The change in South Pacific sinking in the GFDL model is in line with their much-484 

reduced surface freshwater flux (0.35 m/yr and 0.57 m/yr in 1x and 3x, respectively). This is 485 

likely related to the presence of sea ice at lower CO2 levels, which then disappears at higher 486 

levels of CO2 (not shown), as discussed by Hutchinson et al. (2018). Another exception is 487 

intermediate water formation in CESM, which shifts from the North Atlantic to the North Pacific 488 

when CO2 is increased from 1x to 3x (see also Fig. 2B). This reorganization of intermediate 489 

water formation in CESM is likely associated with changes in the inter-basin atmospheric 490 
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moisture transport under different CO2 levels, which is consistent with the surface evaporation 491 

flux (as defined by the residual of total freshwater flux minus precipitation; Fig. S6). A similar 492 

switch from North Atlantic to North Pacific convection has been reported in a previous 493 

modelling study using CESM with an increase of CO2 from 280 ppm to 400 ppm and a PI 494 

bathymetry configuration (Burls et al., 2017). These similarities suggest that inter-basin variation 495 

in Northern Hemisphere intermediate water formation may be a unique feature of the CESM 496 

model.  497 

In extremely high CO2 (6x) simulations, the abyssal MOC in CESM collapses due to a 498 

highly stratified ocean. This is likely due to the relatively short simulation length of CESM and 499 

its initiation from cooler than equilibrium conditions, as indicated by the fact that the deep ocean 500 

is warming at the end of the simulation (Zhu et al., 2019) (see also Fig. S2A). This cooler deep 501 

water and relative warmer surface produce a stable water column that could restrict vertical 502 

convection. In contrast, in the GFDL 6x CO2 simulation, the North Pacific MOC has a similar 503 

strength to that under lower levels of CO2. This difference is mainly due to the fact that the 504 

GFDL 6x CO2 simulation was initiated from warmer-than-equilibrium conditions, meaning the 505 

deep ocean is able to lose heat through the overturning circulation when approaching equilibrium 506 

and the convection process can take place.  507 

One interesting observation is that the models simulate convection in just one hemisphere 508 

for the Eocene-1x simulations (i.e. the same CO2 as the PI period), which is in the Southern 509 

Ocean with northward propagation of dense water in the abyss of major ocean basins. Except for 510 

CESM and NorESM, there is no convection in the North Atlantic. The absence of North Atlantic 511 

convection in the high-CO2 Eocene simulations (compared with the modern Atlantic MOC) is 512 

therefore unrelated to higher CO2 levels, but rather due to other different factors, such as ice 513 
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sheets, paleogeography and bathymetry. Given that the Eocene global MOC is forced differently 514 

from the PI global MOC, its sensitivity to CO2 forcing is not directly applicable to present-day 515 

and future circulation. However, for discussion of future climate change, it may still be 516 

informative to compare the structure of the global MOC in low and high CO2 forcing scenarios, 517 

for example, in response to freshwater forcing.  518 

Unipolar Southern Ocean sinking would imply no northward oceanic heat transport from 519 

meridional ocean overturning, so that Eocene Arctic polar amplification would have to be 520 

explained by other processes such as alternative wind-driven ocean heat transport, atmospheric 521 

heat transport, or local radiative heat balance over the Arctic.  522 

Comparing with earlier studies, our analysis of the DeepMIP simulations (using 523 

comparable setups and boundary conditions) takes a step forward and reveals a non-linear global 524 

MOC response to CO2 forcing, with a muted response in global MOC at elevated levels of CO2, 525 

from 1x (or 1.5x in IPSL) to 3x (or 4x in NorESM) in most models, and divergent responses at 526 

high CO2 levels of 6x (compare CESM with GFDL). From a geological perspective, these inter-527 

model simulations under different CO2 levels can be seen as analogues for multiple time 528 

intervals of the Eocene prior to major paleogeographic changes (e.g. the Oligocene opening of 529 

the Tasman Gateway). In this sense, the muted global MOC response over a lower range of CO2 530 

may suggest that the SO-MOC dominated the global basin with northward currents prevailing in 531 

the abyss at multiple time intervals during the Eocene. In general, the observed insensitivity of 532 

the global MOC to CO2 changes may imply that ocean circulation was relatively stable before 533 

the Oligocene, although the global MOC response to carbon cycle perturbations such as those 534 

during the Paleocene-Eocene Thermal Maximum (PETM), which experienced very high CO2 535 

levels, remains inconclusive. 536 
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3.4 Proxy-based records of ocean circulation 537 

In order to evaluate the model results, we consider the proxy data constraints available 538 

for early Eocene deepwater circulation. The Eocene deep-sea sedimentary archives are generally 539 

sparse, with relatively poor spatial and/or temporal coverage and large uncertainties in 540 

chronologies. Especially lacking are high-quality sequences from high-latitude regions of 541 

potential deepwater formation. Nonetheless, a broad picture of ocean structure, alluding to the 542 

mode of the overturning circulation in individual ocean basins, can be reconstructed. We here 543 

use data from two independent deepwater proxies: (i) stable carbon isotope ratios ( 13C) from 544 

benthic foraminifera calcite and (ii) fish debris neodymium (Nd) isotope signatures, where Nd 545 

isotopes are expressed in the epsilon notation, Nd, as the deviation of a measured 143Nd/144Nd 546 

ratio from the “bulk earth” value in parts per 10,000.  547 

Carbon isotopes 548 

In the modern ocean, high 13C of ocean dissolved inorganic carbon (DIC), correlates 549 

closely with low nutrients such as phosphate [PO4], and vice versa (Kroopnick, 1985; Lynch-550 

Stieglitz et al., 2007). This arises from surface primary producers taking up nutrients and carbon, 551 

preferentially removing the light carbon isotope (12C). Subsequent remineralization of organic 552 

matter in deeper waters releases nutrients and 12C-enriched carbon, imparting a relatively low 553 

DIC 13C signature at depth, that is imprinted into the CaCO3 isotopic chemistry of benthic 554 

foraminifera shells. Because modern NADW and AABW are formed from source waters with 555 

contrasting preformed nutrient states (low versus high, respectively), they have contrasting 13C 556 

signatures. Therefore, at any single location in the Atlantic, deep water is strongly influenced by 557 

the relative mixing ratio of NADW (high 13C) and AABW (low 13C) (Kroopnick, 1985; Lynch-558 

Stieglitz et al., 2007). Furthermore, within a given water mass, and along the main deep ocean 559 
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flow-path, progressive organic carbon remineralization gives rise to water mass ageing, which is 560 

detectable via a progressive decrease in DIC 13C (Curry & Oppo, 2005; Lynch-Stieglitz et al., 561 

2007). The large geographic separation of present-day ocean basins, and thus the long transit 562 

times for global deep waters (ca. 1000 years), enhances this process and creates distinct 563 

endmember North Atlantic and North Pacific 13C signatures (Kroopnick, 1985).  564 

In contrast to the present day, and even the late Eocene (Coxall et al., 2018; Cramer et al., 565 

2009), existing early-Eocene benthic 13C data from different basins are remarkably similar (Fig. 566 

7A), suggesting a homogenous global deep ocean with respect to DIC 13C (Cramer et al., 2009; 567 

Sexton et al., 2006). Hypothetically, and assuming minimal diagenetic issues, this observation 568 

can be explained by four possible circulation regimes. The first explanation (1) involves 569 

multiple, separate deepwater sources existing during the Early Eocene, with limited opportunity 570 

for prolonged deepwater ageing to impart significant 13C differences between them (Sexton et 571 

al., 2006). This would be consistent with an early Eocene paleogeography involving oceanic 572 

“short-cuts” between the major basins via tropical and boreal seaways that do not exist today. 573 

The second possibility is that multiple, distinct, vigorous and separate overturning circulations 574 

existing in each basin, but with limited inter-hemispheric transfer (requiring multiple sub-equator 575 

upwelling zones), similarly shortening the time scales for water mass 13C ageing (Hutchinson et 576 

al., 2019; Lunt et al., 2010; Nisancioglu et al., 2003; Thomas et al., 2014). Regimes (1) and (2) 577 

would be expected to produce heterogeneity in deep-ocean 18O due to contrasting temperature 578 

and salinity in the separate overturning cells and basin regions. However, the benthic 18O data 579 

from different ocean basins yield a relatively homogenous signal (Sexton et al., 2006). Another 580 

possibility (3) is that The minimal early Eocene inter-basin benthic 13C gradients could be 581 

caused by faster equilibration of atmospheric CO2 into the ocean mixed layer under high 582 
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atmospheric pCO2 of the Early Eocene (Galbraith et al. 2015). This should serve to greatly 583 

decrease carbon isotopic disequilibrium, thereby theoretically weakening 13C gradients within 584 

the ocean (Galbraith et al. 2015). Yet vertical (planktonic-benthic) 13C gradients were much 585 

higher than modern in the Early Eocene (Hilting et al., 2008; Sexton et al., 2006; Sexton et al., 586 

2011), arguing against a faster ocean equilibration timescale of atmospheric CO2 into the ocean 587 

as a potential explanation for the minimal lateral inter-basin 13C gradients. 588 

A fourth possibility (4) is that there was a single dominant deepwater source, but with 589 

weak ageing gradients due to a less efficient ”soft tissue” carbon pump than exists today (Sexton 590 

et al., 2006). This may have been a consequence of the different ocean circulation and nutrient 591 

distributions, as well as warmer ocean temperatures that elevated metabolic rates (Boscolo-592 

Galazzo et al., 2018; Wilson et al., 2018).  593 

Despite the overall minimal Early Eocene benthic 13C gradients, small inter-basin 594 

isotope differences of several tenths of a per mil are apparent (Fig. 7A) (Cramer et al., 2009; 595 

Sexton et al., 2006). These small inter-basin differences are often difficult to interpret 596 

unambiguously with regard to patterns of deepwater circulation. The 13C data nevertheless point 597 

to an early-Eocene dominance of Southern Ocean-sourced deep waters with a negligible 598 

contribution from the North Atlantic Ocean (D’haenens et al., 2014; Kaminski et al., 1989; 599 

Nunes & Norris, 2006; Pak & Miller, 1992). The earliest indications for the formation of North 600 

Atlantic-sourced deep waters from other (non- 13C) palaeoceanographic evidence is at the end of 601 

the Early Eocene ~48 Ma (Boyle et al., 2017; Hohbein et al., 2012), roughly coincident with the 602 

onset of Cenozoic climatic cooling.   603 

Neodymium isotopes 604 
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Another commonly used method for tracing deep water masses is Nd isotope analysis of 605 

fish teeth and debris. These materials acquire their Nd isotope signals post-mortem on the 606 

seafloor during early diagenesis (Martin & Haley, 2000; Martin & Scher, 2004). The captured 607 

signal is commonly interpreted as the bottom water Nd isotope ratio in the region of deposition, 608 

regardless of the behavioral patterns and habitats of the fish whilst alive. Neodymium is a 609 

lithogenic element, which is supplied to the ocean predominantly from the continents, which in 610 

turn carry characteristic isotopic fingerprints due to the age and lithology of the different local 611 

rock types (e.g. Robinson et al., 2021). Neodymium has a residence time in the ocean that is 612 

shorter than the global turnover time (~400 to 700 years; e.g. Tachikawa et al., 2003), allowing 613 

water masses to retain their unique isotopic ratio in the absence of additional Nd inputs. In the 614 

modern ocean, North Atlantic deep waters are characterized by Nd values of -13, Southern 615 

Ocean deep waters are characterized by Nd values of around -8, and Pacific waters show Nd 616 

values of -4 (see the summary by van de Flierdt et al., 2016). These characteristic fingerprints 617 

mean that away from ocean margins, dissolved Nd isotopes can often indicate the provenance of 618 

water masses and, by inference, ocean circulation and water mass mixing (e.g., van de Flierdt et 619 

al., 2016; Frank, 2002; Goldstein & Hemming, 2014). This use of the Nd proxy, however, hinges 620 

on the assumptions of constant endmembers through time and the absence of non-conservative 621 

processes affecting the signature in authigenic (i.e. seawater-derived) deposits (e.g. Haley et al., 622 

2017).  623 

A compilation of available authigenic Nd isotope data from ~30 global sites for an early-624 

to-middle Eocene time frame of 54 to 45 Ma (Fig. S7) shows an εNd range from -1.1 (ODP Site 625 

1001 on the Nicaraguan Rise) to -12.1 (ODP Sites 1258 and 1261 on the Demerara Rise) (n = 626 

145). Focusing on results from open ocean sites in the Atlantic and Pacific Oceans, Figure 7B 627 
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reveals a clear dichotomy between Pacific and Atlantic Nd isotope signatures, similar to other 628 

times of the Mesozoic and Cenozoic (e.g. Frank, 2002; Voigt et al., 2013). The inter-basin 629 

distinction between the Atlantic and Pacific Oceans, a feature that is also observed in the modern 630 

oceans (e.g. van de Flierdt et al., 2016), indicates that Eocene sites from the Atlantic and Pacific 631 

Ocean were bathed in water influenced by inputs of differing Nd characteristics. This could 632 

either serve as indication of multiple, independent sources of deepwater, or a single region of 633 

deepwater formation with basin specific Nd additions, for example benthic fluxes, imparting 634 

contrasting Nd isotope ratios in transition waters.   635 

There is a general trend for εNd values to become less radiogenic (i.e. lower) from the 636 

north to south in the Pacific basin (Fig. 7B; Hague et al., 2012; Thomas et al., 2014). Meanwhile, 637 

another way to describe the same data is to state that they become more radiogenic from the 638 

south to the north, given the fact that a gradient in a tracer can be created from both ends. There 639 

are three possible explanations for this observed trend: (1) export of less radiogenic Southern 640 

Ocean waters into the Pacific, (2) North Pacific deepwater formation with encroachment to the 641 

south or (3) a combination of the two, with deep convection in the North and South Pacific. All 642 

of these possibilities have been argued in the past (Huck et al., 2017; Hutchinson et al., 2018; 643 

Thomas, 2004; Thomas et al., 2014) and cannot be resolved with the data at hand (Fig. 7B).  644 

Open ocean Atlantic Nd isotope data coverage for the Early to Middle Eocene is more 645 

limited, with only five locations, three at 1.5 to 2 km depth and two at 3.5 to 4 km depth (Fig. 646 

7B; Scher & Martin, 2004; Thomas et al., 2003; Via & Thomas, 2006). At both distinct depths, 647 

there appears to be a general shift towards more radiogenic values from the south to the north, a 648 

trend that is more pronounced at the deeper sites (2 epsilon units), but less pronounced than what 649 

was observed in the Pacific Ocean. The weak gradient in authigenic Nd isotope values is 650 
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consistent with a Southern Ocean deepwater source. However, similar to the Pacific, it may also 651 

indicate convection of a radiogenic deepwater mass source in the North Atlantic. The latter 652 

seems unlikely, however, as present estimates place the onset of Northern Component Water in 653 

the middle to late Eocene (Boyle et al., 2017; Hohbein et al., 2012; Coxall et al., 2018; Gleason 654 

et al., 2009; Miller & Tucholke, 1983). Based on other studies, bottom water formation in the 655 

Atlantic sector of the Southern Ocean and northward export seems more feasible for the Early to 656 

Middle Eocene (e.g. Batenburg et al., 2018; Robinson et al., 2010; Thomas et al., 2003).   657 

In summary, benthic foraminifera 13C and fish teeth Nd provide a consistent picture of 658 

an absence of bipolar convection in the Atlantic Ocean in the Early Eocene. Instead, strong 659 

Southern Hemisphere-driven overturning seems more likely. Data-based evidence for a North 660 

Pacific source is more ambiguous. Filling important data gaps in the northern North Atlantic, 661 

North Pacific and South Pacific across a suite of water depths and for a range of proxies will be 662 

crucial for depicting a more comprehensive picture of Early Eocene ocean overturning. 663 

3.5 Model-data comparison of Eocene ocean circulation 664 

The models provide strong support for Southern Ocean convection and northward-665 

flowing currents into the abyss of major ocean basins. A rather homogenous global ocean with 666 

respect to DIC 13C suggests that there was a single dominant deepwater source, but with an 667 

ageing gradient weaker than that which exists today. Existing Nd isotope data are consistent with 668 

the idea of production and export of AABW into the Pacific and Atlantic Oceans. Therefore, a 669 

likely feature of the Early Eocene is the sinking of dense water in the Southern Ocean and 670 

northward propagation, as seen from the various model outputs from the model inter-comparison 671 

and proxy reconstructions from benthic foraminifera 13C and fish teeth Nd. 672 
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Compiled Nd data would allow for early Eocene convection in the North Pacific, a result 673 

that is indicated by the GFDL model, but not in any of the other models. Thus, evidence for 674 

deepwater formation in the North Pacific basin is inconclusive. Models and geochemical proxy-675 

data ( Nd and benthic 13C) agree that it is very unlikely that deep water formed in the North 676 

Atlantic during the Early Eocene, unlike the modern day. Model results show no overturning in 677 

the open ocean of the North Atlantic probably due to a combination of freshwater forcing and 678 

basin geometry being unfavorable. Only two models show intermediate water formation on the 679 

continental shelf of Baffin Bay, which is, however, tied to strong freshwater exchange with the 680 

atmosphere. 681 

4. Conclusions 682 

Six out of eight DeepMIP models, run under similar boundary conditions for the warm 683 

Early Eocene, show an absence of deepwater sinking in the Northern Hemisphere and the 684 

presence of deepwater formation in the Southern Ocean (as summarized in Fig. 8). The sites of 685 

this Southern Ocean deepwater formation are located in different sectors in the individual 686 

models. HadCM3B(L) and CESM models show deepwater formation in the Indian and Atlantic 687 

sectors of the Southern Ocean, probably due to a rather fresh Pacific. The COSMOS model, on 688 

the other hand, indicates deepwater formation in the Pacific sector where relatively saline water 689 

is trapped by the closed Tasman Strait. The other two models (IPSL and MIROC) suggest 690 

deepwater formation in multiple sectors of the Southern Ocean. In summary, prior to the wide 691 

opening of Southern Ocean gateways, deep waters likely formed in different sectors, from where 692 

they were exported northward in the abyss and upwelled in the entire Northern Hemisphere. 693 

Further confirmation of this conclusion could be achieved using targeted proxy-data to constrain 694 

early Eocene upwelling distribution in future. 695 
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Proxy-based 13C and Nd data are consistent with a southern origin of early Eocene deep 696 

water in the Atlantic basin and associated northward propagation at abyssal depths. By contrast, 697 

the direction of early Eocene flow of abyssal waters in the Pacific remains more uncertain. 698 

Although the 13C data indicate deepwater formed in the Southern high-latitude, Nd isotope data 699 

are inconclusive. Thus, South Atlantic deepwater formation and northward export appear to be 700 

robust features of the Early Eocene, whereas more Nd data would be required to resolve the 701 

exact transport direction of abyssal water in the North Pacific.  702 

Our further diagnosis of inter-model spreads of overturning circulation reveals that the 703 

different MOC modes among models are largely set by air-sea freshwater exchanges. This 704 

highlights the importance of a good representation of the hydrological cycle in models that aim 705 

to simulate ocean circulation. This is particularly crucial for geological periods of past warmth, 706 

as the hydrological cycle during such times was probably stronger than today, exaggerating 707 

biases in the cycle. Once freshwater fluxes and associated large-scale ocean circulation features 708 

are established, they can be maintained by the salt-advection feedback (e.g. Stommel feedback) 709 

Reducing model-dependent bias in the meridional ocean circulation would benefit from a 710 

detailed examination of the hydrological cycle across models, which should be the focus of 711 

future inter-model comparison analysis. 712 
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Figures 1106

 1107

Fig. 1 A) Global meridional overturning circulation(MOC), showing overturning streamfunction in the 1108
unit of Sverdrups (Sv, contour interval: 4 Sv) for the pre-industrial simulations (PI-1x), consisting of the 1109
NADW (positive values indicate clockwise circulation using solid lines) and Antarctic bottom waters 1110
AABW (negative values indicate anticlockwise circulation using dashed lines, and the zero contour is 1111
bold). B) maximum mixed layer depth (MLD, in m), indicative of deepwater formation sites. Dashed lines 1112
mark 500 m contour.  1113
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1114

1115

Fig. 2 A) Global meridional overturning circulation (MOC) (contour interval: 4 Sv) showing mostly 1116
anticlockwise overturning circulation, and B) mixed layer depth (MLD) (m) for the Eocene-3x(4x) 1117
simulations. Colored boxes indicate regions used in the freshwater calculation.  1118
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 1119 

Fig. 3 Separation of AMOC and PMOC from the global MOC in Eocene-3x simulations to show 1120 
overturning circulation in two basins. Large values in the tropics indicate inter-basin exchanges, and a 1121 
northward shift of these values in NorESM likely due to their more north tropical gateway that probably 1122 
relate to their paleomagnetic reference bathymetry frame. NB, AMOC and PMOC in the CESM, COSMOS, 1123 
IPSL and MIROC models are calculated offline.   1124 

 1125 

 1126 
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Fig. 4  Drake Passage and Tasman strait configuration and their relationship to water mass transport. 1127
Depth-latitude profile of Drake Passage (A) at round 300oE, and B) Tasman Strait at 150oE. C) Scatter plot 1128
of water volume transport (Sv) through straits versus size of high-latitude straits (in km2, width*depth). 1129
Triangles and circles indicate the Tasman Gateway and Drake Passage.  1130

1131

 1132

Fig. 5 A) Zonal mean sea-surface salinity (SSS) on a basin scale in the pre-industrial (PI-1x) simulations 1133
and compared with observations (black, redrawn from Ferreira et al., 2018). Deepwater formation in the 1134
Atlantic is highlighted by thickened lines. B) Simulated zonal mean (basin scale) SSS for the early Eocene, 1135
with thick lines indicating deep convection in the respective basins. Basin boundaries are set at the 1136
similar longitudes as the present-day. Note: Zonal mean SSS of the CESM simulation was 1137
homogeneously reduced by 0.7 psu, given its more saline initial condition compared with other models.  1138

1139
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 1140 

Fig. 6 Global meridional overturning circulation (MOC, in Sv) response to atmospheric CO2 1141 
concentrations. The global MOC results from the IPSL simulation include tidal mixing (M2), because the 1142 
1.5x simulation is only run with M2. This tidal mixing contributes 7 Sv to the MOC, without changing its 1143 
structure, as shown in Fig. 2A. 1144 

 1145 

 1146 

 1147 

 1148 

 1149 

 1150 
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 1151

Fig. 7 Proxy-based ocean circulation. A)  Deep sea (benthic foraminifera) 13C compilation through the 1152
Palaeocene and Eocene from deep sea drilling sites (~1500 to 3500 m paleo-water depth), grouped by 1153
geographical region (ocean basin). Grey shaded bar denotes interval of diminished benthic 13C 1154
differences between ocean basins, that approximately corresponds to the early Eocene. Dashed line 1155
marks the timing of onset of the progressive Cenozoic global cooling trend. Ages for all datasets are 1156
converted to the new calibration of the geomagnetic polarity timescale (Westerhold et al., 2020). Data 1157
sources numbered in the figure legend are: (1) Zachos et al. (2001), (2) Bornemann et al. (2016), (3) 1158
Vahlenkamp et al. (2018), (4) Sexton et al., (2006), (5) Sexton et al. (2011), (6) Lauretano et al. (2015), (7) 1159
Littler et al. (2014), (8) Stap et al. (2010), (9) McCarren et al. (2008), (10) Barnet et al. (2019), (11) Barnet 1160
et al. (2018), (12) Lauretano et al. (2016), (13) Westerhold et al. (2018), (14) Westerhold et al. (2011). B) 1161
compilation of neodymium (Nd) isotope signatures as a function of depth and latitude covering the time 1162
window from 54 to 45 Ma in the Atlantic (omitting marginal sites 1001, 1258 and 1261) and Pacific 1163
(omitting marginal sites 1171 and 1172). Arrows indicate potential direction of water-mass movement. 1164
Mean basin bathymetry from Herold et al. (2014).  1165

1166

1167



48 
 

 1168 

Fig. 8 Regions of deep water formed in DeepMIP models, as revealed by deep mixed layer depth (model-1169 
specific colored-filled contour fields). Dashed boxes emphasize high-latitude basins where deepwater 1170 
may form in the models. Most models suggest deepwater formed in the Southern Ocean, indicating this 1171 
is a likely feature of the early Eocene; only the GFDL model shows deepwater formation in the North 1172 
Pacific, thus the question of sinking there remains less certain. No model indicates deep water formeing 1173 
in the North Atlantic during the early Eocene. Arrows schematically illustrate the pathway of the 1174 
Southern Ocean deep water. Stars mark the sites of Nd measurements. 1175 
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Table 1. Freshwater flux(m/yr) into the ocean from the atmosphere for regions marked in Figure. 2B. 1187 
Shaded cells indicate the regions where deepwater formation occurs.  1188 

 1189 

 1190 

 1191 

 1192 

 1193 

 1194 

 1195 

 1196 

 1197 

  Northern Hemisphere Southern Ocean 
N. Pacific N. Atlantic S. Pacific S. Atlantic Atlantic+Indian 

CESM 
(3x) 0.6346 1.0423 0.7080 0.5945 0.8107 
(1x) 0.6491 0.3393 0.4418 0.4310 0.6107 

COSMOS(3x) 1.5323 2.5472 0.8282 1.0550 1.1133 
IPSL-
CM5A2(3x) 1.08 1.0780 0.574 0.459 0.646 

MIROC(3x) 1.1591 0.8505 0.4510 0.4289 0.5868 

HadCM3B(3x) 1.0786 1.2150 0.5912 0.6122 0.7760 

HadCM3BL(3x) 1.1346 1.1865 0.6687 0.7052 0.8389 

NorESM(4x) 0.8024 0.3368 1.0545 0.5450 0.6665 

GFDL 
(3x) 0.5078 1.3791 0.5667 0.7024 0.7611 
(1x) 0.3663 1.1617 0.3487 0.4456 0.4889 


































