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A mechanism leading to the self-weakening of tropical cyclones is proposed using the

Weather and Research and Forecasting model. A comparison between an experiment

with variable Coriolis parameter f and one on an f -plane shows that after the initial

intensification the former is characterized by a smaller intensity. As opposed to the

tropical cyclone on the f -plane, the one with variable f weakens significantly after

reaching maturity. Analyses of the 3-D circulation show that the main reason for the

weakening is dry intrusion in the mid-upper troposphere from the west. Once the

dry intrusion reaches the inner vortex, strong downdrafts reduce the high equivalent

potential temperature in the boundary layer inflow. The subsequent updrafts in the

eyewall, characterized by lower equivalent potential temperature, are considerably

reduced and, consequently, the secondary circulation weakens.

Back-trajectories are used to determine the origin of the dry intrusion. It is found that

the air parcels expelled from the storm deep convection into the outflow layer recirculate

anticyclonically back into the vortex, causing a self-weakening of the tropical cyclone. A

time span for the recirculation of at least 48 h allows the air parcels to sink substantially

before reaching the vortex circulation. Some implications of the intrinsic nature of this

process are briefly discussed.
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1. Introduction

The intensity of a tropical cyclone (TC) depends on a wide

variety of physical processes that govern its evolution and

interaction with the surrounding environment. These processes

can exert a thermodynamic or dynamical control on the TC

intensity (Zeng et al. 2007). The thermodynamic processes are

essentially the interaction of the TC with the underlying sea

and with the thermodynamic structure of the atmosphere. Based

on thermodynamic considerations, Emanuel (1986) derived a
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theoretical limit for the intensity that a TC can attain. In Emanuel’s

theory a TC is regarded as a Carnot heat engine that gains energy

from the ocean surface and then loses it in the upper-tropospheric

outflow layer. The stronger this energy cycle, the higher is the

intensity of the TC.

The dynamical processes affecting the intensity of a TC can

be divided into internal and environmental forcings. Internal

processes include the interaction between the eyewall and the

spiral rainbands and the vortex Rossby waves dynamics. A

prevalent view is that inner spiral rainbands are related to the

outward propagation of the vortex Rossby waves (Montgomery

and Kallenbach 1997). These waves may form as a consequence

of the barotropic instability supported by the strong PV gradient

in the eyewall region or as a result of the asymmetric convection

in the area (Montgomery and Kallenbach 1997; Montgomery and

Enagonio 1998; Chen and Yau 2001; Wang 2002a,b; Nolan and

Montgomery 2002).

Environmental processes include the environmental steering

wind, the vertical shear of the environmental wind and the β-

effect. These processes cause asymmetries in the eyewall structure

that are likely responsible for the observed decrease in intensity

(e.g., Bender 1997; Frank and Ritchie 2001; Rogers et al. 2003;

Wu and Braun 2004; Kwok and Chan 2005; Zeng et al. 2007;

Fang and Zhang 2012). In a study of the effects of vertical wind

shear on the TC intensity, Frank and Ritchie (2001) hypothesized

that the TC weakening due to the vertical wind shear is caused

by the asymmetries in the eyewall region that lead to outward

fluxes of the high values of potential vorticity (PV) and equivalent

potential temperature (θe) from the upper-level warm core of

the TC. Following the dissipation of the upper-level warm core

the central pressure rises and, consequently, the TC weakens. A

similar top to bottom mechanism was invoked by Wong and Chan

(2004) who found that entrainment of cool and dry air in the

upper-level core occurs when the vertical shear is strong enough to

suppress the secondary circulation. However, Riemer et al. (2010)

showed that an arguably more effective mechanism is responsible

for the asymmetries in the eyewall region and the consequent

weakening of the TC. Vigorous and persistent downdrafts induced

by the vertical shear cause a reduction in the boundary layer θe.

This drier and cooler air is then advected into the eyewall updraft

leading to a reduction of the eyewall θe. The resulting frustration

of the TC energy cycle causes the TC to weaken. Furthermore,

Riemer and Montgomery (2011) showed that the eyewall is well

protected from the horizontal intrusion of steady environmental

flow. Unsteady and/or vertical motions are necessary to allow

intrusions into the inner-core convection.

The effects of the β-effect on the TC intensity have also been

discussed extensively in literature. Peng et al. (1999) showed that

the presence of a variable Coriolis parameter (f ) leads to a final

intensity smaller than that of a TC on an f -plane. They explained

this result in terms of a phase shift between the maxima of the

asymmetric moisture convergence and surface fluxes, which could

cause a reduction in precipitation and a weakening of the TC. A

similar result was found by Wu and Braun (2004) who, however,

attributed the weakening of both the tangential and radial winds

to the asymmetries induced by the β-effect that partially extract

the mean vortex kinetic energy through eddy momentum fluxes.

A significantly weaker TC on a β-plane, as opposed to one on an

f -plane, was also found by Kwok and Chan (2005). The authors

related this result to the the vertical shear induced by the β-effect.

A similar explanation was given by Ritchie and Frank (2007)

who found that the induced shear, named the β-shear by the

authors, causes asymmetries in the eyewall structure. However,

they showed that the effect of β-shear on the intensity is relatively

weak and the final intensity is only slighlty weaker than that of

an initially identical TC on an f -plane. On the other hand, in a

study of the role of inner-core asymmetries in the intensification

of TCs, Van Sang et al. (2008) found almost no difference between

the intensities of TCs simulated on a β-plane and on an f -plane.

They attributed the results of the previous studies to the coarser

horizontal resolution. Nevertheless, a recent numerical study by

Fang and Zhang (2012) that used a higher horizontal resolution

than the one used by Van Sang et al. (2008) found a substantial

difference between the intensity of a TC on a β-plane and one

on an f -plane. However, a proper comparison between these two

studies cannot be made since the simulations done by Van Sang

et al. (2008) only last for 96 h, and it is after this time that the main

differences in the simulations of the study by Fang and Zhang

(2012) arise.
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In this study we aim to contribute to the understanding of

how the inclusion of the β-effect affects the TC intensity. In

particular, we will clarify the nature of the β-shear, also using

back-trajectories, and a mechanism that leads to the weakening of

the TC. We will show that not only does a TC in an environment

with variable f reach a lower intensity, but it also weakens

significantly after a mid-tropospheric dry intrusion originating

from the TC itself reaches its inner core. We argue that the intrinsic

nature of this self-weakening may set a more stringent limit to the

maximum intensity that real TCs can reach and that weakening

can occur even without adverse environmental conditions.

The remainder of the paper is organized as follows. Section

2 describes the numerical model and the experimental setup

used. An overview of the simulations and some aspects of the

circulation are provided in Section 3. Section 4 explores the origin

of the mid-tropospheric inflow that affects the intensity evolution

of the TC with variable environmental f. The actual mechanism

that leads to the weakening of the TC is described in Section 5.

A brief analysis of some sensitivity experiments is presented in

Section 6. A discussion of the results and some implications are

given in Section 7.

2. Methods

The Advanced Research Weather Research and Forecasting model

(ARW-WRF v3.5.1 (Skamarock et al. 2005)) is used to simulate

ideal TCs. The model is configured with two square domains: an

outer one with horizontal grid spacing of 15 km and size of 9000

km by 9000 km (600 × 600 grid points), and an inner one with

horizontal grid spacing of 3 km and size of 1803 km by 1803 km

(601 × 601 grid points). The inner domain moves automatically

following the simulated TC. A two-way interactive nesting is used

between the domains. The model has 30 vertical layers with a

higher concentration in the boundary layer and the model top of

50 hPa.

The experiments are initialized with an axisymmetric vortex

with the horizontal wind field specified by Chan and Williams’s

wind profile (Chan and Williams 1987):

V0(r) = Vm

(
r

rm

)
e

1
b

[
1−( r

rm
)b
]

(1)

where r is the radius, Vm the maximum wind speed, rm the

radius of Vm and b a factor that determines the shape of the

vortex. The initial values are set to: Vm = 20 m s-1, rm =

75 km and b = 0.7. The vertical structure of the wind field is

set to decay linearly with height (Rotunno and Emanuel 1987).

The temperature field is computed by thermal wind balance

and pressure perturbations are calculated from the hydrostatic

equation. Variables are then combined with the environmental

fields so that the resulting vortex is in gradient wind balance

with the mass field. The thermodynamic environmental sounding

profile and the lateral boundary conditions (which are fixed) are

specified by Jordan’s mean sounding for hurricane season (Jordan

1958). No background flow is included. A relaxation zone 60 km

long next to the boundaries is used to relax towards the mean

environmental conditions. A layer of increased diffusion is used

near the model top to damp reflection from the upper boundary.

The experiments are conducted over an ocean-only surface

with a constant sea surface temperature of 28◦C and last for

8 days with data output at 1-h intervals. This study is mainly

based on the analysis of two experiments, one on an f -plane

(f 20) and one on a spherical surface (β20). In f 20 the Coriolis

parameter is set constant at 20◦N. In β20 the Coriolis parameter

varies with latitude as f = 2Ω sinφ and the initial vortex is

centred at 20◦N as in f 20. Two other experiments (β10 and

β30) with variable Coriolis parameter are performed to assess

the sensitivity to different initial latitudes. The initial vortex is

centred at 10◦N in β10 and at 30◦N in β30. The sensitivity

to different environmental thermodynamic conditions is also

tested by performing two experiments, DUN-β and DUN-f,

that correspond to the experiments β20 and f 20, respectively,

except for the different initial thermodynamic conditions. The

thermodynamic sounding profile in these experiments is specified

by the moist tropical conditions described in Dunion (2011).

Additional experiments were performed to check the robustness

of the results in β20. An experiment with different boundary

conditions (periodic) and one using only the outer domain

confirmed the results obtained in β20 and will not be discussed

here.

The minimum sea level pressure (SLP) is used as the initial

first guess for the TC centre location. Then the location of the

This article is protected by copyright. All rights reserved.
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centre is adjusted using a variational approach that maximizes

the azimuthal mean tangential wind speed (Wu et al. 2006). The

primary measure of intensity used in this study is the maximum

azimuthally-averaged wind speed at z = 1.1 km (just above the

top of the boundary layer) as, from a theoretical point of view, it

is a preferable measure of intensity (Kilroy et al. 2016).

The experiments use the following schemes: WRF Single-

Moment 6-class scheme (Hong and Lim 2006) for the cloud

microphysics; the Rapid Radiative Transfer Model (Mlawer et al.

1997) and the Dudhia scheme (Dudhia 1989) for the long-

wave and short-wave radiations, respectively; the MM5 similarity

scheme for the surface layer along with the Yonsei University

scheme (Hong et al. 2006) for the planetary boundary layer (PBL);

the Tiedtke cumulus parameterization scheme (Tiedtke 1989) is

used in the outer domain only.

The trajectories used in this study are computed using a second-

order Runge-Kutta method (Durran 2010) at every output interval

(1 h). Since the endpoint of the trajectories generally falls between

the spatial grid points, a three-dimensional linear interpolation is

used to compute the values of the wind components in the outer

domain.

3. Results

3.1. Overview of the simulation

The dynamical evolution of a TC is intrinsically a three

dimensional process (Van Sang et al. 2008; Fang and Zhang

2011; Persing et al. 2013) and an axisymmetric analysis cannot

give comprehensive explanations of the physical mechanisms

governing the TC dynamics. Nonetheless, analyses of the

azimuthal-mean fields can provide physical explanation for many

processes (e.g., Smith et al. 2009; Rozoff et al. 2012) and are

a good starting point for highlighting major differences in our

simulations.

The evolution of the intensity in the two experiments is

similar in the first 72 h (Fig. 1 (a)). After two periods of rapid

intensification, the TC in β20 reaches a maximum azimuthally-

averaged wind speed at z = 1.1 km (MWS) of 59 m s-1 at 38

h. Subsequently, the TC continues intensifying at a slower rate

reaching a relative maximum of 78 m s-1 at 75 h. At the end of this

intensification period, the MWS fluctuates and eventually reaches

a maximum of 82 m s-1 at 116 h (for practical purposes this period

may be regarded as a quasi-steady state). After this time the TC in

β20 enters a weakening phase that leads to a minimum intensity

of 62 m s-1 at 174 h. In the last 18 h the TC reintensifies reaching

a final MWS of 70 m s-1 at 192 h. The TC in f 20 also experiences

two initial periods of rapid intensification that lead to a MWS of

53 m s-1 at 35 h. Afterwards the intensification is characterized

by fluctuations and continues at a slower rate until 82 h. At this

time the TC undergoes another period of rapid intensification in

which the MWS increases from 70 to 95 m s-1 at 97 h. After this

period the TC alternates phases of weakening and reintensification

until the end of the simulation. Its time-averaged MWS during this

period is 86 m s-1. The minimum sea level pressure shows a similar

evolution (Fig. 1 (a)).

A measure of the strength of the convective forcing, which is

pivotal in determining the strength of the secondary circulation,

is given by the maximum azimuthally-averaged vertical velocity

(MVV) (Fig. 1 (b)). In β20, the MVV at 1.1 km increases during

the first 73 h reaching a maximum of 2.5 m s-1. Between 74 and

116 h the MVV oscillates around 1.9 m s-1. After this time, it starts

decreasing reaching a relative minimum of 0.6 m s-1 at 179 h. In

f 20, the MVV at 1.1 km increases during the first 96 h reaching

a maximum of 4.0 m s-1. This period, especially between 48 and

96 h, is characterized by strong oscillations. In particular, between

84 and 96 h the MVV undergoes a large increase associated with

a rapid intensification period, whose onset closely matches the

beginning of the prominent jump in MVV. This strong jump is

arguably related to the highly axisymmetric and vertically aligned

structure of the eyewall during this period (Rogers et al. 2015).

After 96 h, the MVV switches between phases of sharp decrease

and slightly less intense recovery that lead to an average value of

2.2 m s-1 in the last 24 h. It is interesting to note that the evolution

of the MVV in the two experiments closely resembles that of the

MWS. This fact highlights the tight link between the primary and

secondary circulation of a TC (Holland 1983).

The TC in β20 moves north-westward during the whole

simulation with an average speed of 1.37 m s-1 (0.79 m s-1

westward and 1.12 m s-1 northward) during the first 75 h when

the TC intensifies and an average speed of 1.96 m s-1 (0.71 m

This article is protected by copyright. All rights reserved.
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s-1 westward and 1.33 m s-1 northward) during the quasi-steady

phase. In the last period, when the TC is weakening, the drift speed

increases significantly reaching an average of 3.56 m s-1 (1.39 m

s-1 westward and 3.28 m s-1 northward). This sharp increase is

arguably linked to the large expansion of the wind field during

this period (not shown) (Fiorino and Elsberry 1989).

Fig. 2 shows the azimuthally-averaged cross sections of the

time-averaged vertical velocity, radial and tangential wind speeds.

Between 49 and 72 h the secondary circulation is characterized by

a moderate radial inflow in the lower half of the troposphere and a

strong radial inflow in the boundary layer. In both experiments the

vertical velocity has two maxima, one in the upper troposphere at

approximately z = 8 km and one near the top of the boundary

layer where the inflow turns inertially into the eyewall updraft

(Smith et al. 2009). The strong ascent at the top of the boundary

layer is located at approximately 30 km from the centre. Between

z = 10 and z = 15 km the vertical motion turns into a strong

outflow that needs to be anticyclonic in order to conserve absolute

angular momentum. A difference between the experiments is the

strength of the secondary circulation which is slightly stronger in

f 20, as apparent from the larger radial inflow in the boundary

layer, vertical upflow in the eyewall and radial outflow in the

upper troposphere. The differences in the secondary circulation

become more evident between 97 and 120 h. During this time the

vertical updraft in β20 is much weaker than the one in f 20. As

a consequence, also the radial outflow in the upper troposphere

is weaker in β20. The reasons for the differences in the strength

of the secondary circulation are discussed in section 5.2. Another

major difference is the broader tangential wind speed in β20

exemplified by the damaging-force wind contour (25.7 m s-1) that

at the surface extends out to 150 km as opposed to 120 km in f 20.

An explanation of the large difference in the tangential wind speed

is beyond the scope of this work. We will address this point in a

future study.

3.2. Asymmetric aspects of the circulation

In order to understand the causes behind the weakening of the TC

in β20 we are interested in analysing the period just before the TC

starts to weaken, particularly between 97 and 120 h.

The vertical velocity field at z = 1.1 km in f 20 shows a

rather circular or elliptical eyewall during the period considered

(elliptical at t = 114 h, Fig. 3 (b)). The similar magnitude of the

vertical velocity in all the directions and the cyclonic rotation of

the eyewall about the TC centre implies that the time-averaged

structure of the eyewall and its distance from the centre is similar

in opposite directions (e.g., west and east in Fig. 4 (b)). The

elliptical shape of the eyewall is consistent with the presence of

wavenumber-2 vortex Rossby waves that propagate around the

eyewall (Kuo et al. 1999; Reasor et al. 2000; Wang 2002b).

The vertical velocity field at z = 1.1 km exhibits systematic

asymmetries in β20 (e.g., at 114 h, Fig. 3 (a)). The strongest

ascent is located to the north-northeast of the centre. This area is

also the one characterized by fewer interruptions in the eyewall

convection. The area to the south of the centre shows a less

continuous ascent in the eyewall with many areas where the

vertical velocity is below 1 m s-1. Another notable feature is the

presence of inner rainbands that consistently form in the south side

ahead of the convective gaps in the eyewall. The asymmetry in

the vertical velocity field is further emphasized at higher altitudes.

At z = 6.7 km the difference between the strong and continuous

ascent in the north side and the gapped southern area of the

eyewall is even more prominent (Fig. 3 (c)). In particular, it is the

southwest quadrant that consistently exhibits a large gap in the

eyewall convection. The eyewall asymmetries in β20 appear to be

wavenumber-1. These asymmetries are often associated with the

presence of vertical wind shear (Frank and Ritchie 2001; Chen

et al. 2006; Rogers et al. 2003).

The west-east vertical cross-section of the time-averaged

secondary circulation in f 20 shows a largely symmetric structure

during both the intensification phase (not shown) and the period

after the TC has reached its maximum intensity (Fig. 4). The

tangential wind speed also remains highly symmetric during the

whole integration time. Similarly, the secondary circulation in

β20 shows a rather symmetric structure during the intensification

phase. A slightly stronger boundary layer inflow on the east side

(not shown) is due to the larger frictionally-induced convergence

because of the vortex motion towards northwest. Similarly, the

stronger tangential wind in the east side is due to the northward

component of the TC translation speed. The situation changes

This article is protected by copyright. All rights reserved.
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drastically in the time-averaged secondary circulation between 97

and 120 h. During this period, the boundary layer inflow is much

stronger on the east side. Here, a significant inflow occurs also

above the boundary layer up to z = 5 km. On the contrary, the

west side is characterized by outflow just above the boundary layer

between z = 1.5 and z = 3 km. The main difference between the

west and the east sides is that the former shows a strong inflow

below the outflow layer between z = 7 and z = 12 km that reaches

the inner vortex in the proximity of the eyewall. As a consequence

the strong ascent on the west side is confined to a radial extent

which is roughly half the width of the updraft to the east of the

centre. Furthermore, the maximum vertical velocity above z = 5

km is substantially smaller in the west side. The tangential wind

is also affected as evident from its recession in correspondence of

the upper-level inflow. The large difference between the tangential

wind in the two sections is now only partially due to the

translation motion of the TC. Moreover, the upper-tropospheric

outflow towards west is much weaker than the corresponding

outflow on the east. Once the mid-upper tropospheric inflow

reaches the inner vortex, it turns into a descending motion that

reaches the lower troposphere. We will discuss the effects of

this mid-upper tropospheric inflow on the TC in section 5 .

The secondary circulation depicted in Fig. 4 has characteristics

typical of TCs affected by vertical wind shear (DeHart et al.

2014), with a strong low-level inflow and upper-level outflow

on the east side (downshear) and a somewhat reversed pattern

on the west side (upshear), characterized by upper-level inflow

and low-level outflow , as apparent from the outflow just above

the boundary layer. The southwest-northeast vertical cross-section

shows a time-averaged secondary circulation with characteristics

very similar to the ones discussed for the west-east section (not

shown). The weaker vertical velocity and upper tropospheric

outflow in the west (and southwest) side are responsible for

the weaker azimuthally-averaged quantities in β20 (Fig. 2). It is

interesting to note that in the azimuthally-averaged cross-section

there is no sign of the mid-upper tropospheric inflow.

The distribution of water vapour mixing ration at z = 10 km

shows a distinct intrusion of dry air from the west (Fig. 5). As

the dry air reaches the inner vortex it is advected cyclonically into

the primary circulation so that a significant area to the southwest-

south of the centre is characterized by a low level of moisture. At

97 h the radial wind component is characterized by a net eastward

mid-upper tropospheric flow: while dry air is inflowing from the

west side, moist air leaves the inner vortex in the outflow layer to

the east of the TC centre. In the following hours the inflow loses

some of its westerly component so that by 130 h the prevailing

inflow becomes westerly-southwesterly. During this period the

area affected by the dry intrusion is at its largest and the average

moisture within 200 km from the TC centre in the southwest

quadrant is approximately half of the moisture in the northeast

quadrant (not shown).

In the next sections we will focus our attention on the origin

of the dry mid-tropospheric intrusion and its effects on the TC

convection. Therefore, the experiment f 20 will not be examined

any further.

4. Origin of the mid-upper tropospheric inflow

During the first 48-72 h the air coming out of the eyewall into the

outflow layer moves anticyclonically outward quite symmetrically

around the centre. Afterwards the outflow layer becomes less

symmetric with the formation of a more pronounced anticyclonic

flow to the southwest of the centre and an anticylonic jet that

spirals outward from the northwest quadrant towards southeast

first and then southwest (not shown). This structure has been

documented in previous observation (e.g., Frank (1982)) and

model studies (e.g., Wang and Holland (1996b)). The interaction

between the symmetric and asymmetric components of the

flow has a significant influence on the evolution of the vortex

circulation (Fiorino and Elsberry 1989; Fang and Zhang 2012).

Furthermore, the vertical transport of PV associated with diabatic

heating plays an important role in coupling the upper and

lower layers of a vortex (Wang and Holland 1996b). Downward

penetration of the circulation associated with the upper-level

anticyclonic PV anomaly and upward penetration of the lower-

level cyclonic PV anomaly act to modulate the intermediate

levels flow (Wang and Holland 1996a,b). These processes lead

to the formation of complex circulation patterns in the mid-upper

troposphere, as can be seen in Fig. 6. After 96 h the anticyclonic

flow in the southwest quadrant develops into an anticyclonic gyre

This article is protected by copyright. All rights reserved.
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at 12 km that slowly shifts outward. We show in the next section

that as air parcels outflow anticyclonically on the southwest side

of the vortex they slowly sink and eventually re-enter the cyclonic

circulation of the vortex.

4.1. Back-trajectories

A clear evidence of the recirculation pattern is given by the

back-trajectories of air parcels starting on the west side of the

vortex where there is a strong radial inflow between 8 and 12

km. Fig. 7 shows an example of a back-trajectory starting at

110 h and going back to the beginning of the simulation. During

the first hours of integration, the examined air parcels move

radially and cyclonically towards the centre of the vortex at an

height of approximately 2 km. Once in the eyewall region the

parcels rise in the strong updraft reaching an height of 13 km

and outflowing in the upper troposphere. In order to conserve

absolute angular momentum, parcels move anticyclonically as

they move radially outward. The anticylonic gyre on the southwest

side of the outflow layer initially leads the air parcels outward

but then crucially back towards the vortex circulation. This occurs

in conjunction with a slow sinking of the air parcels that move

downward from z = 13 to z = 11 km in approximately 72 h while

flowing anticyclonically towards the vortex. As shown in Fig. 5,

this recirculation is characterized by highly dry air.

A selection of back-trajectories starting off from the west side

of the vortex shows a clear pattern of parcels exiting the main

circulation of the vortex at an early phase of the simulation and

recirculating back into the main circulation after 48-72 hours (Fig.

8). On average, the selected trajectories move downwards from 12

km to 10 km as they recirculate towards the vortex between 60 and

110 h. Thus, the average subsidence rate is of approximately 1000

m day-1 (40 m h-1). This subsidence is accompanied by a decrease

in potential temperature of approximately 1 K day-1, which

is consistent with a balance between subsidence and radiative

cooling (Yano et al. 2002). As the air parcels approach the inner

vortex they are advected cyclonically by the TC circulation at a

distance of 200-300 km from the TC centre. Interestingly, none

of the shown trajectories continues their evolution penetrating

directly the TC eyewall at mid-tropospheric levels. An example

is given by the trajectory in Fig. 9 that shows the continuation

of one of the back-trajectories shown in Fig. 8. When the air

parcels get close to the inner vortex, roughly 300 km away from

the TC centre, they are advected by the cyclonic flow and join

the primary circulation of the TC revolving cyclonically around

the moving TC centre. This fact suggests that the eyewall is

protected from the horizontal mid-tropospheric intrusion of the

recirculating air in agreement with the numerical study of Riemer

and Montgomery (2011) who showed that, from the perspective

of a steady and layer-wise horizontal model, the inner-core

convection is protected from the horizontal intrusion of steady

environmental flow and time-dependent and/or vertical motions

are necessary to allow intrusion into the eyewall convection. We

will show in section 5 how the recirculating dry air affects the

inner-core convection.

The dry intrusion does not occur from the west side of the

TC during the whole simulation. The evolution of the upper-level

anticyclonic gyre in the southwest side - that moves away from

the centre - and the increase of the TC drift speed cause a shift of

the recirculating air southward of the TC. Initially the mid-upper

tropospheric inflow approaches the vortex in the northwest, then

moves to the west and eventually to the southwest of the vortex

(Fig. 5). After 168 h the recirculating air is located far enough

away from the TC to stop intercepting the vortex circulation.

5. Effects of the mid-upper tropospheric intrusion on the

inner vortex

During the first 48 h the vortex circulation is largely symmetric

and the inflow in the low troposphere occurs from all directions

(not shown). The inflow in the boundary layer is induced by

friction while the inflow in the lower half of the troposphere is

associated with the overturning circulation produced by the deep

convection in the eyewall (Montgomery and Smith 2014). The

mid-upper tropospheric inflow starts developing after 48-72 h and

increases gradually in intensity. After 96 h it becomes strong

enough to reach the inner vortex and affect the TC evolution.

5.1. Intrusion of low θe through the boundary layer

The evolution of the trajectories showed that once the dry parcels

approach the inner area of the TC, they are advected cyclonically
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around the inner vortex and do not penetrate the eyewall at mid-

levels. This suggests that the dilution of the eyewall warm core

does not take place at mid-levels but another mechanism must be

responsible for the weakening of the TC.

The presence of negative vertical motion next to the eyewall in

the time-averaged vertical cross section of β20 (Fig. 4 (a)) hints

that this area is characterized by persistent downdrafts originating

from the dry intrusion. In fact, west-east vertical cross-sections

of vertical velocity show the presence of strong downdrafts that

originate in the mid-troposphere and reach the boundary layer (not

shown). As a consequence of this downdrafts, the boundary layer

on the west side of the TC centre becomes flooded with low θe.

Fig. 10 shows the considerable difference between the two sides of

the TC boundary layer. Values of θe below 336 K reach the lower

part of the boundary layer in the west side, while these θe values

are confined above 1.5 km in the east side. Fig. 10 also shows the

presence of downdrafts that reach the boundary layer dragging

low θe with them. Fig. 11 shows the horizontal distribution of the

boundary layer θe (averaged over the lowest 1 km). A band of

low θe air spirals inward reaching the eyewall updraft to the west-

southwest of the TC centre. The low θe air is transported towards

the centre by the boundary layer inflow and eventually reaches

the eyewall updraft. This causes a remarkable reduction of θe in

the west-southwest side of the eyewall, as evident in Fig. 10. This

reduction then causes a weakening of the convection strength, as

will be shown in the next section.

This process has been shown to occur in the presence of

vertical shear. DeHart et al. (2014) performed a statistical analysis

of the vertical structure of TC affected by environemntal shear

and found that downdrafts occur systematically on the upshear

side. Riemer et al. (2010) showed in numerical experiments that

TCs subjected to vertical shear are characterized by strong and

persistent downdrafts that flood the boundary layer with low θe. In

agreement with our results, they found a band of low θe upshear,

similar to the band shown in Fig. 11. The radial inflow in the

boundary layer then advects air with low θe into the eyewall

updraft causing a frustration in the TC’s energy cycle (Emanuel

1986) and, therefore, reducing its intensity (Riemer et al. 2010).

5.2. Effects on convection

A major impact of the dry intrusion is that of reducing

significantly the eyewall updraft and, therefore, the strength of the

secondary circulation in the southwest side of the TC. A measure

of the strength of the secondary circulation is the vertical mass

flux in the eyewall updraft. This flux represents the ability of

the eyewall convection to ventilate the air where the frictionally-

induced boundary layer inflow turns into upflow. If the ventilation

is not strong enough to pull all the air expelled from the boundary

layer, a radial outflow will be induced just above the boundary

layer that would cause the vortex to spin down because of the

conservation of absolute angular momentum as air parcels move

outward (Greenspan and Howard 1963). In other words, if the

convectively-induced convergence in the lower troposphere is not

strong enough to offset the frictionally-induced outflow just above

the boundary layer, the vortex will weaken (Montgomery and

Smith 2014). In our simulation, as the reduced θe in the boundary

layer reaches the eyewall, the vertical mass flux in the inner-core

is strongly affected. Fig. 12 shows the integral of the positive

(upward) vertical mass flux from the TC centre out to a radius

of 200 km at two different heights (1.1 km, which is near the

top of the boundary layer, and 6.7 km) for the southwest and

the northeast quadrants. During the first 96 h the vertical mass

flux increases in a comparable fashion in the two quadrants and

there is very little difference between the flux at the two different

heights. In the following 48 h the flux in the northeast quadrant

continues to increase at the same pace at both heights. Compared

to the northeast flux, the flux in the southwest quadrant increases

more slowly at 1.1 km and starts decreasing substantially at 6.7

km. Between 97 and 144 h the southwest flux at 6.7 km is only

two thirds of the flux at 1.1 km. The fact that the eyewall updraft

is unable to ventilate all the mass ejected from the boundary layer

implies that the residual will flow outwards just above the layer.

This is apparent in Fig. 4 where a radial outflow is well developed

above the boundary layer. This radial outflow to the west of the

TC centre is consistent with the presence of westerly vertical

wind shear (DeHart et al. 2014). On the contrary, such a flow is

not present to the east of the TC centre. Furthermore, updrafts

enhance the vorticity by stretching the vortex-tube (Hendricks
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et al. 2004; Montgomery et al. 2006; Van Sang et al. 2008), so

a weakening of the updraft strength will make the convection less

effective in amplifying locally the vertical vorticity (Kilroy and

Smith 2013). The largest difference between the flux at the two

heights in the southwest quadrant occurs between 121 and 180 h.

In this period the flux at 1.1 km is almost twice that at 6.7 km.

As expected, this period corresponds to the decay phase of the

vortex. In this period also the vertical mass flux in the northeast

quadrant stops increasing and, between 144 and 168 h, the flux at

6.7 km is slightly smaller than that at 1.1 km. The southwest flux

increases abruptly at 6.7 km in the last 12 h, equalling the flux at

1.1 km. This period corresponds to a moderate reintensification of

the vortex.

To further quantify the differences in convection between the

southwest and northeast quadrants, we analysed the contoured

frequency by altitude diagrams of vertical velocity (CFADs; Yuter

and Houze Jr (1995)), which provide a statistical insight into the

vertical variation of the data frequency distribution. Fig. 13 shows

the vertical velocity CFADs in the eyewall (defined as the region

between 0.75 and 1.25 times the radius of maximum wind as in

Rogers et al. (2012)) for the southwest and northeast quadrants

between 97 and 120 h. Each CFAD is normalized by its respective

maximum frequency. It is apparent that the northeast quadrant is

dominated by updrafts from the low to the mid-upper troposphere.

The strongest convection occurs in this quadrant with the 5%

frequency contour exceeding positive vertical velocities of 5 m

s-1 between z = 4 and z = 7 km. While a general tendency for

updrafts is also evident in the southwest quadrant, convection

there is much weaker with the 5% frequency contour not reaching

3.5 m s-1. In both quadrants the 5% frequency contours almost

reach negative velocities of −2 m s-1. While the largest negative

velocity in the northeast quadrant are located between z = 2

and z = 6 km, they extend up to z = 8 km in the southwest

quadrant. The 20% frequency contour highlights that the tendency

for downdrafts in the southwest quadrant is significantly larger

than that in the northeast one. These structural differences are

consistent with the statistical analysis by DeHart et al. (2014) who

found that the inner core of TCs affected by vertical wind shear is

characterized by more intense and frequent updrafts downshear,

and more frequent downdrafts upshear. More specifically, they

found that convection initiates in the downshear right quadrant

and then matures and strengthens in the downshear left quadrant,

in agreement with previous studies (Hence and Houze Jr 2011;

Reasor et al. 2013). Considering that between 97 and 120 h the

shear in β20 is westerly-southwesterly, the northeast quadrant

roughly corresponds to the downshear left quadrant. In agreement

with DeHart et al. (2014), we find the strongest convection

in the northeast quadrant. The presence of upper-tropospheric

downdrafts in this quadrant is arguably related to the development

of strong and mature convection (Black et al. 2002; DeHart et al.

2014).

Consistent with a vertical wind shear perspective, the eyewall

slope is higher in the northeast quadrant (defined in terms of

the ratio dr
dz for the radius of maximum wind, not shown). This

result is in agreement with the observational analysis of Hazelton

et al. (2015) who studied the response of TC eyewall slope to

vertical wind shear and showed that the maximum slope occurs

downshear, especially downshear left, in most of the cases.

5.3. Inner rainbands

The vertical velocity map at 1.1 km in β20 (Fig. 3) hints that

ahead of the gaps in the eyewall convection there is an outward

propagation of inner spiral rainbands. Hovmöller diagrams of

the wavenumber-1 vertical velocity at z = 1.1 km highlight the

gaps in the convection in the southward direction and show the

presence of outward wave propagation in all directions (Fig.

14). The propagation in the northward direction, mostly evident

between 120 and 144 h, occurs out to a radius of 70-80 km and

with a phase speed of about 4-5 m s-1. These waves, identified

as vortex Rossby waves, are supported by the strong PV radial

gradient near the eyewall (Montgomery and Kallenbach 1997;

Wang 2002a,b). The propagation stops beyond 70-80 km, the

so-called stagnation radius (Montgomery and Kallenbach 1997),

since the PV gradient there is not strong enough to support

the vortex Rossby waves. The vertical velocity anomalies lead

the PV anomalies by about one-quarter wavelength (Fig. 14),

implying a tight coupling between the convective heating and the

vortex Rossby waves (Wang 2002a). In the south side the wave

propagation starts at larger radii, between 40 and 50 km, since the

eyewall in that area is on average more shifted outwards. Whereas
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there are no apparent gaps in the north eyewall convection, the

convection on the opposite side has evident gaps between patches

of convection from which the vortex Rossby waves propagate.

The inner spiral rainbands observed in the vertical velocity field

are initiated by these vortex Rossby waves, in agreement with

Montgomery and Kallenbach (1997) and Wang (2002a). The

existence of a preferred side, the south one, for the initiation of the

inner rainbands is related to the intrusion of low θe air that spirals

in reaching the eyewall on the southwest side. Once the low θe

air is transported in the updrafts, it creates local breakdowns in

the eyewall mainly in the southwest quadrant. These epidodes of

broken eyewall are linked to perturbations in the vorticity field that

lead to the generation of the vortex Rossby waves and outward

emanation of convection from the eyewall region (Wang 2002b).

A smaller number of inner spiral rainbands is also initiated in

other areas of the eyewall (not shown). These rainbands have a

shorter outward propagation and are generally not linked to local

breakdowns in the eyewall convection.

6. Sensitivity experiments

6.1. Latitude

The recirculation mechanism discussed in the previous sections

is intimately linked to the development of the upper-tropospheric

anticyclonic gyre to the southwest of the TC. As the dynamics

of this development depends, among other factors, on the

environmental vorticity and its meridional gradient, it is

reasonable to expect diverse results for TCs located at different

latitudes.

The intensity evolution in β30 is very similar to that in β20

(Fig. 15). The main difference is the slightly stronger and more

prolonged weakening after 120 h. The enhanced weakening is

partly related to the location of the anticyclonic gyre which,

after 120 h, has its centre nearly to the south of the TC at

approximately 750 km from the TC centre (not shown). When

compared to the location of the anticyclonic gyre in β20 (see

Fig. 6 (d)) it can be reasonably assumed that the effect of a

gyre slightly shifted towards east and closer to the TC centre

will have a stronger impact on the TC as the recirculation and

the associated downdrafts will affect a larger area of the TC

inner core. Another, and potentially dominant, reason for the

stronger and more prolonged weakening is the slower motion

of the TC in β30 which also recurves towards northeast at the

end of the simulation. The occurrence of this recurvature is in

agreement with the numerical study by Chan and Chan (2016)

who showed that TCs initiated at high latitudes can recurve even

in the absence of background flow. This intrinsic recurvature

property is determined by the flow associated with the anticylonic

gyre and the diabatic heating associated with the asymmetric

convection (Chan and Chan 2016). Fig. 16 shows an example of a

back-trajectory starting at 150 h and going back to the beginning

of the simulation. Fig. 16 also shows the position of the centre

of the TC at 24 h intervals and captures the beginning of the

recurvature of the track towards northeast after 144 h. Differently

from β20, the TC in β30 does not accelerate much at the end of

the simulation. This allows the dry recirculation into the TC to act

for a longer time and be more effective.

The evolution of the MWS in β10 is drastically different from

that of the TCs in the other two experiments. While the rate of

intensification after 48 h is smaller than in the other experiments,

the MWS in β10 increases quite steadily throughout the whole

simulation and does not exhibit the weakening present in β20

and β30 (Fig. 15). The upper circulation of the TC in β10 is

more symmetric than in the other experiments and the anticyclonic

gyre to the southwest of the TC does not develop in the first 144

h. The low inertial stability, especially on the equatorward side,

is arguably responsible for the failed folding of the outflow jet

into an anticyclonic gyre (Holland et al. 1984; Blanchard et al.

1998), which therefore does not cause any recirculation back into

the TC. Furthermore, the lower inertial stability probably plays

a role in the continuous intensification of the TC throughout the

whole simulation as the weak inertial stability in the outflow layer

reduces the energy sink of the secondary circulation and thus

favours intensification (Rappin et al. 2011). The more symmetric

convection at upper levels, which results in a convection to the

south of the centre stronger than that in β20 and β30, also

contributes to the persistence of the equatorward jet which can

be maintained by a larger advection of low-level cyclonic angular

momentum (Holland et al. 1984; Lee 1982).
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The translation speed is similar in β10 and β20 but the average

orientation is more towards west in β10 (51◦and 64◦with respect

to the x axis, respectively in β10 and in β20).

It must be noted that the slower intensification at lower latitudes

is at variance with the results obtained from simulations on f -

planes (DeMaria and Pickle 1988; Chan and Chan 2014; Smith

et al. 2015). Smith et al. (2015) showed that the stronger

boundary layer inflow and inner core updraft at low latitudes

were responsible for the faster intensification. While we also

find a stronger secondary circulation in β10 in the first 24-48

h, the situation is inverted after 48 h (not shown). The marked

difference between our results and those on an f -plane suggests

that the strong meridional gradient of the Earth vorticity has a

primary control on the intensification rate of TCs at low latitudes.

Although extremely interesting, a further exploration of this result

is beyond the scope of this study.

6.2. Sounding profile

In order to assess the robustness of the mechanism leading to

the TC weakening to different environmental thermodynamic

conditions, we performed two experiments with a more recent

sounding profile typical of moist tropical conditions (Dunion

2011). This profile is up to 15% moister than the Jordan sounding

(in terms of relative humidity; the moisture difference varies

with height, see Table 1 and Table 2 in Dunion (2011) for a

detailed comparison) and therefore provides significantly different

environmental conditions to test the mechanism discussed above.

The evolution of the MWS in DUN-β and DUN-f is

qualitatively very similar to that in β20 and f 20, respectively.

The quasi-steady state of the TC in DUN-β is characterized by

a MWS approximately 9 m s-1 lower than that in DUN-f . This

difference becomes more pronounced once the TC in DUN-β

undergoes a weakening that leads to a MWS on average 16 m

s-1 lower than that in DUN-f during the last 72 h. Overall, the

intensity evolution in DUN-β is very similar to that in β20. The

main difference is the slightly delayed but stronger weakening

which again occurs as a consequence of the dry recirculation and

the associated downdrafts that affect the θe in the boundary layer.

Thus, the moister profile does not help reduce the impact of the

dry inflow. Similar to what happens in β30, a strong anticyclonic

gyre located to the south of the TC centre is more effective in

inducing a dry recirculation which impacts a larger area of the TC

inner core. The eastward shift of the anticyclonic gyre is arguably

related to the different convective patterns in DUN-β and β20, but

the details of the underlying processes will not be discussed here.

6.3. Summary

In this section we showed that the recirculation mechanism

is essentially independent of the environmental thermodynamic

conditions and only minor differences arise when using different

initial thermodynamic profiles.

In contrast, the recirculation has a strong dependence on

latitude. The larger differences occur at low latitudes where the

failed development of the anticyclonic gyre to the southwest

of the TC prevents any significant recirculation into the storm.

Therefore, no weakening occurs during the simulation. On the

other hand, the weakening process is stronger at higher latitudes

and continues until the end of the simulation. This enhanced

weakening seems to be mainly related to the slower motion of

the TC that allows the dry recirculation to act for a longer time.

7. Discussion and conclusions

Our results show a substantial difference between the intensity

evolution of the experiments with variable f and that of the

experiments on the f -plane. While the intensification in f 20

continues for 97 h, it stops after 75 h in β20. After the

intensification period, the maximum wind speed in f 20 fluctuates

and, overall, decreases only slightly. On the contrary, after a short

quasi-steady phase the intensity in β20 decreases significantly.

As a result, the TC in this experiment has a much weaker

mature phase than the one in f 20. We found that the main reason

behind this difference is the interception of a strong dry intrusion

that originates from the TC itself and starts a process of self-

weakening.

The interaction of the vortex with the environmental vorticity

leads to the formation of a positive (negative) vorticity anomaly in

the southwest (northeast) quadrant in the lower levels. A negative

(positive) vorticity anomaly develops instead in the southwest

(northeast) quadrant at upper levels. This differential β-effect

causes the formation of a vertical shear, named β-shear by Ritchie
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and Frank (2007). The TC structure and convection patterns

analysed in β20 are largely consistent with the development of

vertical wind shear (DeHart et al. 2014). Fang and Zhang (2012)

studied the β-shear and its effect on the TC structure. Although

they performed a detailed analysis of the processes contributing

to the development and evolution of the β-shear, they overlooked

the deep nature of the shear in terms of a mid-tropospheric

dry intrusion of air that recirculates from the outflow layer of

the TC into the vortex. The westerly inflow associated with the

anticyclonic gyre in the upper-troposphere has previously been

shown to occur in simulations on a β-plane (e.g., Wang and

Holland (1996b); Fang and Zhang (2012)). However, the deep

structure of this inflow, spanning a height of more than 5 km, and

the sinking motion associated with it had not been investigated.

The strengthening of the anticyclonic gyre to the southwest of

the vortex generates an initially upper-tropospheric recirculation

that slowly sinks until intercepting the inner vortex at a height

between 5 and 10 km. This inflow is associated with very dry air

that reaches the inner-core of the TC. While moving inward, the

dry air is advected by the cyclonic circulation and is eventually

dragged in downdrafts close to the eyewall. As a consequence, the

inner vortex convection is significantly affected and therefore the

intensity and structure of the TC are substantially modified.

A back-trajectory analysis showed clearly that the dry intrusion

originates from the recirculation of the exhausted air expelled

from the TC outflow at earlier times, on average 48-60 h before

it recirculates back into the TC. Hence, the TC undergoes a self-

weakening process that causes substantial changes to its intensity.

A simulation of Hurricane Dolly (2008) (Fang and Zhang 2010)

showed a similar dry intrusion associated with sinking that moved

from northwest to southwest of the TC and lead to a significant

reduction of mid-tropospheric relative humidity in the inner-core

of the TC. In turn, this caused a shallowing of the convection

with the updraft confined below z = 8 km. Fang and Zhang

(2010) attributed the origin of the dry intrusion to a mid-upper

tropospheric PV anomaly encountered by the incipient Dolly.

The sinking of the dry intrusion was favoured by the upper-level

convergence associated with the outflows from the convection of

the developing TC. This process has many similarities with the

mechanism we discussed above. However, while in our case it

is apparent that the dry intrusion originates from the TC itself,

for Dolly it is not clear to what extent the evolution of the TC

is contributing to the process. Although in a real case such as

that of Dolly many environmental processes contribute to the

evolution of the TC, we speculate that the recirculation of the

upper-tropospheric outflow into the vortex may play a pivotal

role in determining intensity and structural changes of a TC.

Unfortunately, observations beyond a certain distance from the TC

centre are sparse and rare, so it is quite difficult to find evidence

of such a systematic process affecting the TC. A simulation with

a moister profile (DUN-β) showed that the recirculation process

is essentially independent of the environmental thermodynamic

conditions thus supporting our speculation that the self-weakening

mechanism might be a systematic process affecting real TCs.

In a study of environmental flow composites Merrill (1988)

showed that the upper-tropospheric winds of non-intensifying

hurricanes generally had a more constricted streamline pattern

(small value of u/|v|, where u and v are the radial and tangential

winds, respectively) than that in intensifying hurricanes. This

enhanced anticyclonicity induced a southwesterly flow to the

west-southwest of the TCs and was accompanied by a greater

vertical wind shear than that present in intensifying hurricanes.

On the other hand, intensifying hurricanes had a stronger radial

outflow with the outflow jet extending radially away from

the cyclone centre (Merrill 1988). These results support our

proposed mechanism and the implication that the absence of the

anticyclonic gyre leading to the recirculation of dry air back

into the TC is an important condition for TC intensification.

The sensitivity experiments to latitude confirmed the importance

of the development of the anticyclonic gyre for the self-

weakening to occur. At low latitudes (experiment β10), the failed

development of the anticyclonic gyre to the southwest of the TC

prevents any significant recirculation into the storm. Therefore,

no weakening occurs during the simulation. On the other hand,

the weakening process is stronger at higher latitudes (experiment

β30) and continues until the end of the simulation. This enhanced

weakening is related to the position of the anticyclonic gyre

that induces a recirculation that affects a larger area of the TC

inner core and to the slower motion of the TC that allows the

dry recirculation to act for a longer time. When environmental
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conditions do not favour the development of the anticyclonic

gyre, the TC is less likely to undergo self-weakening and other

inhibiting conditions are necessary to weaken the TC.

In real cases, environmental conditions such as the presence of

other anticyclonic gyres to the far west of the TC may provide

adverse synoptic setups for the development of the anticyclonic

gyre to the southwest of the TC (Merrill 1988), thus preventing

the TC from undergoing self-weakening. The interaction with

the subtropical jet stream poleward of the TC and an associated

westerly trough to the west of the storm might initially favour a

recirculation back into the TC by fostering the eastward flow in the

anticyclonic gyre. The situation would become more complex as

the trough moves past the TC and might favour a re-intensification

of the TC as the outflowing air could be ejected away and

prevented from recirculating back into the TC (Holland et al.

1984). More generally, the presence of an environmental westerly

shear will enhance the effects of the dry intrusion, favouring a

faster decay of the TC. On the other hand, an easterly shear

may reduce the penetration of the intrusion, providing a more

favourable environment for the TC intensification (Ritchie and

Frank 2007; Zeng et al. 2010).

It is interesting to note that as the TC translation speed increases

remarkably in β20 (after 120 h), the recirculating dry air is not

able to keep up with the motion of the TC and eventually does

not intercept the vortex circulation any more. In fact, around 130

h the dry intrusion affects the TC circulation from southwest, as

opposed to the mainly westerly origin in the previous 24 h (Fig. 5).

Afterwards the TC slowly moves away from the recirculating air

that thus stops intercepting the vortex circulation after 168 h. This

”escape” from the dry recirculation does not occur for the TC in

β30 which moves more slowly and thus undergoes self-weakening

until the end of the simulation. A consequent implication is that

this interaction is highly dependent on the translation speed of

the TC. Since the β-drift speed depends primarily on the size of

the TC (Fiorino and Elsberry 1989; Wang and Holland 1996b),

the size arguably plays a major role in determining the time and

strength of this interaction. Other than increasing the drift speed, a

larger size could help protect the inner core from the dry intrusion,

while a TC with a smaller size could be more vulnerable to such

an intrusion (Riemer and Montgomery 2011).

From this discussion it appears that a faster translational speed

would help minimize the effect of the dry recirculation and thus

avoid weakening. A slowly moving TC would be hindered by

both the ocean cooling negative feedback and the self-weakening

mechanism. However, Zeng et al. (2007) showed that very high

intensities and rapid intensification rates only occur in a range

of translational speeds between 3 and 8 m s-1. Therefore, in the

case of dynamically neutral environmental conditions (relatively

low wind shear and no interaction with upper-level troughs), the

motion arising from the contributions of the background flow and

the β-drift should be large enough to avoid the adverse conditions

mentioned above, yet small enough to prevent the development of

a critically asymmetric structure (Peng et al. 1999). In a recent

study Mei et al. (2012) showed that, below a maximum value of

approximately 10 m s-1, the translation speed correlates positively

with intensity and intensification requires a minimum translation

speed whose value increases with intensity. The authors explained

this mechanism in terms of the negative cooling feedback that is

more effective for slowly moving TCs. Both the studies by Zeng

et al. (2007) and Mei et al. (2012) highlight that a minimum

translation speed is required for the development of intense TCs.

While their argument is mainly related to the ocean feedback,

we speculate that a contribution may also come from the self-

weakening mechanism which seems to become less effective in

quickly moving TCs. This aspect of the results has not been

investigated exhaustively here and needs further analysis.

It should be emphasised that the presence of the dry

recirculation would set an intrinsic limit to the intensity that a

specific TC can attain. The different initial conditions in our

simulations suggest that this process should be general and

applicable to real TCs, however it should be noted that our results

could be subject to biases related to the physics schemes and

domain characteristics (e.g., size, resolution) used. It is important

to stress that the weakening mechanism occurs only in the

experiments where the Coriolis parameter f varies with latitude.

Thus, all the simulated TCs on an f -plane do not experience the

weakening suffered by the TCs simulated with variable Coriolis

parameter. The occurrence of hypercanes, proposed on the basis

of simulations on an f -plane (Emanuel 1988), would need to
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be reconsidered given this further limitation set by this self-

weakening process.
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Figure 1. (a) Maximum azimuthally averaged tangential wind speed at z = 1.1 km (solid lines) and minimum sea level pressure (dashed-dotted lines) and (b) maximum
azimuthally averaged vertical velocity at z = 1.1 km for β20 (black) and f 20 (grey).
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Figure 2. Vertical cross sections of the azimuthally averaged radial wind speed (shaded), 25.7 m s -1 tangential wind speed (thick black contours) and positive vertical
velocity (thin black contours with 0.3 m s -1 intervals) averaged between 49 and 72 h (a,c) and between 97 and 120 h (b,d) for β20 (a,b) and f 20 (c,d).
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Figure 3. Vertical velocity fields at 114 h in β20 (a,c) and f 20 (b,d) at z = 1.1 km (a,b) and z = 6.7 km (c,d). The circles are placed at radii of 50, 100 and 150 km from
the TC centre.
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Figure 4. West-east vertical cross sections of the radial wind speed (shaded), 25.7 m s -1 tangential wind speed (thick black contours) and vertical velocity (positive values:
thin black contours with 0.5 m s -1 intervals; negative values: grey contours at −0.5, −0.4 and −0.3 m s -1) averaged between 97 and 120 h for β20 (a) and f 20 (b).
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Figure 5. Water vapour mixing ratio fields (shaded) and radial wind speed (contours with 4 m s -1 intervals; positive: black; negative: white) at 97 h (a) and 130 h (b) at
z = 10 km in β20. The circles are placed at radii of 100, 200, 300 and 400 km from the TC centre.

Figure 6. Streamlines (blue) and wind vectors (black) at z = 12 km averaged over 49-72 h (a), 73-96 h (b), 97-120 h (c) and 121-144 h (d) in β20. The circles are placed
at radii of 750, 1500 and 2250 km from the TC centre.
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Figure 7. 3-D back-trajectory of air parcels starting at 110 h in one of the grid box characterized by the westerly mid-tropospheric inflow in β20. Each point indicates the
position of the air parcels at 1 h intervals. Larger dots indicate the position at 24 h intervals. Colours represent the height of the air parcels. The dotted lines indicate the
projection of the parcels on the surface. The black hexagons indicate the position of the TC centre at 1 and 110 h, respectively.
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Figure 8. Selection of 35 back-trajectories starting at 110 h in the area characterized by the westerly mid-tropospheric inflow and going back to t = 1 h in β20. (a)
Projection of the trajectories on the x-y plane. The thick red line represents the average of the selected trajectories. The grey hexagons indicate the position of the TC
centre at 1 and 110 h, respectively (numbers are indicated within the hexagons). (b) Time evolution of the trajectories’ height. The thick red line represents the average of
the selected trajectories.
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Figure 9. Forward-trajectory of air parcels starting at 96 h in one of the grid box
characterized by the westerly mid-tropospheric inflow in β20. This trajectory is the
continuation of one of the back-trajectories plotted in Fig. 8. Each point indicates
the position of the air parcels at 1 h intervals. Larger dots indicate the position at
12 h intervals. Colours represent the height of the air parcels. The black hexagons
indicate the position of the TC centre at 12 h intervals.
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Figure 10. West-east vertical cross sections of the equivalent potential temperature (shaded) and vertical velocity (black and white contours represent, respectively, positive
and negative values at 0.75 m s -1 intervals) at 130 h in β20.
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Figure 11. Equivalent potential temperature (shaded) and downward motion (white
contours at 1 m s -1 intervals) averaged over the lowest 1 km at 130 h in β20. The
circles are placed at radii of 100, 200 and 300 km from the TC centre.
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Figure 12. Time evolution of the positive (upward) vertical mass flux integrated
from the TC centre out to a radius of 200 km at z = 1.1 km (solid lines) and
z = 6.7 km (dashed lines) for the southwest (blue lines) and the northeast (red
lines) quadrants in β20.
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Figure 13. CFAD of eyewall vertical velocity (binned every 0.2 m -1) between 97 and 120 h in β20 for the southwest (a) and northeast (b) quadrants. Contours are every
5% and start at 5%. The frequency of occurrence is normalized by the maximum absolute frequency in the vertical velocities represented in the CFAD. The 20% frequency
contour has been coloured black for ease of comparison between the two plots.
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Figure 14. Hovmöller diagram of the south-north wavenumber-1 potential vorticity
(shaded) and vertical velocity (contours at 0.05, 0.10, 0.15 and 0.20 m s-1) from
96 to 168 h at z = 1.1 km in β20.
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Figure 15. Maximum azimuthally averaged tangential wind speed at z = 1.1 km
for β10 (dashed-dotted black line), β20 (solid black line) and β30 (solid grey line).
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Figure 16. 3-D back-trajectory of air parcels starting at 150 h in one of the grid box characterized by the westerly mid-tropospheric inflow in β30. Each point indicates
the position of the air parcels at 1 h intervals. Larger dots indicate the position at 24 h intervals. Colours represent the height of the air parcels. The dotted lines indicate
the projection of the parcels on the surface. The black hexagons indicate the position of the TC centre at 24 h intervals (the position at 1 and 150 h is explicitly indicated).
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